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Continental earthquakes are one of the most widely observable indicators of on-going 
continental lithospheric deformation. Accurate earthquake depth estimates are critical 
to tectonic interpretations, yet depths are not reliably provided by global earthquake 
catalogs and bulletins. Therefore, separate analyses are needed to determined accurate 
earthquake depths. In this thesis, I compile accurate estimates of continental 
earthquake depths and combine them with complementary datasets, such as 
topography, subsurface structural interpretations, and lithospheric thickness estimates, 
to investigate continental deformation.  
 
I present results of focal mechanisms and accurate depth estimates for continental 
earthquakes throughout the Central Andes of South America. Through integration with 
high resolution topographic data and interpretations of subsurface structures, I find the 
following:  (1) earthquakes in the foreland and Eastern Cordillera are consistently 
associated with basement-involved deformation, (2) earthquake focal mechanism P 
axis orientations indicate an east-west crustal shortening direction in the forelands, (3) 
local orientations of deformational structures influence earthquake focal mechanism 
orientation, and (4) normal and strike-slip focal mechanisms beneath southern Peru 
and northernmost Chile are consistent with the effects of the increase in vertical 
compressive stress, due to high topography and thick crustal root of the plateau, 
superimposed on the stress orientations seen in the foreland. 
  
I also conduct a global study of the depth distributions of continental earthquakes by 
synthesizing previously reported accurate earthquake depth determinations to 
investigate in what tectonic settings lower crustal earthquakes occur in an attempt to 
understand their significance to lithospheric strength and deformation. I find that deep 
continental crustal earthquakes occur within stable lithosphere and within tectonically 
active lithosphere at a transitional state of lithospheric thickness and crustal 
deformation. 
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INTRODUCTION 
 
Seismotectonics is the study of geologic structures and deformation associated with 
tectonic activity using earthquake and seismic wave data. Continental plates tend to be 
more structurally complex than oceanic plates, because continental rocks can be much 
older so they have experienced more deformation and plate composition is generally 
more heterogeneous. A fundamental type of earthquake data is location, but depths of 
earthquakes in continents, as reported in standard catalogues of locations such as the 
Bulletin of the International Seismological Center, are not sufficiently accurate to 
determine the role of earthquakes in crustal deformation [e.g., Kagan, 2003; Maggi, et 
al., 2000]. Therefore, additional analyses are needed to constrain depths for 
continental earthquakes. 
 
Studies of earthquakes that use local seismic networks provide the most reliable 
depths, but global coverage of local networks is sparse and deployment at any one 
location is sporadic when compared to the almost 50 years of recording by the 
combined operation of the World-Wide Standardized Seismograph Network 
(WWSSN) and Global Seismographic Network (GSN). Therefore, earthquake depth 
determinations in most places around the world is done using WWSSN and/or GSN 
data from stations located at regional and teleseismic distances from the event [e.g., 
Chen and Molnar, 1983; Maggi, et al., 2000; Nyblade and Langston, 1995].  
 
The relative time separation between an earthquake direct P and SH arrivals and 
surface reflected phases, such as pP, sP, and sS, can be used to obtain accurate 
earthquake depths. This is particularly useful because all earthquakes produce surface 
reflected phases. Time separation between phases for shallow events is short, so the 
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onsets of the reflected phases are often obscured by the direct phase coda. Modeling of 
P and SH waveforms recorded at teleseismic distances (approximately 30˚ to 90˚ 
between station and receiver) by long-period or broadband seismographs can retrieve 
the individual phases and is thus a powerful procedure for determining earthquake 
depth. 
 
Earthquakes are one of the most widely observable indicators of on-going lithospheric 
deformation and so far, in continental regions, earthquakes mainly occur within the 
crust and not the mantle lid [Maggi, et al., 2000]. A fundamental question in geology 
is how the strength and deformation of the lithosphere vary spatially and temporally 
[e.g., Burov and Watts, 2006; Jackson, 2002; Thatcher and Pollitz, 2008]. 
Investigating the depth distribution of earthquakes within continental lithosphere is 
one way we can understand where and how the lithosphere is deforming. Knowing the 
depths over which earthquakes occurs describes the thickness where stress relaxation 
in continents is accommodated in some part by seismic rupture.  
 
To address how the earthquakes fit with deformational structure, earthquake 
hypocentral locations can be integrated with complimentary datasets, such as 
topography and subsurface structural interpretations. Integration of earthquake with 
topography data allows investigation of the topographic expression of the seismic 
activity, and subsurface imaging and geological interpretations allow earthquakes to 
be placed into context with hypothesized subsurface structures. 
 
This dissertation is a seismotectonic study concentrating on obtaining accurate 
earthquake source parameters, in particular depths, and integrating them with 
interpretations of crustal structure and tectonic deformational histories. This document 
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is organized so that each chapter builds on knowledge described in detail in the 
preceding chapter. Chapter 1 describes the P and SH waveform modeling procedure 
used to obtain accurate earthquake depths. Teleseismic waveform modeling is an 
accurate procedure to use when analyzing earthquake source parameters for shallow 
(≲ 70 km depth) seismic events. It is used in Chapter 2 to study continental seismicity 
of the Central Andes. In Chapter 3 results from this and similar procedures are 
gathered to conduct a global synthesis of continental seismicity.  
 
Chapter 1 focuses on how well the P and SH waveform modeling technique constrains 
event depth. First, the general modeling algorithm is discussed. Second, the particular 
inversion procedure and modeling parameters are described. Third, the topic of 
procedural errors and sensitivity to solution parameters is presented. Lastly, solutions 
from waveform modeling are tested by comparing source parameters determined an 
independent analysis procedure based on InSAR-determined surface displacement 
analysis.   
 
Chapter 2 uses new results obtained by P and SH waveform modeling to investigate 
Central Andean continental earthquakes. The Central Andes displays segmentation 
associated with continental seismicity and corresponding deformational structures. 
Relationships of segmentation have been known for some time now, but not since 
1983 has there been an overview study of continental seismicity of the entire Central 
Andes. The purpose of the chapter is to do that by gathering the most recent accurate 
earthquake depth determinations and integrating the events with high resolution (90 m 
pixel size) topography from NASA’s Shuttle Radar Topography Mission (SRTM) and 
previously published studies that describe surface and subsurface structures (e.g., 
seismic imaging, balanced cross-sections). SRTM data is the highest resolution, 
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spatially continuous topographic dataset available today, so integration of it with 
accurate earthquake locations allows the best investigation of the topographic 
expression of the seismic activity and related deformational structures. Compiling 
subsurface structural interpretations and integrating it with accurate earthquake depth 
allow us to identify possible seismically active subsurface structures.  
 
Lastly, Chapter 3 investigates global patterns of earthquake depth distributions. A 
popular model of lithospheric strength proposes an aseismic, ductile lower crust 
between a seismic, brittle upper crust and mantle lid. In this chapter, a global dataset 
from previously published sources of accurately determined continental earthquake 
depths (± 5 km or better) are compiled to test that model. In many continental areas, 
crustal seismicity is restricted to the upper crust consistent with the crustal portion of 
the model, but in other localities lower crustal earthquakes have been documented, 
contrary to the model. Chapter 3 investigates in what tectonic settings lower crustal 
earthquakes occur in an attempt to understand their significance to lithospheric 
strength and deformation. This study includes data from the around the world and 
proposes a new lithospheric block model of variations in continental lithospheric 
thickness and strength, corresponding earthquake depth distribution, and dominant 
earthquake deformation mechanism. 
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CHAPTER 1 
 
P AND SH EARTHQUAKE WAVEFORM MODELING 
 
This section describes the teleseismic waveform modeling procedure used to constrain 
earthquake source parameters, such as magnitude, focal mechanism orientation, and 
depth. Teleseismic waveform modeling is important throughout this dissertation, so 
this chapter is a thorough discussion of the procedure. The procedure is utilized 
throughout Chapter 2 to study continental seismicity of the Central Andes and in 
Chapter 3 results from this and similar procedures are gathered to conduct a global 
synthesis of continental seismicity. The focus of this dissertation is specifically 
concerned with the depth distribution of continental earthquakes, so this section 
mainly highlights how well the P and SH waveform modeling technique constrains 
event depth. First, the general modeling algorithm is discussed. Next, the particular 
inversion procedure and modeling parameters are described. Finally, the topic of 
procedural errors and sensitivity to solution parameters is presented. A solution 
verification test is conducted by comparing source parameters determined via 
waveform modeling to those determined by an independent analysis procedure based 
on InSAR-determined surface displacement analysis. 
 
Modeling algorithm 
Depths of earthquakes are particularly difficult to constrain, especially when the 
events are shallow (< 70 km) as they are in the continental crust [Butler, et al., 2004]. 
Local network studies provide the most reliable depths, but the global coverage of 
local networks is sparse and deployment at any one location is sporadic when 
compared to the almost 50 years of recording by the combined operation of the World-
7 
Wide Standardized Seismograph Network (WWSSN), Global Digital Seismographic 
Network (GDSN), and other continuously operated seismograph stations. Therefore, 
earthquake hypocenter determination in most places around the world is done using 
the globally distributed network of seismograph stations. 
 
A number of global earthquake bulletins and catalogs exist that routinely report 
earthquake depths. However, technique limitations affecting parameter determination 
or the lack of teleseismic surface-reflected phase identification decreases these 
compilations’ ability to resolve the differences in focal depth distribution within the 
continental crust that are important for tectonic interpretations [Kagan, 2003; Maggi, 
et al., 2002]. Therefore, additional analyses are needed to constrain depths for 
continental earthquakes. 
 
The relative time separation between direct P and SH arrivals and surface reflected 
phases, such as pP, sP, and sS, can be used to obtain accurate source depths. This is 
particularly useful because all earthquakes produce surface reflected phases. Time 
separation between phases for shallow events is short, so the onsets of the reflected 
phases are often obscured by the direct phase coda. Modeling of P and SH waveforms 
recorded at teleseismic distances (approximately 30˚ to 90˚ between station and 
receiver) by long-period or broadband seismographs can retrieve the individual phases 
and is thus a powerful procedure for determining earthquake depth. Because wave 
propagation through the Earth is assumed to be simple [Helmberger, 1974; Langston 
and Helmberger, 1975], the analysis is a standard technique in earthquake source 
studies. For earthquakes with Mw ≳ 5.5 recorded by long-period or broadband 
seismographs, P and SH wave arrivals can be modeled by including the effects of 
focal mechanism orientation and moment release time function on the direct and 
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surface-reflected phases propagating without scattering or diffraction through a 
spherically symmetric earth model. The basic ideas behind the modeling algorithm are 
shown in Figure 1.1, which follows after Nabelek [1984]. First, source properties such 
as focal mechanism orientation and take-off angle (determined by the ray parameter) 
influence the relative amplitudes of the phases, while the depth of the earthquake 
determines the relative arrival times of the phases. The moment of the event sets the 
absolute phase amplitudes. Second, the effects of the velocity structure and attenuation 
response of the earth are convolved with the effects of the source properties to 
determine the incoming waveform properties at the receiving seismograph. Third, the 
estimated incoming waveform is convolved with the impulse response of the recording 
seismograph to produce a synthetic seismogram. Lastly, the synthetic seismogram is 
compared with the observed seismogram and the input parameters are iteratively 
changed until the synthetic seismogram reasonably matches the observed seismogram. 
Such analyses typically yield uncertainties of strike ± 10°, dip ± 5°, rake ± 10°, and 
depth ± 5 km [e.g., Mitra, et al., 2005; Stein and Kroeger, 1980]. Synthetic waveforms 
are generated and compared to observed waveforms recorded at stations located at 
various azimuths from the event in order to best characterize focal mechanism 
orientation. Waveform comparisons are made visually or by a method of minimization 
of the difference between the observed and synthetic waveforms (this will be 
discussed in more detail later). To avoid upper mantle triplications and interference 
from core phases, P waveforms are used in the distance range between 30° to 90° and 
SH waves in the range from 30° to 75°.  
 
In addition to P and SH waveform modeling, phase identification (pP and sP) on 
short-period records also produces accurate focal depths with uncertainties of around ± 
5 km, if the phases are apparent by visual examination of the short-period 
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Figure 1.1: Synthetic seismogram algorithm. Schematic showing the basic input 
parameters of synthetic seismogram generation. The asterisk (*) represents the 
convolution operator. 
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seismograms. While surface reflected phase identification can be difficult without 
waveform modeling on broadband or long-period records, higher frequency short-
period waveforms can sometimes reveal differential traveltimes of pP-P and sP-P, 
thereby allowing a depth estimate to be made. Waveform modeling provides a more 
complete determination of earthquake source parameters than short-period phase 
identification. However, where short-period and long-period records are both 
available, combining these two methods can provide additional robustness to depth 
determination. In cases of smaller magnitude events, where most of the teleseismic 
long-period signals are too small for modeling short-period depth phase identification 
may provide the only depth estimate available. 
 
Inversion procedure and model parameters 
Implementation of P and SH waveform modeling and the inversion analysis involves 
four basic steps – event identification, data acquisition, data preparation, and 
waveform analysis. This section describes how I accomplished each step.  
 
Event identification is conducted by searching the Global Centroid Moment Tensor 
(CMT) Catalog (http://www.globalcmt.org/). The catalog reports estimates of 
earthquake source parameters for events of Mw ≳ 5 for earthquakes that have 
occurred since 1976. The CMT catalog is the most complete and accurate catalog that 
routinely reports focal mechanism solutions [Kagan, 2003] and is used to identify 
events within the geographical area of interest. A starting focal mechanism solution 
needed to seed the waveform analysis is provided by the CMT catalog. Event data 
reported by other catalogs and bulletins is also compiled in order to gather all 
available source parameter estimates for each event. In particular, epicentral locations 
reported by the International Seismological Center (ISC) are used to plot earthquake 
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epicentral locations. The ISC bulletin and the CMT catalog report event locations 
determined from different analysis methods and therefore report different types of 
locations. CMT solutions are based on analysis of low-pass filtered data that is unable 
to resolve the depths of crustal earthquakes. The solutions give an estimate of the 
centroid, or average, location in time and space of the seismic energy release. ISC 
locations, determined from arrival times of mainly short-period body wave phases, 
estimate the point where the rupture began. Teleseismic waveform inversion is also 
based on body wave phase arrivals, so the ISC locations are more appropriate to use in 
conjunction with that procedure. Also, focal mechanism solutions reported by the US 
Geological Survey’s National Earthquake Information Center (NEIC) are compiled. If 
either data quality or quantity is poor or if the CMT seed mechanism is too far from 
the correct solution, the inversion analysis may not converge to an accurate solution. 
As an alternative to the CMT solution, the NEIC focal mechanism solution is used as 
the seed mechanism and tested against the solution from the CMT seed. Whichever 
starting focal mechanism results in a more accurate inversion solution, that mechanism 
is used in the waveform analysis. 
 
Data acquisition is done via the Incorporated Research Institutions for Seismology 
(IRIS) (http://www.iris.edu/) data distribution methods. Specifically, I requested data 
by email through the BreqFast request method 
(http://www.iris.edu/manuals/breq_fast.htm) or, if event data has been previously 
compiled by IRIS, a web request using the Wilbur II system (http://www.iris.edu/cgi-
bin/wilberII_page1.pl). Data was downloaded in SEED (Standard for the Exchange of 
Earthquake Data) file format (http://www.iris.edu/manuals/SEED_chpt1.htm), an 
international standard format for digital seismological data. 
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Preparation of data for modeling was performed using Unix shell scripts, the TTIMES 
program [Kennett, et al., 1995; Montagner, 1996], and the Seismic Analysis Code 
(SAC) program [Goldstein and Snoke, 2005]. The scripts were originally written by 
Alessia Maggi (alessia@sismo.u-strasbg.fr) and later modified by Brian Emmerson 
(emmerson@esc.cam.ac.uk) and myself. The script files are executed in the order they 
are discussed here. The run_rdseed.sh program unpacks the SEED data file and sorts 
the waveform and instrument response files into different folders. The waveform data 
is extracted in SAC file format. SEED_prep1.sh renames the waveform files and 
checks for duplicate station files. SEED_prep2.sh enters event parameters (date, origin 
time, and location) into the waveform header information by calling the SAC program. 
The script then uses the TTIMES program to obtain estimates of phase arrival times 
and inputs the information into the waveform header information. The MT5_prep.sh 
script file preprocesses the SAC waveform files so they can be reduced to a file format 
appropriate for the MT5 inversion program. MT5_prep.sh performs a deconvolution-
convolution process on the waveforms. GDSN broadband waveforms contain high 
frequencies too difficult to model using this waveform modeling technique and their 
long-period data do not contain enough high frequencies. The deconvolution-
convolution procedure takes the frequency responses of broadband data and removes 
some high frequency content, but leaves enough to enable earthquake property 
determination. Specifically, the MT5_prep.sh script deconvolves the GDSN station 
responses from the waveforms and the responses of the old WWSSN 15 to 100 s long-
period instruments were reconvolved with the data. The WWSSN stations had a 
bandwidth well suited for the resolution of shallow, moderated-sized events [e.g., 
McCaffrey and Nabelek, 1987]. MT5_prep.sh then creates waveforms files that 
contain windowed P and SH waveform packages which include the integrated arrivals 
of the direct and surface reflected phases. The windowed waveforms are visually 
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reviewed using SAC plotting functions and waveforms containing the clearest direct 
phase arrivals are selected. The selected waveform files are converted from SAC file 
format to DSN, a format accepted by the MT5 inversion program, using the sac2mt5 
program written by Maggi.  
 
Waveform modeling and analysis is performed by the MT5 program [Zwick, et al., 
1994], a PC-based computer program that inverts teleseismic P and SH waveforms to 
obtain the best-fit earthquake strike, dip, rake, seismic moment, depth, and source time 
function. Predecessor programs to MT5 were the SYN3 and SYN4 programs 
[McCaffrey and Abers, 1988; McCaffrey, et al., 1991] and inversion algorithms are 
similar between the programs. The MT5 version is available as a free download via 
the internet (http://ees2.geo.rpi.edu/rob/mt5/). As stated earlier, a starting solution is 
needed to seed the inversion program and the Global CMT focal mechanism solution 
and depth are most often used for that purpose. MT5 then iteratively modifies the seed 
solution to optimize synthetic-to-observed waveform fit. I always constrained the 
source to be a double couple, meaning the motions are modeled as resulting from two 
force couples that produce no net moment about an assumed point source. To find the 
simplest event solution that best fits the data, I limited the source time function (STF) 
to a prescribed single isosceles triangle. The STF of an earthquake describes seismic 
slip, or slip velocity, through time. So, the assumption of an isosceles triangle means 
slip velocity increased linearly to a maximum and slip slowed down (decreased 
velocity) at the same rate thereafter. The size of the triangle for each event is 
determined by a preliminary inversion in which the MT5 program is allowed to solve 
for the best fitting STF. The best-fit STF is then approximated using a single isosceles 
triangle of similar duration and the inversion was run again to solve for the best-fit 
solution using the simplified STF. This process is illustrated in Figure 1.2, where the 
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preliminary inversion and complicated STF solution are shown in (a) and the final 
solution with a simplified STF is shown in (b). When data of a limited azimuthal range 
is all that is available or when only data of poor quality is available, the seed focal 
mechanism orientation is held fixed to allow the inversion to solve only for depth. 
Events of about Mw5.5 to 5.0 are sometimes too small for analysis by teleseismic 
waveform modeling, because they produce such small waveform amplitudes. Low 
amplitude phases arrivals can also occur from strike-slip events due to the vertical null 
axis position. For a few events where direct phase arrival amplitudes were small but 
seismic energy packages were identifiable, a depth estimate from phase identification 
on short-period records was used to lock the depth parameter during waveform 
inversion and the quality of the waveform fit was assessed. MT5 corrects for wave 
amplitude decay through time from geometrical spreading and from anelastic 
attenuation using a Futterman Q operator with a value t* of 1.0 s for P and 4.0 s for 
SH waves. A simple half-space source structure was used with velocities VP = 6.5 
km/s, VS = 3.7 km/s and density ρ = 2800 kg/m3. As stated above, P waveforms are 
used in the distance range between 30° and 90° and SH waves in the range from 30° to 
75°. A sample inversion solution is shown in Figure 1.3. 
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Figure 1.2: Sample source time function determination. Each row shows a different 
waveform inversion solution. P and SH focal spheres are shown in the first column. 
Strike, dip, rake, depth (km), and seismic moment (N-m) are labeled above the focal 
spheres. The source time function is shown above the waveform timescale in the 
second column followed by the observed and synthetic waveforms in the subsequent 
columns. Timescales are in seconds (s). The solid lines are the observed waveforms 
and the dashed lines are the synthetic waveforms. Station codes and phase type 
(shown in parentheses) are located above the waveforms. The inversion window is 
marked by the solid bars at either end of the waveforms. P and T axes within the 
spheres are represented by the small and large points, respectively, while stations used 
for the inversion are the middle-sized points. (a) is the preliminary MT5 inversion 
solution where the STF was allowed to vary. (b) shows the inversion solution using 
the simplified STF.
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Inversion error and sensitivity analysis 
The teleseismic waveform inversion has four main sources of error: velocity structure, 
synthetic-to-observed waveform fit, focal mechanism, and trade off between depth and 
source time function. Typical solution uncertainties are strike ± 10°, dip ± 5°, rake ± 
10°, and depth ± 5 km [e.g., Mitra, et al., 2005; Stein and Kroeger, 1980]. 
 
The velocity model used in this study is an average of models used in previous 
earthquake location and seismic imaging studies [e.g., Alvarado, et al., 2005; Chinn 
and Isacks, 1983]. Chinn [1982] found that if model velocities are within ± 10% of the 
true bulk crustal velocity, then errors in depth are similarly ± 10%. In this case, for 
events at 20 and 40 km depth, the errors due to the velocity model is ± 2 km and ± 4 
km or less, respectively. This means for VP = 6.5 km/s, as is the case in the analyses 
reported in Chapter 2, the true bulk crustal velocity needs to be within ± 0.6 km/s 
(between 5.9 and 7.1 km/s) for depth errors to be on the order of ± 10%. Throughout 
the Andean margin, bulk crustal velocities used in local network seismic studies [e.g., 
James and Snoke, 1994; Smalley and Isacks, 1990] and other waveform modeling 
analysis studies [e.g., Alvarado, et al., 2005; Chinn and Isacks, 1983] fall within the ± 
0.6 km/s range. Similarly, previous studies are also consistent with bulk crustal S-
wave velocities falling between 3.4 to 4.0 km/s, or VS =  3.7 ± 0.3 km/s. 
 
Waveform fit errors arise from such things as converting physical ground movement 
to digital representations, inaccurate picks of direct phase arrival times, and digital 
processing shifts. MT5 minimizes weighted squares of residuals between the relative 
amplitudes of the synthetic and observed seismograms summed over all the stations to 
obtain the best-fit solution. It adjusts the event source time function element, seismic
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Figure 1.3: Sample waveform inversion solution plot from MT5 program. The header 
contains the date of the seismic event on the first line and the results of the inversion 
(strike, dip, rake, depth in km, and seismic moment in N-m) on the second. The letter 
‘f’ is placed in front of the strike or depth solution parameter when the focal 
mechanism or depth, respectively, has been held fixed. The upper sphere shows the P-
wave radiation pattern and the lower sphere that for SH. Both are lower hemisphere 
projections. The station code by each waveform is accompanied by a letter 
corresponding to its position in the focal sphere. These are ordered clockwise by 
azimuth. The solid lines are the observed waveforms and the dashed lines are the 
synthetic waveforms. The inversion window is marked by the solid bars at either end 
of the waveforms. P and T axes within the sphere are represented by solid and open 
circles, respectively. The source time function (STF) is shown below the P focal 
sphere, with the waveform timescale below it. Timescales are in seconds (s).
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moment, focal mechanism orientation, and depth to minimize the misfit, although for 
certain events, as mentioned above, a few parameters were held fixed during 
inversion. For the same event inversion shown in Figure 1.3, Figure 1.4 is a plot of 
earthquake depth versus R/D% (a misfit parameter output by MT5 given by the ratio 
of the residual to data variance of all the modeled phases). The plot shows the 
inversion program’s sensitivity to source depth and is an example of how the MT5 
program employs error analysis and parameter constraint.  
 
However, residual statistics of teleseismic waveform inversions have been shown to 
underestimate the true uncertainties associated with source parameters [McCaffrey and 
Nabelek, 1987]. Therefore, to appreciate waveform fit errors and their influence on 
source parameter uncertainty, visual sensitivity analysis is employed to validate 
waveform fit and to determine within what parameter window the synthetics fit the 
observed waveforms [e.g., Emmerson, et al., 2006; Maggi, et al., 2000; McCaffrey and 
Nabelek, 1987; Molnar and Lyon-Caen, 1989].  Figure 1.5 shows a sample sensitivity 
analysis for the same event featured in Figures 1.3 and 1.4. A sensitivity analysis plot 
accompanies each event waveform inversion solution plot (e.g., Figure 1.3). 
Sensitivity analysis plots illustrate the window of solution parameters, in particular the 
range of depths, which fit the observed waveforms. Figure 1.5 shows five of twenty-
seven waveforms used in the inversion and five different event parameters to compare 
how the different parameters effect how synthetics match the observed waveforms. 
Line (a) is the best-fit inversion solution and lines (b) and (c) illustrate the depth range 
over which the synthetic waveforms match the data. For this particular event, the 
waveform fit is consistent for a depth range of ± 3 km, which is illustrated by the 
good, but  
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Figure 1.4: R/D% vs. depth plot for the inversion example shown in Figure 1.3. Each 
data point represents an inversion where the depth and source time function were held 
fixed. Filled circles (•) are inversions where focal mechanism orientation was 
permitted to vary The square (□) and cross (+) data points represent forward modeling 
solutions of P and SH waveforms where the focal mechanism and depth solutions 
were held fixed for the NEIC and CMT reported solutions, respectively.  
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Figure 1.5: Sample sensitivity analysis for the event shown in Figures 1.3 and 1.4. 
Each row shows a different waveform inversion solution. The title line shows the 
event date (yyyy/mm/dd), ISC reported origin time (hh:mm:ss.ss), ISC reported 
location (latitude, longitude), and CMT reported magnitude. When ISC origin time 
and location are unavailable, the CMT time and location are listed. P and SH focal 
spheres are shown in the first column. Strike, dip, rake, depth (km), and seismic 
moment (N-m) are labeled above the focal spheres. The source time function is shown 
above the waveform timescale in the second column followed by the observed and 
synthetic waveforms in the subsequent columns. Timescales are in seconds (s). 
Waveform display convention is the same as that in the waveform inversion solution 
plots (e.g., Figure 1.3) and here the station code and phase type (shown in parentheses) 
are located above the waveforms.  (a) is the MT5 minimum misfit solution. (b) shows 
the shallow depth bound of the waveform inversion and (c) shows the deeper bound, 
such that the synthetic data fit the observe fairly well between 23 and 32 km depth and 
deteriorate thereafter, so according to waveform fit this event occurred at a depth of 
29±3km. (d) shows how well the CMT solution (focal mechanism, depth, and 
moment) fit the observed data and (e) shows that for the NEIC solution (focal 
mechanism, depth, and moment). In contrast to lines (a), (b), and (c), (d) and (e) test 
how well catalog solutions fit the data and verify that deviations from catalog 
solutions are necessary to fit the waveforms. 
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deteriorating, synthetic-to-observed waveform fit of the solution for 26 km depth (b) 
and for 32 km depth (c). Such waveform errors are typical for teleseismic waveform 
modeling. Also shown in Figure 1.5 is how well the Global CMT (d) and the NEIC (e) 
focal mechanism solutions fit the observed waveforms. 
 
Estimated focal mechanism orientation is known prior to inversion through the Global 
CMT catalog or the NEIC, and then MT5 inverts using iteration for its own focal 
mechanism solution that best fits the P and SH waveform data. Typically, CMT focal 
mechanism orientation errors vary from 5 to 20° depending on the quality of the 
solution [Kagan, 2003]. My inversion analyses found that often MT5 finds a solution 
that deviates from the seed mechanism by less than ± 10° and never did the MT5 
solution change mechanism type from that of the CMT solution, e.g., from a thrust to a 
normal or strike-slip mechanism. However, in a few cases (Figure 1.6) the MT5 focal 
mechanism solution did deviate from the CMT solution by as much as 27°, as defined 
by the change in null axis orientation. Ambiguities in nodal plane position negligibly 
affect the depth if the relative amplitudes of phase arrivals remain relatively constant 
within orientation uncertainty. Figure 1.6 shows two contrasting cases to illustrate this 
point. For both event inversions, MT5 determined a greater than 20° shift in focal 
mechanism orientation. For the 1991/04/04 thrust event, the shift in focal mechanism 
orientation occurred mainly by rotating the mechanism about the near-vertical T axis, 
while depth and seismic moment remained equal. This shift did not result in 
significant changes in relative phase amplitudes because earthquake P and SH 
radiation patterns are symmetrical around the P and T axes. When all observed 
waveforms surround the T axis, like for event 1991/04/04, pivoting the focal 
mechanism about T does little to improve, or change, waveform fit. Therefore, the 
event mechanism has at least a 27° error window as modeled by teleseismic waveform 
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inversion. It is then most likely that the CMT focal mechanism is the best-fit focal 
sphere solution, because that mechanism fits the 15 to 100 s body waves of the 
teleseismic waveforms modeling, as well as, the CMT analyses of > 40 s body waves 
and > 135 s mantle waves. For the 2002/07/02 oblique slip event, rotating the focal 
sphere by 21° has a more significant effect on relative phase amplitudes, because 
stations are not clustered about the P or T axes. Since the focal sphere orientation does 
not rotate about a principal axis, amplitudes vary for any given station when the 
mechanism is rotated from the 2002/07/02 CMT solution orientation to that of MT5. 
Amplitude matching of synthetic and observed waveforms recorded at stations SJG, 
JCT, LBNH, and VNDA are noticeably improved by the MT5 focal mechanism 
determination given a fixed depth and seismic moment. Therefore, for the 2002/07/02 
event, the MT5 focal mechanism solution better fits the observed waveform data and 
the 21° shift in the focal sphere orientation is necessary to best fit the synthetic 
waveforms to the observed. 
 
On certain waveforms, the depth and source time function parameters can be coupled 
[Christensen and Ruff, 1985], which adds uncertainty to solution determination. An 
extreme example is when a waveform can be equally modeled using a relatively deep 
depth and short source function, or a relatively shallow depth and long source 
function. If observed waveforms recorded at stations varying in distance and azimuth 
are used for modeling, then the coupling effect will not occur on some seismograms 
and this effect will not add uncertainty to the solution. Therefore, recording stations 
used for modeling were chosen to optimize the range of distances and azimuths of 
observed data (e.g., Figure 1.3). Also, as mentioned above, a preliminary inversion is 
run for each event which allows the MT5 program to solve for the best-fit STF. 
Finding the best-fit STF and 
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Figure 1.6: Example of MT5 best-fit solution focal mechanism orientation to that 
reported by the Global CMT catalog. Degree deviation between the mechanisms is 
reported next to the event date and is defined by the change in null axis orientation 
between the mechanisms. Plot convention is similar to that described in Figure 1.5.
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optimizing azimuthal distribution of recording stations minimizes the effects of 
coupling between depth and STF. In practice, however, there remain some events 
where only a few observed seismograms were available for matching and azimuthal 
distribution of recording stations is poor. In these cases, I rely on the MT5 best-fit STF 
solution to minimize the depth-source time function coupling effect. 
 
Since a simple half-space source structure was used, only the strongest initial phase 
arrivals (P, pP, sP, S, sS) are modeled. This is valid for the first ~ 25 sec of the 
seismogram. Possible later arrivals sometimes due to the structural effect of a surface 
water layer or the effect of crustal layering and conversions are not modeled in 
analyses of continental earthquakes (e.g., Chapter 2). After surface reflected phases, 
the next most significant effect is that of a surface water layer [Stein and Kroeger, 
1980]. These effects are greatest in oceanic regions, so, since the Central Andean 
study (Chapter 2) is restricted to a continental region, a substantial surface water layer 
is not present and therefore its effects do not need to be modeled. Waveforms of 
subduction zone earthquakes are modeled and are used for procedural verification later 
in the next section of this chapter. When subduction zone sources have off-shore 
epicenters, a surface water layer is modeled during the waveform inversion. Crustal 
layering and conversions adds complexity to waveform after about 25 sec, but 
amplitudes are low and do not significantly interfere with direct and surface reflected 
phase arrivals. Not including these arrivals will inevitably leave some part of the coda 
unmatched, but modeling of the P, pP, sP, S, and sS arrivals routinely gives adequate 
results for depth estimation [Helmberger and Burdick, 1979]. Therefore, neglecting 
the effects of crustal layering should not greatly affect earthquake source depth 
estimates. 
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Comparing seismic waveform modeling solutions with InSAR analysis solutions 
This section compares earthquake source parameters of six earthquakes determined by 
two independent data analysis methods – P and SH body waveform modeling and 
InSAR surface displacement analysis. This comparison illustrates that earthquake 
source parameters determined using teleseismic waveform inversion are comparable to 
those determined using an independent analysis method (i.e., InSAR).  
 
Interferometric synthetic aperture radar (InSAR) is a radar technique that can be used 
to generate maps of surface deformation from the use of two or more synthetic 
aperture radar (SAR) images (e.g., Burgmann et al., 2000; Rosen et al., 2000). The 
technique can potentially measure millimeter-scale surface displacements over time 
spans of days to years. Here, InSAR analyses of earthquake surface displacements are 
used to constrain seismic event source parameters, which are then compared with 
teleseismic waveform modeling parameter solutions for the same seismic events. Six 
earthquakes located along the Chile subduction zone between 25°S and 30°S are 
analyzed using these two techniques. For each subduction zone earthquake, Table 1.1 
lists earthquake solution parameters reported by the Global CMT catalog (labeled 
CMT), results from InSAR analysis (labeled Pritchard et al., 2006 and InSAR), and 
results from P and SH waveform inversion (labeled MT5). Figure 1.7 shows the MT5 
solutions for the six earthquakes in map view.
 28 
Table 1.1 Chile subduction zone earthquakes studied using seismic waveform modeling and InSAR 
 method longitude (deg) latitude (deg) depth (km) Mw strike (deg) dip (deg) rake (deg) length (km) width (km) Figures 
CMT -70.56 -25.31 49.0 6.6 356 21 95 n/a n/a - 
Pritchard     
et al., 2006 -70.05 -25.23 53.0 6.8 5 30 104 28.0 35.0 1.8, 1.9 
1993/07/11 
Mw 6.8  
MT5        
(this study) -70.05 -25.23 48 6.5 174 61 78 n/a n/a 
1.7, 
1.10 
CMT 
1995/11/01 -71.68 -29.11 22.0 6.6 6 25 111 n/a n/a - 
InSAR       
(this study) 
1995/11/01 
-71.45 -28.92 27.0 6.6 1 13 112 24.0 11.0 1.12, 1.13 
MT5        
(this study) 
1995/11/01 
-71.37 -28.88 28 6.6 22 32 28 n/a n/a 1.7, 1.14 
1995 events 
near La 
Serena, 
Chile  
MT5        
(this study) 
1995/10/31 
-71.34 -28.98 24 5.5 55 29 149 n/a n/a 1.7, 1.15 
CMT -70.58 -23.95 50.0 6.6 11 19 109 n/a n/a - 
Pritchard     
et al., 2006 -70.09 -23.94 47.8 6.7 5 23 107 32.0 21.0 1.8, 1.9 1996/04/19 
Mw 6.7  
MT5        
(this study) -70.02 -23.96 46 6.4 13 23 111 n/a n/a 
1.7, 
1.11 
CMT 
21:41:07 -71.55 -27.28 13.4 6.5 14 18 112 n/a n/a - 
CMT 
19:17:25 -71.52 -27.17 15.4 6.6 11 14 106 n/a n/a - 
InSAR       
(this study) -71.63 -26.90 39.4 7.6 211 39 128 18.9 24.8 
1.16, 
1.17 
MT5        
(this study) 
19:17:25 
-71.23 -27.09 22 6.5 39 22 122 n/a n/a 1.17, 1.18 
2006/04/30 
seismic 
swarm on 
subduction 
zone near 
Copiapo, 
Chile 
MT5        
(this study) 
21:41:07 
-71.01 -27.23 22 6.4 15 20 104 n/a n/a 1.7, 1.19 
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Figure 1.7: Earthquakes along the Chile subduction zone. Earthquake focal 
mechanism solutions are represented in lower hemispheric projections, where dark 
quadrants contain compressional motions. Events depths, determined by teleseismic 
waveform modeling (MT5), are labeled in red. Contours lines represent the depth 
(labeled in km) below sea-level of the subducting Nazca Oceanic plate. White points 
are earthquakes located in the continental crust of the South American plate.
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InSAR Methodology 
InSAR analysis was performed by Matthew Pritchard. Data is from the ERS-1, ERS-2 
and Envisat satellites of the European Space Agency (with a C-band radar, ~ 5.6 cm 
wavelength). Different numbers of interferograms are available for each earthquake 
(see event discussions below for details). As found in previous studies of the central 
Andes [e.g., Pritchard and Simons, 2004], the quality of the interferograms along the 
Chilean Central Andes is excellent because of the generally arid climate. The InSAR 
data span different time intervals, and most includes several weeks to months of 
potential pre-seismic and post-seismic deformation. 
 
The ROI_PAC software was used for InSAR processing [Rosen, et al., 2004]. The 
number of data points in the interferograms was reduced from millions to thousands 
by subsampling a spatially compressed interferogram (~ 1 km/pixel) with a density of 
points determined by a data resolution matrix [Lohman and Simons, 2005]. 
Interferograms were power-spectrum filtered [Goldstein and Werner, 1998] and 
unwrapped using the conventional ROI_PAC software [Goldstein, et al., 1988]. 
Unwrapping was done at different pixel resolutions, about 180 m/pixel for the Mw < 6 
earthquakes and between 360 and 1440 m/pixel for the larger earthquakes. Digital 
elevation models from the Shuttle Radar Topography Mission with about 90 m pixel 
spacing are used to remove the topographic signature from the InSAR phase [Farr and 
Kobrick, 2000]. Noisy areas were masked out using a phase variance threshold and 
additional unwrapping errors were manually removed before modeling. Variations in 
the incidence angle across the radar scene are accounted for when calculating the 
InSAR forward models.  
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For the new models presented here, deformation modeling was done using finite fault 
dislocations in an elastic half-space [Okada, 1985]. Prior work is summarized from 
Pritchard et al. [2006], where deformation is modeled as a single or multiple point 
sources in either a layered- or homogeneous half-space. In comparison, P and SH 
waveform modeling analysis published in this dissertation assumes a homogeneous 
half-space. Inversion is done with the full covariance matrix using the method of 
Lohman and Simons [2005] which assumes the interferogram noise is isotropic and 
stationary (i.e., does not vary with space) and the Neighborhood Algorithm 
[Sambridge, 1998] to explore model parameter space. 
 
The modeling solves for the absolute value (DC) and spatial variations in the InSAR 
phase (a.k.a. ramps). InSAR measurements are relative and not absolute, so that is 
why the DC term must be estimated. The ramp parameters are estimated to correct for 
errors in the satellite orbital parameters and long-wavelength deformation patterns 
(e.g., inter-seismic deformation from the subduction zone earthquake cycle). For most 
of the small earthquakes, linear ramps are used, but quadratic ramps were used for the 
earthquakes that we include here from Pritchard et al. [2006]. 
InSAR depths reported in Table 1.1 are the depth to the center of the fault slip surface 
and the subduction zone earthquakes’ low angle, east-dipping nodal plane (the plane 
most consistent with the subduction zone plate interface) was assumed to be the fault 
plane.   
 
Subduction zone earthquake source comparisons 
1993/07/11 and 1996/04/19 events – These events were analyzed by Pritchard et al. 
[2006] who both jointly and separately inverted body wave and InSAR data to 
determine source parameters. Their results are shown in Figure 1.8 and 1.9. The MT5 
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teleseismic waveform analysis of the 1993/07/11 event is shown in Figure 1.10 and 
the solution for the 1996/04/19 event in Figure 1.11. The results presented in Figures 
1.8 to 1.11 are also listed in Table 1.1.  Magnitude, focal mechanism, and depth 
parameters are roughly consistent between all analyzes, such that the earthquakes 
likely occurred on the subduction zone interface. Specifically for depth, Pritchard et al. 
[2006] found the center of the 1993/07/11 earthquake fault surface at approximately 
53 km depth, which is within the MT5 depth solution and error bounds (48 ± 5 km).  
Similarly, the three types of  inversion shown in Figure 1.9 of the 1996/04/19 event 
constrain the center of its fault slip surface at about 48 km depth, which is also within 
the constraints determined by the MT5 waveform inversion (46 ± 5km). 
 
 
1995/10/31 and 1995/11/01 events – These earthquakes are low-dip thrust events 
along the Chilean coast assumed to be on the subduction zone megathrust. With 
respect to InSAR, only the 1995/11/01 event is considered during analysis. Due to its 
larger magnitude (Mw5.8 on 1995/10/31 vs. Mw6.6 on 1995/11/01), it is most likely 
that displacements associated with the 1995/11/01 event dominate the observed 
geodetic data. Only a portion of the deformation field is imaged on land, primarily 
subsidence (Figure 1.12). InSAR analysis used the Neighborhood Algorithm 
[Sambridge, 1998] to explore a range of model parameters for a best fitting single fault 
plane (Figure 1.13). The InSAR analysis parameters are shown in Figure 1.12 and 
Table 1.1. Body waveform modeling results for the 1995/11/01 event and the 
1995/10/31 event are in Figures 1.14 and 1.15, respectively. Regarding the depth of 
the 1995/11/01 event, InSAR analysis determined the depth to the center of the fault 
slip surface at ~ 27 km, while teleseismic waveform modeling found an event depth of 
28 ± 5 km. Again, these depths are consistent with each other within the constraints 
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Figure 1.8: [Modified from Pritchard, et al., 2006] InSAR solutions for the 
1993/07/11 and 1996/04/19 earthquakes. (a) Five interferogram stack from track 96 
for the 1996/04/19 earthquake (see Table 1 of Pritchard et al., (2006) for dates). For 
this and other stacks, the interferograms were combined, and then georeferenced. The 
NEIC location – why not ISC is shown as a white star and the focal mechanism is 
from the Global CMT catalog. (b) The predicted LOS (line of sight) displacement 
from this earthquake from teleseismic-only inversion. For all tracks, the 1993/07/11 
and 1996/04/19 teleseismic-only model predictions of the LOS are visually similar to 
the geodetic-only and joint results. For track 96, the RMS difference between the data 
and models are as follows: geodetic, ~ 0.20 cm; joint, ~ 0.22 cm; teleseismic model ~ 
0.22 cm (to make the comparison equivalent to the geodetic and joint results, we did 
not just difference the data and model, but also calculated the best-fit orbital ramp 
parameters). (c) Four interferogram stack from track 325 for the 1996/04/19 
earthquake (see Table 1 of Pritchard et al., (2006) for dates). (d) The predicted surface 
LOS displacements from the teleseismic inversion for this track. For track 325, the 
RMS difference between the models and data are: geodetic, ~ 0.18 cm; teleseismic, ~ 
0.20 cm; and joint, ~ 0.19 cm. (e) The only interferogram we have that spans only the 
1993/07/11 earthquake (track 325). (f) Predicted LOS displacements from teleseismic 
slip inversion. The RMS difference between the data and the geodetic model is ~ 0.43 
cm, while the RMS for both the teleseismic and joint models is about ~ 0.47 cm.
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Figure 1.9: [Modified from Pritchard, et al., 2006] Contours of slip from the 
1993/07/11 and 1996/04/19 earthquakes from inversions using (a) only teleseismic 
data, (b) only InSAR data, and (c) both data sets. For both events, the maximum slip is 
about 1 m, and the contour interval is 0.2 m. The NEIC location is shown as the star, 
light gray for 1993/07/11 and black for 1996/04/19. The Global CMT location for both 
earthquakes (same colors as for the hypocenters) is located about 40 km from the 
actual centroid.
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Figure 1.10: 1993/07/11 earthquake MT5 teleseismic waveform analysis solution. On 
the left is the waveform inversion solution plot with the same convention as Figure 1.3 
and on the right is the sensitivity analysis plot with the same convention as Figure 1.5.  
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Figure 1.11: 1996/04/19 earthquake MT5 teleseismic waveform analysis solution. On 
the left is the waveform inversion solution plot with the same convention as Figure 1.3 
and on the right is the sensitivity analysis plot with the same convention as Figure 1.5.
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Figure 1.12: 1995/11/01 earthquake InSAR solution. (a) Resampled unwrapped 
interferogram where phase differences were converted to meters. The boxes outline 
the resampled points, and white areas show no data (either because the data did not 
successfully unwrap or was there was none to start with). (b) Predicted interferogram 
from our model. (c) The difference between the data and the model (residual) where 
the scale bar is cm. The residual value is shown above this figure value and has been 
weighted during the resampling procedure. (d) The fault model and predicted slip is 
shown.
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Figure 1.13: The output from the Neighborhood Algorithm showing the residual 
between the data and the model as a function of the different model parameters for the 
1995/11/01 earthquake InSAR solution. From the upper left to the lower right the 
parameters are: the position of the best-fitting fault plane relative to the initial guess; 
the angle of the best-fitting fault relative to the starting position; the strike of the fault; 
the dip of the fault; the rake of the fault; the Length of the Fault, the width of the fault; 
the depth of the center of the fault; and the misfit as a function of the number of 
models tested. 
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Figure 1.14: 1995/11/01 earthquake MT5 teleseismic waveform analysis solution. On 
the left is the waveform inversion solution plot with the same convention as Figure 1.3 
and on the right is the sensitivity analysis plot with the same convention as Figure 1.5.
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Figure 1.15: 1995/10/31 earthquake MT5 teleseismic waveform analysis solution. On 
the left is the waveform inversion solution plot with the same convention as Figure 1.3 
and on the right is the sensitivity analysis plot with the same convention as Figure 1.5. 
One difference is that NEIC does not report a solution for this event, so its solution 
could not be included in the sensitivity analysis plot.
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 and errors of the analyses. The 1995/10/31 event was only analyzed by teleseismic 
waveform analysis and its depth was found to be approximately 24 km. 
 
2006/04/30 seismic swarm – There was a seismic swarm on, or near, the subduction 
interface near Copiapo, Chile in late April to June, 2006 which included 18 
earthquakes in the Global CMT catalog (Mw > 5). The largest two earthquakes in the 
sequence occurred on 2006/04/30 and were a Mw6.6 with an origin time of 19:17:25 
and a Mw6.6 at with an origin time of 21:41:07. These earthquakes are thrust 
earthquakes with one low-angle, east-dipping nodal plane consistent with a subduction 
zone thrust event. Only a portion of the deformation field is imaged on land, primarily 
subsidence. It appears that all of the uplift is off-shore (Figure 1.16). InSAR analysis 
was conducted to model the displacement effects of both seismic events as one single 
event because of three factors – when the events occurred, where they occurred, and 
their relative magnitudes. The SAR data acquisitions span the time frame of 
2004/09/06 to 2007/03/05 (from Envisat satellite images, mode beam 2, track 96, 
Bperp 170 m), which includes all of 2006/04/30. Therefore surface displacements 
from both events are likely contained within the InSAR analysis images. Additionally, 
the two events occurred off shore and close together, so that the displacement signals 
of the events are only partially visible on the InSAR data and it is likely that the 
proximal event locations allowed interference of the two events’ displacement signals. 
Lastly, both events are of similar magnitude, therefore the displacements for each 
event could equally contribute to the observed signal captured in the InSAR data. The 
Neighborhood Algorithm [Sambridge, 1998] was used to explore a range of model 
parameters for a best fitting single fault plane (Figure 1.17). The parameters are shown 
in Figure 1.16 and are listed on Table 1.1. InSAR inversion found the subsidence 
surface displacements were consistent with a single off-shore, Mw7.6 
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Figure 1.16: 2006/04/30 combined earthquake InSAR solution. (a) Resampled 
unwrapped interferogram where phase differences were converted to meters. The 
boxes outline the resampled points, and white areas show no data (either because the 
data did not successfully unwrap or was there was none to start with). (b) Predicted 
interferogram from our model. (c) The difference between the data and the model 
(residual) where the scale bar is cm. The residual value is shown above this figure 
value and has been weighted during the resampling procedure so it doesn't simply 
relate to the RMS. (d) The fault model and predicted slip is shown.
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Figure 1.17: The output from the Neighborhood Algorithm showing the residual 
between the data and the model as a function of the different model parameters for the 
combined 2006/04/30 events. From the upper left to the lower right the parameters 
are: the position of the best-fitting fault plane relative to the initial guess; the angle of 
the best-fitting fault relative to the starting position; the strike of the fault; the dip of 
the fault; the rake of the fault; the Length of the Fault, the width of the fault; the depth 
of the center of the fault; and the misfit as a function of the number of models tested. 
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Figure 1.18: 2006/04/30 19:17:25 earthquake MT5 teleseismic waveform analysis 
solution. On the left is the waveform inversion solution plot with the same convention 
as Figure 1.3 and on the right is the sensitivity analysis plot with the same convention 
as Figure 1.5.
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Figure 1.19: 2006/04/30 21:41:07 earthquake MT5 teleseismic waveform analysis 
solution. On the left is the waveform inversion solution plot with the same convention 
as Figure 1.3 and on the right is the sensitivity analysis plot with the same convention 
as Figure 1.5.
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event at a depth of about 39 km. Due to the more precise time constraints on seismic 
data, teleseismic body waveform modeling is capable of separately analyzing the two 
large earthquakes that occurred on 2006/04/30. The results of the inversion are show 
in Figure 1.18 and 1.19 and are list on Table 1.1. Waveform modeling determined 
magnitudes (Mw), 6.5 and 6.4 for the 19:17:25 and 21:41:07, respectively, similar to 
those reported by CMT, as well as, focal mechanism orientation solutions were 
consistent with subduction zone thrust events. MT5 magnitude and depth (both events 
occurred at ~ 22 km depth) determinations did not, however, correlate well with the 
InSAR analysis solution. This could be due to the fact that it is not possible to 
distinguish the individual events within the InSAR images and that modeling their 
combined effects does not accurately estimate the source parameters of the individual 
events. 
 
Conclusions 
P and SH teleseismic waveform modeling is an accurate procedure to use when 
analyzing earthquake source parameters for shallow (≲ 70 km depth) seismic events, 
which is most often the case with continental seismicity. Care has been taken to 
understand and minimize errors in the analysis and verification of the accuracy of the 
solutions has been shown through comparison with solutions from an independent 
analysis technique, InSAR. 
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CHAPTER 2 
 
DEPTHS AND FOCAL MECHANISMS OF CRUSTAL EARTHQUAKES IN THE 
CENTRAL ANDES 
 
Abstract 
The depth distribution of earthquakes within the South American continental 
lithosphere is investigated to better understand crustal deformation of the Central 
Andes. 138 shallow (< 80 km depth), moderate-sized (7.0 > Mw ≳5.5) earthquake 
focal mechanisms throughout the Central Andes above the subducting Nazca plate 
were assembled from the Global CMT catalog and previously published sources 
spanning over 60 years of continental seismicity. To accurately constrain event depth 
for CMT solutions, teleseismic P and SH waveforms are modeled to obtain accurate 
strike, dip, rake, focal depth, and source time function. Earthquake hypocentral 
locations and focal mechanisms are then integrated with topographic and structural 
data to enable study of ongoing seismogenic crustal deformation. 
 
The study area includes 5°S to 35°S latitudes of the Central Andes above three major 
segments of the subducted plate, the Peruvian and Chile-Argentine flat-slab segments 
and the intervening segment where the subducted Nazca plate dips more steeply. 
Seismically active structures of the Eastern Cordillera and foreland regions exhibit 
approximately east-west (oriented ~ 92°) oriented P axes and consistently involve 
deformation of basement rocks. The average orientation of the P axes is close to the 
direction of convergence (~ 77˚) between the Nazca and South American plates, while 
individual deviations from this average often indicate effects of inherited structural 
trends. Three distinct seismically active basement-involved structures are seen: (1) 
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shallow seismic activity associated with the near-surface expression of basement 
thrust blocks (e.g., Shira uplifts of Peru); (2) deep, diffusely distributed earthquake 
activity associated with a possible mid-crustal basement wedge creating a basement-
cored anticline (e.g, Pie de Palo of Argentina); and (3) inverted relic Permo-Triassic 
rift structures deforming at deep depths beneath undeformed foreland basins (e.g., east 
of the Huallaga basin  of Peru). 
 
Normal and strike-slip earthquakes occur beneath the Altiplano plateau of southern 
Peru and northernmost Chile. These events are consistent with the effects of the 
increase in vertical compressive stress, due to high topography and thick crustal root 
of the plateau, superimposed on the stress orientations seen in the foreland. 
 
Introduction 
The Altiplano-Puna Plateau and surrounding mountains dominate the topography of 
the Central Andes in western South America (Figure 2.1). Plateau formation is broadly 
attributed to its location along a convergent plate margin involving subduction of the 
Nazca oceanic plate beneath the overriding South American continental plate. 
Subduction of the Nazca plate is illustrated in Figure 2.1 by the dashed contours lines, 
which show the depth in kilometers to the Wadati-Benioff zone of earthquakes within 
of the subducting Nazca oceanic plate [Cahill and Isacks, 1992]. The Andean margin 
displays major along-strike segmentations involving variations of angle of the 
subducting plate, foreland structural style, and upper plate foreland seismicity 
[Barazangi and Isacks, 1976; Jordan, et al., 1983]. These corresponding relationships 
of segmentation have been known for some time now and many studies since have 
continued to study continental earthquakes in different locations throughout the 
Central Andes [Alvarado and Beck, 2006; Alvarado, et al., 2005; Alvarado, et al., 
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2004; Assumpçao and Araujo, 1993; Dorbath, et al., 1987; Kadinsky-Cade, et al., 
1985; Legrand, et al., 2007; Regnier, et al., 1992; Smalley and Isacks, 1990; Smalley, 
et al., 1993; Stauder, 1975; Suarez, et al., 1983]. However, not since 1983 [Chinn and 
Isacks, 1983] has there been an overview study of continental seismicity of the entire 
Central Andes. The purpose of this chapter is to do so by gathering the most recent 
earthquake, topographic, and structural datasets to explore the relationship of upper 
plate seismicity to Andean segmentation. 
 
In addition to tectonic segmentation along the strike of the Central Andes, lateral 
segmentation occurs as well [Jordan, et al., 1983]. The “forearc” region is located 
between the trench and the continental drainage divide. The “magmatic arc” or 
“volcanic arc” is the zone of active volcanoes, or in the case of the flat slab segments, 
the zone of Miocene volcanism. The “hinterland” includes the Altiplano-Puna plateau, 
the Eastern Cordilleras of Peru, Bolivia, and Argentina, and the Principal and Frontal 
Cordilleras of Argentina. The “foreland” is the region of youngest deformation, 
located east of the main cordillera, and bounded to the east by the undeformed craton. 
Examples of foreland regions are the Subandean zone, Bolivian fold and thrust belt, 
and the Sierras Pampeanas. 
 
Along-strike segmentation of subduction angle is illustrated in Figure 2.1 by the 
changes in distance between the contour lines. The terms “flat slab” or “flat 
subduction” are used to describe where the distance between the contour lines are 
large, indicating that the Nazca plate subducts at a relatively low angle (0 - 10°) [e.g., 
Cahill and Isacks, 1992]. Flat subduction occurs from 2° to 15°S in Peru and from 27° 
to 33°S in Argentina. In the intervening section of the Central Andes, from 15° to  
61 
Figure 2.1: Generalized map of the Central Andes. Dashed contours lines show the 
depth (labeled in km) to the Wadati-Benioff zone of earthquakes within the subducting 
Nazca oceanic plate [Cahill and Isacks, 1992]. An approximate outline of the 
Altiplano-Puna, or Central Andean, Plateau is the thick black line, which represents 
the ~ 4 km contour line derived from SRTM (Shuttle Radar Topography Mission) 
topography. Black triangles illustrate recently active volcanic edifices [de Silva and 
Francis, 1991]. Shaded topography is from SRTM topography. 
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27°S, subduction occurs at a steeper angle of ~ 30°. The dip in subduction angle 
correlates with the absence or existence of Quaternary volcanic activity. Flat 
subduction occurs beneath regions were no significant Quaternary activity has 
occurred and evidence for such activity does exist in the intervening region. Because a 
steeper subduction angle and volcanic activity occur between 15° and 27°S, the region 
is described as exhibiting “normal subduction”. It is referred to as “normal” because 
the subduction angle and related volcanic activity are typical of most other subduction 
zones around the world, rather than having a geometry consistent with flat slab 
subduction. 
 
Along-strike segmentation of foreland deformation is comprised of three different 
types of foreland structural styles [e.g., Jordan, et al., 1983; Kley, et al., 1999]. Above 
flat subduction, foreland basement reverse faults dominate the deformational style. 
Basement reverse faults are considered thick-skinned structures because they deform 
basement rock on steep reverse faults. In map view, these faults tend to be widely 
spaced and when folding occurs it has long wavelengths. The Sierras Pampeanas of 
Argentina are examples of basement reverse faulted, thick-skinned deformational 
structures (Figure 2.1). Percent shortening accommodated in broad zones of basement 
thrusts typically does not exceed 10% [e.g., Jordan and Allmendinger, 1986]. Thin-
skinned fold and thrust belt structures predominate in the foreland regions above 
normal subduction. This deformation typically involves detachment along a 
décollement level within the upper crust. Their map pattern is characterized by long, 
continuous along-strike thrust faults and folds at regular spacing. Thin-skinned belts 
can accommodate much more shortening (> 40%) than basement thrust structures. The 
third type of structural style is a combination of the first two. Thick-skinned thrust 
belts are known to occur above where the subducting plate transitions from flat to 
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normal at around 25°S latitude. These belts exhibit décollements in basement rocks at 
mid-crustal (10–20 km) depths, fold and thrust structures are relatively broad and 
short, and transverse structures are common. Shortening in well-developed thick-
skinned thrust belts ranges from 20 to 35%. The Santa Barbara system of Argentina is 
considered a thick-skinned thrust belt (Figure 2.1). The primary control on structural 
style is often interpreted to be inherited stratigraphic and structural features of the 
South American plate [Allmendinger, et al., 1983; Kley, et al., 1999]. Where thick (≳ 
3 km), relatively conformable sedimentary covers exists, thin-skinned structures 
dominate foreland deformation. Basement thrusts tend to form where there is thin 
sedimentary cover. Areas that experienced Mesozoic rifting now have reactivated 
thick-skinned thrust belt deformation.  
 
Regarding segmentation of continental foreland seismicity, previous studies [e.g., 
Chinn and Isacks, 1983; Jordan, et al., 1983] have noted that the two most seismically 
active segments of the central Andes are the forelands of Argentina and Peru. The 
crust of these regions is seismogenic from the surface to near Moho depth, and the 
structural style is dominated by basement thrusts. Outside of these two foreland 
regions, the South American plate has previously appeared nearly aseismic. Two 
earthquakes were determined to have occurred in the region of the plateau and three 
events have occurred in the transition zone between the Bolivian fold and thrust belt 
and the Santa Barbara system [Chinn and Isacks, 1983]. In other words, the forearc, 
the fold and thrust belts, and the plateau appeared aseismic with respect to earthquake 
of magnitude Mw ≳ 5.5, magnitudes appropriate for teleseismic recording. The 
apparent aseismic behavior of the Andean plateau contrasts with the seismicity the 
Tibetan Plateau. Earthquake focal mechanism orientations display patterns that 
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strongly correlate with topography and deformational style [e.g., Andronicos, et al., 
2007; Langin, 2003].  
 
Earlier studies [Alvarado and Beck, 2006; Alvarado, et al., 2005; Alvarado, et al., 
2004; Assumpçao and Araujo, 1993; Dorbath, et al., 1987; Kadinsky-Cade, et al., 
1985; Legrand, et al., 2007; Regnier, et al., 1992; Smalley and Isacks, 1990; Smalley, 
et al., 1993; Stauder, 1975; Suarez, et al., 1983] estimated source parameters in 
smaller regions within the Central Andes, but not since Chinn and Isacks [1983] has 
there been a overview study of continental seismicity of the entire Central Andes. 
Since the majority of the earthquake record is limited to the last 50 years and large 
magnitude earthquake recurrence intervals are typically 100 years or more, continued 
monitoring of the seismologic activity reveals information about on-going 
deformational provinces not previously observed.  
 
Accurate focal depths of earthquakes are critical to tectonic interpretations of 
seismicity and related structure. A number of global earthquake bulletins and catalogs 
exist that routinely report earthquake depths. However, they lack the ability to resolve 
the relatively subtle differences in focal depth distribution within depths ≲ 70 km 
[Kagan, 2004; Maggi, et al., 2002], depths typical for earthquakes within continental 
regions.  Therefore, continental earthquake depths must be constrained by analyses 
separate from those of global catalogs and bulletins. Because the Central Andes is a 
large area and not densely covered with seismographs, this study constrains 
earthquake source parameters via P and SH waveform inversion using seismograms 
recorded at globally distributed seismograph stations.  
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To address how the earthquakes fit with deformational structure, earthquake 
hypocentral locations are integrated with two additional datasets. The datasets are 
NASA’s Shuttle Radar Topography Mission (SRTM) 90 m topography and previously 
published studies that describe surface and subsurface structures (e.g., seismic 
imaging, balanced cross-sections). Integration of the SRTM topography dataset with 
the earthquake focal mechanisms allow investigation of the topographic expression of 
the seismic activity, and subsurface imaging and geological interpretations allow us to 
place the earthquakes into a context of imaged or hypothesized subsurface structures. 
 
Earthquake depth determination 
Data sources 
To determine earthquake depth distributions throughout the Central Andes, three 
sources of data are considered: previously published accurate event parameters, events 
recorded teleseismically by global seismograph stations for which earthquake source 
properties are constrained using waveform modeling or short-period depth phase 
identification, and InSAR. The earthquakes compiled for this study are listed in Table 
2.1 and displayed in map view in Figure 2.2. There are 138 earthquakes listed. 38 
event parameters were constrained in this study, 48 have only Global Centroid 
Moment Tensor (CMT) solutions (a global earthquake catalog), and 52 are reported 
from previous studies. Earthquakes with solutions from this study are labeled MT5 
and/or SHZ in the References column of Table 2.1. The labels refer to the analysis 
method used for depth determination and are described in detail later in this chapter. 
 
InSAR analysis was conducted for this study as well. Please refer to Chapter 1 for 
analysis method description. Depending on what is available, this study uses epicentral 
locations reported by previously published studies, the International Seismological  
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Table 2.1: Central Andean continental earthquakes. Reference codes are AB06 is 
Alvarado and Beck [2006],  A05 is Alvarado et al. [2005], A04 is Alvarado et al. 
[2004];  AA93 Assumpçao and Araujo [1993], CI83 is Chinn and Isacks [1983], 
KC85 is Kadinsky-Cade et al.  [1985], MT5 is from this study using P and SH 
waveform modeling, R92 is Regnier et al. [1992], SHZ is from this study using 
forward modeling of short-period depth phase arrival times, S75 is Stauder [1975], 
and S83 is Saurez et al. [1983]. Blank cells within beneath the MT5 solution columns 
indicate that an MT5 solution is not available for that earthquake. Descriptions of 
other columns are contained in the text of this chapter.
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Table 2.1: Central Andean continental earthquakes 
Date Time Location   Nodal Plane 1 Nodal Plane 2 Depth Reference  MT5 solution 
mm/dd/yy hh:mm:ss longitude latitude Mw strike dip rake strike dip rake (km) code Mw strike dip rake 
01/15/44 23:49:27 -68.5000 -31.5500 7.0 045 35 110 201 57 76 11 AB06         
06/11/52 00:31:37 -68.6000 -31.5050 6.8 040 75 30 301 61 163 12 AB06         
05/12/59 09:46:51 -65.0100 -23.1800   180 25   007 65   14 CI83         
05/18/63 05:33:29 -69.3500 -29.5900   181 40   323 60     CI83         
11/13/65 17:59:41 -68.0900 -29.3400   170 58   320 36   32 CI83         
04/25/67 10:36:00 -69.1700 -32.7200 5.4 159 41 97 330 49 84 27 AA93         
06/19/68 08:13:35 -77.2000 -5.5500 6.1 185 54   357 36   23 CI83         
          204 57   000 35   20 S83         
          185 54   357 36   89 S75         
06/20/68 02:38:38 -77.3000 -5.5100 5.8 182 26   002 64   14 CI83         
          014 62   143 40   16 S83         
12/01/68 13:14:55 -74.8100 -10.5400 5.4 065 80   334 86     CI83         
          351 50   171 40   18 S83         
07/18/69 23:17:09 -63.3400 -18.2900   180 45   000 45     CI83         
07/24/69 02:59:20 -75.1000 -11.8400 5.9 228 45   340 70   14 CI83         
          328 72   205 31   6 S83         
          228 45   340 70   1 S75         
10/01/69 05:05:50 -75.1500 -11.7500 5.8 220 45   332 70   14 CI83         
          315 68   160 25   5 S83         
          220 45   332 70   4 S75         
02/14/70 11:17:16 -75.5500 -9.8400 5.8 185 63   335 30     CI83         
          170 54   350 36   28 S83         
          185 63   335 30   35 S75         
10/15/71 10:33:46 -73.4547 -14.1980 5.7 218 80   310 80   8 S83         
          220 75   315 72     CI83         
          220 75   315 72   54 S75         
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Table 2.1 continued 
Date Time Location   Nodal Plane 1 Nodal Plane 2 Depth Reference  MT5 solution 
mm/dd/yy hh:mm:ss longitude latitude Mw strike dip rake strike dip rake (km) code Mw strike dip rake 
03/20/72 07:33:48 -76.7621 -6.7927 6.1 355 25   170 65   33 CI83         
          177 55   357 35   38 S83         
          355 25   170 65   64 S75         
09/26/72 21:05:43 -68.2096 -30.9073   192 51   000 40   20 CI83         
11/03/73 14:17:38 -67.7162 -25.9829   142 66   030 52   11 CI83         
11/19/73 11:19:31 -64.5880 -24.5781   195 5   015 85   26 CI83         
07/01/74 16:51:52 -64.7364 -22.1416   168 29   348 61   17 CI83         
05/15/76 21:55:05 -74.4548 -11.6162 5.9 162 10   342 80   18 CI83         
          326 80   062 66   18 S83         
01/25/77 00:50:48 -68.2700 -33.5900 5.3 180 45 147 295 67 50 18 AA93         
03/08/77 13:08:54 -74.1563 -12.3277 5.6 184 52 165 284 78 39             
11/02/77 14:47:59 -74.7261 -9.9982 5.3 111 67 25 011 67 155             
11/23/77 09:26:48 -67.7644 -31.0411 7.5 183 44 90 004 46 90 17 KC85         
11/23/77 09:26:48 -67.7644 -31.0411 7.5 166 40   346 50   17 CI83         
11/24/77 18:20:20 -67.6859 -31.3099 5.6 190 34 91 008 56 89             
11/28/77 04:19:39 -67.6500 -31.6782 5.6 150 52 27 043 69 139             
11/28/77 06:31:38 -67.4445 -31.4370 6.2 170 30   338 60   15 CI83         
12/05/77 15:43:35 -67.9596 -31.0998 5.8 103 65 -5 195 86 -154             
12/06/77 17:05:16 -67.9010 -31.2383 5.9 180 39   034 56     CI83         
12/10/77 07:11:58 -67.7027 -31.2665 5.5 199 29 117 348 65 76             
01/17/78 11:33:21 -67.9981 -31.2512 6.0 142 66 12 047 79 156             
08/21/78 00:28:30 -67.8624 -31.2806 5.3 218 9 79 049 81 92             
01/06/79 01:31:51 -75.7280 -8.9389 5.7 351 26 65 199 67 102             
08/30/79 18:59:54 -67.6945 -31.4731 5.5 354 31 35 233 73 116             
01/14/80 21:51:08 -69.4100 -33.1133 5.6 141 69 5 049 85 159             
04/09/80 08:17:59 -67.4818 -31.6455 5.4 340 37 136 108 65 61             
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Table 2.1 continued 
Date Time Location   Nodal Plane 1 Nodal Plane 2 Depth Reference  MT5 solution 
mm/dd/yy hh:mm:ss longitude latitude Mw strike dip rake strike dip rake (km) code Mw strike dip rake 
11/10/80 16:24:44 -67.4716 -31.6218 5.7 133 31 49 358 67 111             
04/18/81 17:05:01 -74.4073 -13.1615 5.3 197 18 123 343 75 80             
06/22/81 17:53:26 -74.4973 -13.2204 5.8 159 15 55 015 78 99             
11/19/82 04:27:21 -74.6854 -10.6120 6.7 000 34 116 150 60 74             
04/02/83 05:58:41 -66.5942 -28.5365 5.3 247 25 137 017 73 71             
06/03/84 04:10:30 -76.7831 -7.8095 5.2 199 35 113 351 58 75             
06/05/84 04:15:28 -76.7119 -7.8335 5.7 200 20 114 354 72 82             
01/26/85 03:07:05 -68.5833 -33.0667 6.0 158 38 65 009 56 108             
03/19/85 10:28:35 -63.5786 -18.6038 5.8 172 38 81 004 53 97             
03/22/85 14:02:41 -63.5641 -18.6251 5.4 018 41 115 167 53 70             
04/12/85 14:35:02 -60.5853 -24.0443 5.1 338 43 49 208 59 121             
01/11/86 05:04:44 -77.4954 -9.5137 5.1 330 48 -15 070 79 -137             
04/05/86 20:14:26 -71.8142 -13.4188 5.2 121 32 -65 273 61 -104 6 SHZ         
05/09/86 16:24:00 -65.6185 -17.1679 5.9 151 39 88 334 51 92             
06/19/86 21:57:33 -65.4641 -16.9648 5.3 327 45 106 125 47 74             
08/11/86 22:06:49 -67.6639 -30.9197 5.4 187 49 167 285 80 41             
12/20/86 05:04:44 -75.4587 -7.7162 5.2 057 9 -31 178 86 -97             
09/13/87 20:08:52 -69.9598 -34.3708 5.9 027 58 176 119 87 32             
10/02/87 22:27:58 -77.9397 -8.1524 5.6 296 43 -157 189 74 -49             
11/15/87 22:00:55 -75.6773 -9.4024 5.4 210 12 120 000 80 84             
03/25/88 17:20:52 -67.9890 -31.4030   063 45   181 65   25 R92         
03/16/89 17:12:26 -65.0112 -17.0025 5.3 171 9 127 313 83 85 20 SHZ         
05/04/89 10:30:13 -75.7479 -6.6329 5.2 130 35 66 338 58 106 24 MT5 5.4 f 130 f 35 f 66 
06/24/89 12:58:47 -66.2984 -28.3488 5.5 088 77 -172 357 82 -13             
05/30/90 02:34:12 -77.2142 -6.0307 6.6 188 24 122 333 70 77 26 MT5 6.5 174 29 118 
05/30/90 16:49:31 -77.1261 -6.0454 5.7 169 29 130 305 68 70 29 MT5 5.4 f 169 f 29 f 130 
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Table 2.1 continued 
Date Time Location   Nodal Plane 1 Nodal Plane 2 Depth Reference  MT5 solution 
mm/dd/yy hh:mm:ss longitude latitude Mw strike dip rake strike dip rake (km) code Mw strike dip rake 
06/06/90 02:01:11 -77.2055 -6.1461 5.3 191 15 149 311 82 77             
04/04/91 15:23:27 -77.1296 -6.0402 6.4 171 20 77 005 71 95 29 MT5 6.6 157 24 90 
07/23/91 19:44:54 -71.6262 -15.6679 5.3 118 77 0 208 90 -167             
08/02/93 15:44:34 -74.1691 -11.7301 5.4 293 61 4 201 86 151 24 MT5 5.3 f 293 f 61 f 4 
10/02/93 00:06:10 -64.4684 -24.0571 5.4 237 56 179 327 89 34             
12/26/94 19:57:05 -71.8240 -15.5968 5.4 111 35 -79 277 56 -98             
06/12/95 03:35:53 -75.9129 -8.3190 5.4 359 29 85 185 61 93 33 MT5 5.4 350 31 82 
03/10/96 08:56:28 -69.4367 -13.0547 5.7 305 36 87 129 54 92 31 MT5 5.7 300 40 74 
04/06/96 09:18:54 -75.1436 -10.2249 5.2 299 26 72 139 65 99             
04/08/96 02:52:17 -73.9892 -12.7711 5.3 159 32 -52 296 66 -111             
06/17/97 22:14:23 -64.7354 -27.7071 5.6 267 25 86 091 65 92             
01/10/98 04:54:30 -72.0638 -12.0264 6.2 101 22 88 283 68 91 11 MT5 6.2 115 5 114 
02/19/98 04:21:33 -74.4149 -10.9469 5.9 131 41 82 321 50 97 4 MT5 6 124 31 81 
03/01/98 01:51:04 -65.9728 -18.4203 5.3 354 50 172 090 84 41             
03/06/98 03:56:23 -74.5700 -10.8956 5.3 142 17 106 306 74 85 3 MT5 5.6 86 72 61 
03/10/98 20:57:45 -74.5109 -10.9436 5.3 146 36 105 307 56 79 4 MT5 5.8 146 36 105 
04/12/98 23:49:36 -71.8814 -15.6617 5.8 313 44 -47 081 60 -123 10 MT5 SHZ f 5.8 f 313 f 44 f -47 
05/22/98 04:49:03 -65.5390 -17.8595 6.6 186 79 -178 096 88 -11 13 MT5 6.1 360 88 179 
05/26/98 01:08:20 -65.3282 -17.8360 5.4 204 64 -168 109 79 269 13 MT5 5.2 206 86 180 
05/29/98 11:23:54 -65.2530 -17.7067 5.4 084 81 2 353 88 171 5 MT5 5.4 f 84 f 81 f 2 
10/04/98 13:41:11 -76.2993 -8.4390 5.5 188 28 113 343 64 78 4 MT5 5.7 f 188 f 28 f 113 
10/25/98 03:54:41 -69.3942 -17.9729 5.3 155 60 115 246 89 30 9 SHZ         
10/04/99 13:57:42 -75.6070 -10.7010 5.6 159 15 64 006 77 97 12 MT5 5.8 176 33 90 
12/25/99 18:19:35 -75.2970 -6.1700 5.5 166 36 115 315 57 73 24 MT5 5.6 176 54 113 
12/30/99 14:50:07 -64.8790 -23.7990 5.3 169 28 110 326 64 79             
04/30/00 05:31:30 -66.0210 -27.0380 5.2 185 38 45 057 64 119             
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Table 2.1 continued 
Date Time Location   Nodal Plane 1 Nodal Plane 2 Depth Refernce  MT5 solution 
mm/dd/yy hh:mm:ss longitude latitude Mw strike dip rake strike dip rake (km) code Mw strike dip rake 
12/21/00 06:13:12 -68.9350 -29.4740 4.0 151 36 69 356 57 104 14 A05         
12/25/00 00:49:27 -68.0150 -31.5330 3.9 191 42 103 353 49 78 20 A05         
02/06/01 20:18:40 -69.4950 -33.4590 3.7 334 83 47 236 46 169 17 A05         
02/09/01 01:11:50 -67.8700 -31.3830 4.0 034 48 106 190 44 72 22 A05         
02/21/01 15:20:26 -74.5210 -11.3330 5.7 158 17 85 343 74 91 15 MT5 5.7 83 16 33 
03/15/01 11:06:19 -69.5600 -34.8200 4.8 034 51 103 193 41 74 3 A04         
05/07/01 02:24:00 -69.0800 -33.0210 4.1 181 19 77 015 71 94 14 A05         
05/10/01 02:24:00 -67.9560 -32.0720 3.5 276 53 79 115 39 104 20 A05         
05/18/01 04:48:00 -67.7290 -31.7560 3.8 045 39 95 218 51 86 22 A05         
05/18/01 07:12:00 -64.9300 -31.0000 4.3 344 83 19 251 71 173 7 A05         
06/13/01 04:10:53 -66.4550 -27.1770 5.0 209 30 70 052 62 101             
06/20/01 01:26:24 -69.0120 -33.2110 3.8 133 53 33 022 64 138 21 A05         
06/28/01 04:48:00 -67.8730 -31.2470 3.5 023 40 89 204 50 91 15 A05         
06/29/01 22:33:21 -70.3110 -15.3060 5.4 320 36 -65 110 58 -107 10 MT5 SHZ f 5.4 f 320 f 36 f -65 
07/04/01 12:09:10 -65.7270 -17.1910 6.2 088 23 44 316 74 107 14 MT5 6.1 89 34 51 
07/08/01 00:00:00 -68.9990 -33.1940 3.6 015 49 96 185 41 83 14 A05         
07/24/01 05:00:17 -69.2450 -19.5180 6.3 014 46 -169 276 82 -44 8 MT5 SHZ 6.4 23 71 187 
08/09/01 02:07:01 -72.6810 -14.3120 5.8 305 77 -12 037 79 -167 12 MT5 SHZ 5.9 113 87 13 
08/09/01 06:45:39 -71.9910 -15.5910 5.2 318 47 -5 052 86 -137             
08/10/01 17:39:42 -72.7480 -14.3690 5.4 276 46 -76 076 46 -104             
08/12/01 00:16:32 -70.0000 -16.7010 5.2 130 45 -108 334 48 -73 7 SHZ         
09/17/01 00:00:00 -67.7300 -31.5960 4.0 149 57 56 019 46 130 17 A05         
10/12/01 04:21:38 -69.7260 -33.3540 5.3 222 78 171 314 81 12             
11/12/01 02:24:00 -67.5340 -33.1310 4.1 055 48 104 215 43 75 13 A05         
11/24/01 00:00:00 -67.2140 -33.3460 3.6 098 27 147 218 76 66 25 A05         
11/29/01 19:12:00 -66.9630 -32.1130 4.0 016 46 58 238 52 119 15 A05         
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Table 2.1 continued 
Date Time Location   Nodal Plane 1 Nodal Plane 2 Depth Reference  MT5 solution 
mm/dd/yy hh:mm:ss longitude latitude Mw strike dip rake strike dip rake (km) code Mw strike dip rake 
12/04/01 05:57:19 -72.5210 -15.3740 5.8 239 73 -178 149 88 -17 17 MT5 SHZ f 5.8 f 239 f 73 f -178 
12/05/01 00:00:00 -64.4350 -32.7200 3.8 060 48 96 231 42 83 16 A05         
12/08/01 04:17:22 -72.7100 -15.4190 5.6 315 68 -2 045 88 -158 13 MT5 SHZ 5.7 296 88 329 
12/14/01 00:00:00 -67.7600 -31.8500 4.7 024 69 91 201 21 87 21 A04         
12/15/01 07:12:00 -66.8570 -29.3370 4.0 014 41 82 204 49 97 20 A05         
12/18/01 07:12:00 -66.8590 -32.1240 4.5 166 47 88 349 43 92 17 A05         
01/05/02 07:12:00 -68.6100 -33.3130 4.7 061 22 175 156 88 68 26 A05         
01/19/02 19:12:00 -66.1750 -30.3600 4.0 279 61 -15 017 77 210 7 A05         
02/24/02 14:44:13 -70.1320 -16.3750 5.3 134 43 -111 342 51 -72 10 SHZ         
03/10/02 12:00:00 -67.9650 -31.6500 4.0 021 37 95 194 53 86 15 A05         
03/15/02 00:00:00 -64.0900 -30.9080 4.0 356 43 69 204 50 109 18 A05         
04/17/02 04:48:00 -67.8270 -30.3140 4.2 031 31 124 173 65 72 25 A05         
04/27/02 23:53:59 -67.6000 -30.9980 5.2 034 40 98 204 50 83 21 A05         
05/04/02 12:51:49 -64.5530 -23.2130 5.3 180 21 79 011 70 94             
05/28/02 04:04:28 -66.7680 -28.9420 6.0 180 19 55 036 74 101 12 MT5 6 214 31 97 
07/02/02 20:21:05 -67.7240 -31.1640 5.5 156 40 1 054 81 129 18 MT5 5.4 143 58 12 
08/11/02 12:09:16 -74.6240 -10.6890 5.1 127 42 100 294 49 81 10 MT5 5.2 129 38 122 
12/04/02 21:03:07 -67.6379 -30.0902 4.9 285 28 62 135 65 104             
12/13/02 16:31:17 -71.7043 -15.5274 5.3 253 44 -88 071 46 -92 7 SHZ         
05/03/05 19:11:38 -74.6701 -14.8785 5.9 278 55 -4 010 87 -144 32 MT5 5.9 282 55 358 
10/31/05 02:10:28 -78.8021 -5.8792 5.4 049 55 166 148 78 36 5 MT5 5.4 f 49 f 57 f 169 
11/20/06 14:38:34 -70.2280 -17.6680 5.5 220 41 28 108 72 127 37 MT5 5.4 239 24 72 
03/24/07 19:13:55 -70.1590 -19.7970 5.5 103 40 91 282 50 89 24 MT5 f 5.5 f 103 f 40 f 91 
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Figure 2.2: Continental seismicity of the Central Andes. Base map is 90 m SRTM 
topography. Earthquake focal mechanism solutions are represented in lower 
hemispheric projections, where dark quadrants contain compressional motions and the 
T axis. Accurate event depths are labeled in red. Contours lines represent the depth 
(labeled in km) below sea-level of the subducting Nazca Oceanic plate. Black points 
are the six subduction zone earthquakes discussed in Chapter 1.  
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Centre (ISC), or from the U.S. Geological Survey’s National Earthquake Information 
Center (NEIC). These locations are reported in Table 2.1. Earthquakes with only CMT 
solutions are included in the table. Their depths are left blank, because they lack 
accurate depth determination due to reasons such as poor data quality or insufficient 
data. The events are plotted on subsequent maps to help characterize tectonics of the 
Central Andes, but they are not considered during integration of subsurface structural 
data. 
 
Teleseismic waveform analysis 
P and SH waveform modeling 
Of the 38 events with depths determined in this study, 32 earthquake solutions 
included P and SH teleseismic waveform modeling (labeled MT5 in Table 2.1 
References column). The procedure involved broadband seismograms from the Global 
Digital Seismograph Network (GDSN) and change in the frequency response to that of 
a WWSSN 15–100 long-period instrument using a deconvolution procedure. For this 
range of periods, seismic waves are relatively insensitive to complexities in local 
velocity structure, and an event can be modeled as a point source.  
 
The MT5 program [Zwick, et al., 1994] of the algorithm developed by McCaffrey and 
Abers [1988] and McCaffrey et al. [1991] is used to forward model or invert P and SH 
waveform data depending on data quality. The inversion analysis estimates the source 
time function, moment, strike, dip, rake and depth. Constraining the source to be a 
pure double-couple, modeling includes P, pP and sP phases on vertical component 
seismograms in the epicentral distance range 30° to 90°, and S and sS phases on 
transverse components in the range 30° to 75°. MT5 corrects amplitudes for 
geometrical spreading and for anelastic attenuation using a Futterman Q operator with 
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a value t* of 1.0 s for P and 4.0 s for SH waves. A simple half-space source structure 
was used with velocities VP = 6.5 km/s, VS = 3.7 km/s and density ρ = 2800 kg/m3. The 
Global CMT focal mechanism solution [Dziewonski, et al., 1981] or that reported by 
the NEIC are used as a starting models and are the initial input parameters into the 
MT5 program, the “seed” solution. 
 
When data quality and azimuthal distribution is good, the MT5 program is permitted 
to invert for moment, strike, dip, rake, and depth, while a simple source time function 
is used (see Chapter 1 for details). Those solutions are reported in the MT5 solution 
column in Table 2.1, where seismic moment has been converted to moment 
magnitude, Mw. When data quality, quantity, or azimuthal distribution is poor, a full 
MT5 inversion solution can be difficult to determine due to factors such as high 
signal-to-noise ratio or poor focal sphere coverage. Three alternatives to a full solution 
inversion are then used to constrain source parameters, or at least better constrain 
source depth. One alternative holds moment, strike, dip, and rake fixed to that of the 
seed solution and only inverts for a best-fit depth. The second alternative is used when 
SHZ depth solutions are available (this solution determination is described below). 
Source depth is held fixed to the SHZ solution and inversion for best-fit focal 
mechanism and moment are then carried out. Thirdly, if a SHZ depth solution is 
determined but poor data quality limits inversion, forward modeling is preformed 
where the moment and focal mechanism are held fixed to the seed solution and the 
depth is held fixed to the SHZ solution. Quantities that are held fixed during the 
modeling procedure are labeled with the prefix “f” in the MT5 solution column in 
Table 2.1. Plots of the waveform inversion solution and sensitivity analyses (see 
Chapter 1 for examples and descriptions) are made to illustrate the P and SH 
waveform modeling solutions. The plots for each earthquake is contained in Appendix 
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A and ordered according to date. Typical uncertainties in depth solutions are ± 5 km, 
which is sufficient to describe the depth distribution of continental seismicity. 
 
SHZ depth determination 
To provide an additional constraint on focal depth by utilizing a complementary 
dataset, depth phases (the surface reflections pP and sP) from short-period, vertical 
component, teleseismic records are analyzed for some events. Depths determined 
through this method are labeled SHZ in the Reference column of Table 2.1. The 
separation times between pP and P and between sP and P provides a relatively well-
constrained estimate of source depth. When phase arrivals are identified on waveform 
records, forward modeling using an average velocity structure is performed to 
determine source depth. The TTIMES program [Kennett, et al., 1995; Montagner, 
1996] performs the forward modeling of estimated phase arrival times. The 
differential travel times between pP - P and sP - P provided by TTIMES is then 
compared to the times picked on the seismic record and the depth reported by 
TTIMES is used as the SHZ depth solution, which was referred to earlier in this 
section.  
 
Earthquakes in the foreland and Eastern Cordillera 
The forelands and Eastern Cordillera of the Central Andes are more seismically active 
than the plateau or forearc regions (Figure 2.2). To see how deformation is 
accommodated in these regions along the entire orogen, Figure 2.3 was constructed. It 
shows P, B, and T axes for all foreland events from 5°S to 35°S in the Central Andes. 
Contours illustrate 4-sigma intervals after Kamb [1959] using the StereoWin program 
[Allmendinger, 2002]. Analysis of the P axes orientations is consistent with east-west 
shortening oriented ~ 92°. This orientation deviates from the direction of Nazca-South 
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 Figure 2.3: P, B, and T axis orientations of foreland earthquakes of the Central Andes. 
Black dots are the individual axis orientations on a Schmidt equal-area lower-
hemisphere projection. Black, dark gray, light gray, and white contours illustrate 4-
sigma intervals after Kamb [1959] using the StereoWin program [Allmendinger, 
2002].
80 
 
America plate convergence, which is ~ 77° [Angermann, et al., 1999; Norabuena, et 
al., 1998]. The ~ 15° difference in these directions could be due to the influence of 
local structure on focal mechanism orientation, the effects of oblique subduction along 
a curved plate boundary, or complex along-strike variability in Andean deformation. 
The influence of local structure on the orientation of focal mechanisms is shown to be 
important later in this chapter. 
 
Continental seismicity above flat subduction 
Figure 2.2 shows that the foreland regions above flat subduction remain two of the 
most seismically active regions of the central Andes consistent with previous findings 
[e.g., Chinn and Isacks, 1983; Jordan, et al., 1983]. Dominant focal mechanism 
orientation in these regions is compressional with a few strike-slip mechanisms. 
Figure 2.4 plots the compressional (P) axis orientations for the earthquakes above flat 
subduction to assess whether orientation of plate convergence or mountain-front 
geometry control axis orientation. The figure shows individual P axes in gray, a rose 
diagram analysis of the data in black, and the colored arrows are the trend of plate 
convergence in red [~77°, Angermann, et al., 1999; Norabuena, et al., 1998] and the 
perpendicular line to the strike of the mountain front (blue). Each “petal” on the rose 
diagram is plotted according to axis trends and the size of the petals is proportional to 
how many axes fall with that trend direction. The strike of the mountain front was 
taken from the STRM topography. The comparisons do not illustrate a clear 
conclusion. The Peru P axes are more consistent with the trend of plate convergence, 
while the Argentine data is slightly more consistent with mountain front geometry.  
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Figure 2.4: Analysis of focal mechanism P axes of Central Andean foreland 
earthquakes above regions of flat subduction. Plots are lower hemispheric projections. 
Gray dots are axis orientations for individual earthquakes. Black shapes illustrate a 
Rose Diagram describing P axis trends. The blue arrows represent the trend 
perpendicular to the strike of the foreland-side mountain front, which is ~055° for 
Peru and ~085° Argentina. The red arrows represent the trend of plate convergence 
between South America and Nazca , ~77° [Angermann, et al., 1999; Norabuena, et al., 
1998].
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Additionally, these two separate trends are consistent with principle infinitesimal 
strain axes resolved from GPS data [Allmendinger, et al., 2007], where a dominant 
east-west compression direction is shown in the Argentine foreland and a roughly 
northeast-southwest compression direction is resolved in the Peruvian foreland. 
Therefore, these plots show that it is unclear whether the compressional axis 
orientation of these large regions is correlates with the trend of plate convergence or 
the geometry of the foreland-side mountain front, but the focal mechanism P axes 
orientations do appear consistent with strain directions resolved from GPS velocities. 
To understand how the individual earthquakes fit into more regional-scale structures, 
as opposed to broad plate boundary comparisons, the remaining parts of the section 
integrate the earthquakes with SRTM topography and subsurface structural data at 
smaller scales. 
 
Argentina from 27° to 35°S 
Continental seismicity between 27° and 35°S is predominately located in the foreland 
region of the Sierras Pampeanas, where reverse basement thrusts dominate the 
structural style and basement block uplifts dominate the topographic signature. The 
basement-cored structures are comprised of crystalline Precambrian–Early Palaeozoic 
rocks. Uplift resulted from compression during late Cenozoic time and the location of 
deformation appears largely controlled by older structural fabrics. Most of this area is 
made up of pre-Carboniferous accreted terranes. The major terrane sutures have 
experienced periods of extensional and compressional deformation since the Jurassic 
[e.g., Ramos, et al., 2002 and references therein]. The Sierras Pampeanas province is 
composed of uplifted and tilted formations separated by broad and relatively 
undeformed basins [e.g., Jordan, et al., 1983]. These uplifts are considered a modern 
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analogue to the Laramide uplifts of the western United States [Jordan and 
Allmendinger, 1986; Jordan, et al., 1983].  
 
Numerous studies have contributed to characterizing crustal seismicity in the region: 
Alvarado et al. [2005], Alvarado and Beck [2006], Assumpçao and Araujo [1993], 
Chinn and Isacks [1983], and Kadinsky-Cade et al. [1985], whose data are included in 
Table 2.1. Smalley and Isacks [1990], Regnier et al. [1992], and Smalley et al. [1993] 
analyzed data from local seismic networks. Although data (e.g., locations, magnitudes) 
from those studies was not available, their findings are also consistent with the 
following interpretations. Earthquakes in the region of the Sierras Pampeanas range in 
depth from the near surface to a maximum of ~ 45 km. Seismic imaging reveals Moho 
depths range from ~ 40 km in the east to ~ 60km in the west [Calkins, et al., 2006; 
Fromm, et al., 2004; McGlashan, et al., 2008]. The deepest seismicity [~ 45 km, 
Smalley and Isacks, 1990] occurs beneath the Sierras Pampeanas basement uplifts 
where Moho depths reach ~ 50 km, so the entire crust appears seismically active. 
 
This study analyzes structures of the Sierras Pampeanas in two places: at ~ 29°S in 
Figures 2.5 and 2.6 and at ~ 31°S in Figure 2.7 and 2.7, where each latitude has a map 
view image and accompanying cross sectional view image. Please note that cross 
section transect labels (A-A’ through J-J’) are ordered alphabetically north to south 
throughout the Central Andes. A-A’ is located in northern Peru at ~ 6°S and will be 
discussed later in this chapter, and J-J’, the southernmost transect, occurs at ~ 31°S. 
The map view images (Figures 2.4 and 2.6) illustrate the topographic expressions of 
the Sierras Pampeanas’ uplifted and tilted formations separated by broad and relatively 
undeformed basins consistent with long wavelength deformational formations of 
basement thrust structures.
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Figure 2.5: Map view of the Sierras Pampeanas at ~ 29°S. The black line and end 
labels illustrate the location of the cross section shown in Figure 2.6. The following 
description applies for each map view image in this chapter. For conciseness, the 
description is only explained once. SRTM 90 m topography base map with blue and 
green areas of low topography grading into areas of high topography in white and 
orange. Earthquake focal mechanism solutions are represented in lower hemispheric 
projections, where dark quadrants contain compressional motions. Accurate events 
depths are labeled in red. In accompanying cross sections, earthquake locations were 
projected into the transect perpendicular to the strike of the cross section. White 
dashed lines on maps indicated where non-perpendicular focal mechanism projections 
were used and the line shows the orientation of the projection. This is usually done 
when topographic trends indicated it is warranted.
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Figure 2.6: Cross sectional view of the Sierras Pampeanas at ~ 29°S, see Figure 2.5 for 
map location. (top) Ramos et al.’s [2002] structural interpretation at 29°S. (bottom) 
Topographic profiles at 10:1 and 1:1 elevation to length scales along with an 
interpretation of projected earthquake focal mechanism orientations and the structures 
illustrated in the top section. All profile images throughout this chapter have 
subsurface depth to length scales of 1:1, labels describe elevation to length scales, and 
dashed black lines are sometimes drawn on focal mechanisms to emphasize fault plane 
orientations.
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Figure 2.7: Map view of the Sierras Pampeanas at ~ 31°S. The black line and end 
labels illustrate the location of the cross section shown in Figure 2.8.
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Figure 2.8: Cross sectional view of the Sierras Pampeanas at ~ 31°S, see Figure 2.7 for 
map location. (top) 10:1 topography with projected focal mechanisms. (bottom) 1:1 
topography with projected focal mechanisms and select fault interpretations from 
Ramos et al.’s [2002] structural interpretation at 31°S. 
 90 
91 
I-I’ – Sierras Pampeanas at 29°S - Figure 2.5 is a map view image of the northern 
Sierras Pampeanas transect (I-I’) at ~ 29°S and Figure 2.6 is the corresponding cross 
sectional view. The transect crosses the Sierras de Famatina, Velasco, and Ancasti and 
two interpreted terrane boundaries, one between the Cuyania and Famatina Terranes 
and one between the Famatina and Pampia Terranes (Figure 2.6). Five earthquakes 
with well-determined depths could potentially be related to structures controlling the 
uplift of these mountains and their depths range from 12 to 32 km (Figure 2.5). Ramos 
et al. [2002] developed a structural interpretation at 29°S, which is summarized in 
Figure 2.6. Earthquake mechanism orientations are predominantly thrust with steeply 
dipping fault planes of variable strike. Two strike-slip mechanisms occur along 
~66°W longitude, one with at a depth of 7 km and the other with an unknown depth. 
They both occur well off the transect in flat basins, so distance from the cross section 
and lack of surface expression of fault-controlled structures give little indication how 
the strike-slip fault motions fit with the structural interpretation. Subsurface seismic 
imaging data are not available to constrain subsurface geometries through this area, 
but Ramos et al. [2002] reviewed surface geology that indicates a double-wedge thrust 
system likely controls the uplift of the mountains and coincides with major terrane 
boundaries (Figure 2.6). Four of the five events mapped on the cross section in Figure 
2.6 have fault plane orientations and fault motions consistent with thrusting along 
Ramos et al.’s [2002] thrust system. Two events occurred beneath the Velasco system, 
an imbricate thrust system accommodating motion between the Famatina and Pampia 
terranes. One event occurred at 32 km depth consistent with the shoaling basement 
thrust between the Cuyania and Famatina terranes. Equally, it could be consistent with 
an east-dipping reverse fault bounding the west side of the Sierra de Maz located at ~ 
100 km in the bottom section of Figure 2.6. The 14 km deep event maps at the 
décollement level of the thin-skinned structures of the Argentine Precordillera. An 
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event at ~ 25 km between the Precordillera and Famatina system does not correlate to 
any interpreted structures. However, the earthquake occurs below the Sierra de Maz 
consistent with the topographic trend of the Valle Fertil lineament shown in Figure 2.4 
by the white dashed line. The high beneath the earthquake may relate to the high at 
approximately 110 km on Figure 2.6, bottom plot. The event was projected from the 
farthest distance onto the transect. This calls into question whether the event should be 
projected onto the section, but the map view topographic trends suggest that the event 
may be related to basement structures controlling topographic highs not captured in 
the Ramos et al. [2002] interpretation. One additional event (not pictured) occurred on 
07 September 2004 at a depth of 8 km [Alvarado, personal communication] associated 
with thrusting beneath the Sierrra de Ambato, which is located between and slightly 
north of the Sierras de Velesco and Ancasti.  
 
J-J’ – southern Sierras Pampeanas at ~ 31°S - Figure 2.7 is a map view image of 
the southern transect (J-J’) at ~ 31°S and Figure 2.8 is the corresponding cross 
sectional view. The transect is considered one of the most complete exposed sections 
of the entire Sierras Pampeanas [Ramos, et al., 2002] and has been studied extensively 
by local seismic network studies [Alvarado, et al., 2005; Regnier, et al., 1992; Smalley 
and Isacks, 1990; Smalley, et al., 1993]. Seismicity along the profile is concentrated 
between the Zonda and Valle Fértil fault systems, with the largest number of events 
occurring beneath Sierras de Pie de Palo (Figure 2.8). Neotectonic structures and 
Quaternary active faulting are known along the west-bounding fault of the Sierra de 
Valle Fértil and present-day tectonics and uplift are concentrated further west in the 
Sierra de Pie de Palo [Ramos, et al., 2002]. Figure 2.7 and 2.8 are consistent with such 
similar neotectonic activity. Five earthquakes with well determined depths occurred 
beneath the Valle Fértil system, four of those events have thrust mechanisms with 
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fault planes consistent with compression along its west-bounding basement structure 
(Figure 2.8). Alvarado and Beck [2006] used teleseismic waveform modeling to 
determine source parameters for two historical earthquakes, the January 15, 1944 
event (Mw 7.0) and the June 11, 1952 event (Mw 6.8). Both earthquakes have depths 
of < 12 km and are the two westernmost events in Figure 2.8. Alvarado and Beck’s 
[2006] profile interpretation of the January 15, 1944 event is consistent with the 
geologic model proposed by Ramos et al. [2002] between the Precordillera and the 
Sierra Pie de Palo, where one major east-dipping thrust basement fault extending up to 
10–15 km depth beneath the Tulum valley with several thrust branches as it becomes 
shallower, the Zonda fault system. A diffuse distribution of seismicity from ~ 5 to 15 
km depth was also seen in the same region by Smalley et al. [1993], which may be 
related to the east-dipping thrust structures.  
 
The most seismically active uplift of the Sierras Pampeanas is the Sierra de Pie de 
Palo [e.g., Jordan and Allmendinger, 1986; Siame, et al., 2005]. This is illustrated in 
Figure 2.8, as well as in a more detailed view in Figure 2.9. Deformation of Pie de 
Palo started at approximately 3 Ma and continues to the present with a shortening rate 
of about 4 mm/yr and an uplift rate of 1mm/yr [Brooks, et al., 2003; Ramos and 
Vujovich, 2000]. Beneath Pie de Palo the predominance of thrust-type focal 
mechanisms suggests active compression. Deformational structures with different 
geometries have been proposed to control deformation beneath Pie de Palo. Two 
bands of seismic activity constrained by a local network study was used to propose 
that two décollement levels may accommodate deformation beneath Pie de Palo, one 
at about 12 to 15 km depth and another at 22 to 25 km [Regnier, et al., 1992]. Further, 
Ramos and Vujovich [2000] and Ramos et al. [2002] proposed the décollements were 
part of an east-vergent basement wedge (Figure 2.9 middle), so that Pie de Palo is a  
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Figure 2.9: Detailed cross sectional view of the seismicity and proposed structures 
beneath Sierre de Pie de Palo. Length scale on the top is the same as in Figure 2.8 and 
illustrates the subset of topographic data from that figure that was used to create these 
profiles. The events outlined in red, yellow, and blue are the three largest historic 
earthquakes to occur in this region. Their outline colors correspond to the red, yellow, 
and blue descriptions in the figure. (top) Profile shows earthquake focal mechanisms 
projected into a depth profile with limited structural interpretation. The Ramos et al., 
2002 profile shows the earthquakes and how they relate relative to the structural 
interpretation of  Ramos and Vujovich [2000] and  Ramos [2002]. The Siame et al., 
2005 profile shows how the earthquakes relate to the proposed structures of Siame et 
al. [2005]. Moho geometry was derived from Calkins et al. [2006] and McGlashan et 
al. [2008].
95 
96 
basement anticline above a mid-crustal wedge. Ramos et al.’s interpretation is 
consistent with the rounded topography of Pie de Palo, which is suggestive of a large 
wavelength basement fold (Figure 2.7). Siame et al. [2005] proposed Pie de Palo is 
bounded to the east and west by faults with opposing dips, so that Pie de Palo is a pop-
up basement block (Figure 2.9 bottom). 
 
Earthquake hypocentral locations collected in this chapter do not resolve two bands of 
activity, as seen by Regnier et al. [1992]. The earthquakes show one band. Events 
occur from 15 to 25 km beneath Pie de Palo (Figure 2.8), roughly between the 
proposed décollement levels. Kadinsky-Cade et al. [1985] combined leveling data and 
seismic observations to study the 1977, Ms 7.4 Caucete and constrain rupture 
parameters. Best-fit fault rupture was determined to have occurred on a west-dipping 
fault from ~17 to 25 km depth (Figure 2.9). Neither structural interpretation illustrated 
in Figure 2.9 fits with focal mechanism fault plane orientations or the best-fit fault 
rupture geometry of the 1977 Caucete earthquake. However, as indicated by the range 
in depths of the earthquakes in local and teleseismic studies and the best-fit rupture 
geometry of the 1977 Caucete earthquake, the depth range between 12 to 25 km 
appears to be accommodating a significant about of diffuse deformation. Earthquake 
focal planes do not map into a simple geometry, but the depths of the earthquakes and 
the mid-crustal depth of the proposed basement wedge structure are consistent. So an 
interpretation may be that the earthquakes are reflecting diffuse deformation 
associated with the proposed basement wedge structure of Ramos and Vujovich 
[2000] and Ramos et al. [2002] rather than illustrating controlling master faults. 
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Peru from 5°S to 14°S 
The foreland of Peru is largely dominated by the Subandean zone, which includes the 
Santiago and Huallaga basins, the Ucayali basin, and the basement highs of the Shira 
uplift (Figure 2.10). The Subandean zone is considered an active fold and thrust belt 
that developed since the Miocene [Mathalone and Montoya R, 1995; Megard, 1987]. 
It is made up of thrust-related anticlines spaced ~ 25 km apart. Elevations reach ~ 2 
km near the Eastern Cordillera and decrease to the east. The Ucayali basin extends 
between 7° and 12°S latitudes and belongs to the greater Amazonian foreland basin. 
South of Ucayali, basement-involved thrusting builds the Shira uplifts. The Eastern 
Cordillera bounds the hinterland side of the foreland region, where elevations can 
reach ~ 6 km and vast basement blocks are cut by numerous subvertical longitudinal 
and transverse faults [Megard, 1987].  
 
Figure 2.10 is a map view of continental seismicity of the Peruvian Andes above flat 
subduction. A-A’ through E-E’ are different cross sectional views used to interpret 
how crustal seismicity relates to the deformational structure zones. Most earthquakes 
are located in the foreland regions, while a lesser number appear in the hinterland. 
Two oblique normal fault events with undetermined depths appear associated with 
Cordillera Blanca detachment fault of western Peru. This detachment fault has 
unroofed an ~ 8 Ma batholith, which now creates the highest mountain range in Peru 
[McNulty and Farber, 2002; McNulty, et al., 1998]. Mechanisms are predominantly 
thrust in the foreland regions with three strike-slip events occurring west of the Shira 
uplift. In contrast to the foreland regions, six oblique slip events, two thrust events, 
and two normal-type earthquakes occurred beneath the hinterland regions elucidating 
a mixture of possible stress regimes at high elevations. Earthquakes range in depth  
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Figure 2.10: Continental seismicity of the Peruvian Andes above flat subduction. A-A’ 
and B-B’, C-C’, D-D’, and E-E’ are different cross sectional views shown in Figures 
2.11 and 2.12, 2.13, 2.14 and 2.15, and 2.16 and 2.17, respectively.
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from 5 to 33 km in the foreland regions and from 5 to 14 km beneath the Eastern 
Cordillera. 
 
A-A’ and B-B’ – the Santiago and Huallaga basin regions - Figures 2.11 and 2.12 
are maps and cross section images of the northernmost extent of this study’s area of 
interest, so they show areas involving cross sections A-A’ and B-B’. These sections 
capture relationships between seismicity and deformational structures of the 
Subandean regions of the Santiago and Huallaga basins. These regions are comprised 
of broad, Triassic-salt-related thin-skinned fold and thrust belt with inverted basement 
thrusts at their eastern edge which also underlie the thin-skinned structures in some 
places [Hermoza, et al., 2005; Mathalone and Montoya R, 1995]. The basement 
thrusts are interpreted as inverted graben structures of Permian-Triassic age [Hermoza, 
et al., 2005; Mathalone and Montoya R, 1995]. Earthquakes occurred at mid- to lower 
crustal depths, from 14 to 33 km, and one event occurred in the Eastern Cordillera at a 
shallow depth (5 km). 
 
Four earthquakes occurred beneath the Santiago basin and two additional events 
occurred at it northern edge (A-A’). Although the basin shows little surface expression 
of deformational structure, deformation from mid- to lower crustal depths beneath the 
basin appears to be occurring. No interpretation of subsurface structure beneath the 
basin could be found, but farther north Mathalone et al. [1995] interprets a 
décollement at a depth of ~ 10 km underlying the northern Santiago basin, so the 
thrust earthquakes at depths of 14 to 29 km would locate in basement thrusts 
underlying the thin-skinned basin. Additionally, seismic imaging beneath the 
neighboring Huallaga basin provides indications of what types of blind fault structures 
may be rupturing at these depths. Lastly, A-A’ illustrates that the 5 km deep  
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Figure 2.11: Map view of the cross sections A-A’ and B-B’ shown in Figure 2.12.
101 
Figure 2.12: Cross section views of A-A’ and B-B’, see Figure 2.11 for map locations. 
(A-A’) 10:1 elevation with projected focal mechanisms. (B-B’) 10:1 elevation with 
projected focal mechanisms. Beneath B-B’ is the balanced cross section interpretation 
of Hermoza et al. [2005] and projected earthquake mechanisms with respect to 
structures.
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earthquake beneath the Eastern Cordillera has steep focal plane solutions consistent 
with subvertical faults typical of this region and a strong NW-SE linear topographic  
trend is apparent on the SRTM topography suggesting that the NW-SE oriented focal 
plane is likely the fault plane of this earthquake. 
 
B-B’ crosses the Eastern Cordillera, the Subandean zone of the Huallaga basin, and 
the bounding basement structures of the Contaya arch. Hermoza et al. [2005] 
constructed a balanced cross section along this transect based on subsurface seismic 
imaging. The section maps near where three moderate-sized earthquakes occurred at 
mid- to lower crustal depths, so the events are likely the result of basement 
deformation. Of these events, the westernmost earthquake occurs beneath the well 
imaged décollement of characteristic Subandean thin-skinned fold and thrust belt 
structures indicating basement shortening beneath the shallow features. Another 
earthquake maps within the Contaya arch basement structure that bounds the 
Subandean zone in the area. The third event is located off the Hermoza et al. section, 
but its hypocentral location places the event at 24 km depth beneath the relatively 
undeformed Marañon basin. This event likely indicates basement-involved 
deformation with minimal surface expression. These findings are consistent with the 
interpretation that thrust-type seismic deformation at mid- to lower crustal depths 
beneath the Santiago, Huallaga, and Marañon basins occurs in basement rocks along 
inverted Permo-Triassic rift structures.  
 
C-C’ – Peruvian foreland at 8°S - Transect C-C’ (Figure 2.13) is located from 
approximately 8.5° to 8°S crossing from the Eastern Cordillera into the Subandean 
zone. This section location was chosen because two earthquakes with well-determined 
depths occurred along it. No associated known subsurface structural data exist for this  
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Figure 2.13: (top) map view location of cross section C-C’ (bottom).
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region, but some information can be gleaned from relating the events within the 
topography profile and map. The two earthquakes occurred at 5 and 33 km depth. The 
33 km depth event occurs beneath Subandean-type structures. The wavelength of these 
ranges is < 25 km consistent with thin-skinned structures similar to interpreted thin-
skinned structures around the Huallaga basin in Figure 2.11. The depth of this event 
places this event in the lower crust, so similar to events beneath Santiago and Huallaga 
this event indicates basement deformation of the lower crust beneath thin-skinned 
structures.  The 5 km deep event occurs in a transitional area between the Subandean 
zone and Eastern Cordillera. The event also occurs were a basin to the north meets a 
presumed thin-skinned range system to the south. With these four different types of 
provinces intersecting, it is difficult to categorize whether this event occurred beneath 
a Subandean-type region or that of the Eastern Cordillera. Hermoza et al.’s [2005] 
regional structural map figure shows an east-dipping fault bounding this range. With 
regard to the earthquake focal planes, this is consistent with slip on the steeply dipping 
focal plane and subvertical shallow deformation is consistent with patterns seen in the 
Eastern Cordillera and not the Subandean zone. Therefore, the topography and 
seismicity suggest that the 5 km event is likely associated with Eastern Cordillera-type 
deformational structures. 
 
D-D’ – the Shira uplifts - From southwest to northeast, profile D-D’ crosses the 
Eastern Cordillera, Subandean zone, Shira uplifts, and the Ucayali basin (Figure 2.14). 
The profile is oriented perpendicular to the western boundary of the large Shira uplift, 
also referred to as Shira mountain. Figure 2.14 shows the profile map orientation on 
the top and the 10:1 and 1:1 topographic cross sections on the bottom. North of the 
section James and Snoke [1994] calculated estimates of depth to the base of the crust 
and found Moho depth of 35 km beneath the Ucayali basin deepening to 50 km at the  
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Figure 2.14: (top) map view location of cross section D-D’ (bottom).
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edge of the Eastern cordillera. Eleven earthquakes in this region have well-constrained 
depth estimates. Five of those events cluster around the western side of the Shira 
mountain and have shallow to mid-crustal depths of 5 to 18 km. Three events occur 
within the Subandean zone between Shira and the Eastern Cordillera at mid-crustal 
depths of 14 to 24 km likely occurring on décollement or within basement structures 
beneath the thin-skinned Subandean structures. Three events with well-determined 
depths occur beneath the Eastern Cordillera. The events occur from 12 to 14 km depth. 
 
The Shira uplifts provide a unique opportunity for integration of seismic, topographic, 
and structural data (Figure 2.15).  The uplifts are a series of tilted fault blocks. The 
short wavelength (< 25 km) of the tilted blocks along E-E’ suggests they are fault-
controlled at a shallow level, but the larger Shira mountain has a longer topographic 
wavelength which may indicate deeper controlling structures. Shallow and mid-crustal 
seismicity are clearly associated with its tectonic structures with youthful topographic 
expression. Although the extremely wet climate in this rain forest region would 
rapidly erode sharp topography, the tectonic signature is quite strong. Fluvial incision 
into the low relief surfaces of the uplifted and tilted thrust blocks is clearly youthful 
and the bounding fault scarps are sharp and little eroded. Six earthquakes trace the 
western side of the Shira mountain and four of those are thrust mechanisms with well-
determined depths and fault plane consistent with the trend of the western edge of 
Shira.  
 
Nodal plane geometries of the three 5 km depth events and the 10 km event were used 
to investigate Shira’s south-bounding structure using fault geometry reconstruction by 
assuming a tilted fault block and listric fault geometry [e.g., Jordan and Allmendinger, 
1986]. This is illustrated in the d-d’ profile (Figure 2.16). d-d’ is a subset of profile  
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Figure 2:15: Detail map of the Shira uplifts. Profile d-d’ is a subset of D-D’ from 
Figure 2.14 and is shown in Figure 2.15. Profile E-E’ is found in Figure 2.17. Dashed 
polygon illustrates the map outline from Espurt et al.’s [2008] Figure 10 from which 
the interpreted fault orientations shown in thin black lines were taken.
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Figure 2.16: Fault geometry reconstruction by assuming a tilted fault block and listric 
fault geometry performed on the south-bounding structure of the Shira mountain. See 
text for modeling constrains and results.
109 
D-D’ in Figure 2.14. A composite focal mechanism solution was used of the three 5 
km events. A listric, arc fault geometry was assumed and constrained by Shira’s 
topographic tilt (Figure 2.16 red line) and the earthquake focal plane orientations. The 
analysis predicts a west-vergent thrust fault dipping 56° that shoals at a depth of 20 
km controls the uplift of the southern boundary of the Shira uplift. Both Hermoza et al. 
[2005] and INGEMMET [1999] illustrate Shira’s south-bounding structure as an east-
dipping thrust fault, consistent with the reconstruction. However, Espurt et al. [2008] 
interpret Shira’s southern structure differently (Figure 2.17). Espurt et al. [2008] 
generated regional balanced cross sections from surface and subsurface seismic 
imaging lines to investigate deformation throughout the region (Figure 2.15 and 2.17). 
They interpret deep deformation along basement thrusts controlling thin-skinned thrust 
sheets of the Shira uplifts. Their seismic data imaged the thin-skinned structures of the 
Subandean zone and the Atalaya back-thrust system (Figure 2.17), but limited fault 
exposure and no seismic imaging is available for the Shira’s south-bounding structure 
where the earthquakes are located. Figure 2.17 illustrates profile E-E’ with a 
topographic 10:1 profile (a) and Espurt et al.’s balanced  cross section with projected 
earthquake focal mechanisms in (b). The 5 km deep earthquakes do not map onto 
interpreted structures, while the 10 km event may be consistent with Espurt et al.’s 
Shira thrust 2 geometry. However, since the southern structure of Shira has not been 
seismically imaged and the 5 km earthquakes are not consistent with Espurt et al.’s 
interpretation, part (c) and (d) of Figure 2.17 illustrate an alternative geometry for the 
south-bounding structure of the Shira mountain using the fault reconstruction 
geometry from Figure 2.16. (c) shows the analysis superimposed on the Espurt et al.’s 
balanced cross section and (d) shows a new interpretation of basement structure 
geometry where the Shira mountain acts as a pop-up basement block bounded on both 
side by faults of opposing dips. This new geometry is consistent with Hermoza et al.  
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Figure 2.17: Detailed cross section view of the Shira uplifts, E-E’. Map view is in 
Figure 2.15. (a) 10:1 topography with depth-projected focal mechanisms. (b) balanced 
cross section from Espurt et al. [2008] and depth-projected focal mechanisms. (c) 
balanced cross section from Espurt et al. [2008], super-positioned fault reconstruction 
from Figure 2.16, and depth-projected focal mechanisms. (d) new interpretation of 
Shira mountain as a pop-up basement block structure.
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[2005] and INGEMMET [1999] and is similar to the bounding structures of the 
Famatina system in the thick-skinned Sierras Pampeanas (Figure 2.6). Additionally, 
Figure 2.17 shows that the 14 km deep earthquake beneath the Subandean zone maps 
beneath the < 10 km deep décollement level, so the event occurred in basement 
structures without known geometries. Two strike-slip events occurred along the 
western side of the Shira uplift. One event has a depth of 18 km and the other depth is 
unknown. It is not clear how these motions fit into the thrust structure of Shira, but 
their existence suggests the mountains are accommodating some transpressional 
stresses. 
 
Continental seismicity in the Eastern Cordillera and foreland above steep subduction 
Foreland regions above normal subduction are characterized by thin-skinned fold and 
thrust structures topographically expressed as a series of subparallel ridges. Folding 
has small wavelengths (5-10 km) and generally faults are steep thrust fault (45-60°). 
There are two foreland regions above areas of normal subduction that exhibit 
seismicity. One is located from 15° to 19°S near the cities of Cochabamba and Santa 
Cruz, Bolivia. The other is located between 22° and 25°S just north of the Santa 
Barbara system (Figure 2.2). Both regions are located where changes in foreland 
structural style occur (Figure 2.1 and 2.2). The northern zone occurs where the 
Subandean fold and thrust belt decreases significantly in width accompanied by a 45-
degree change in trend of the fold-thrust structures creating an elbow shape (the Santa 
Cruz bend) in the landscape. South of that region, the Subandean zone is a pronounced 
thin-skinned fold and thrust belt with north-south trending structures mapping a large 
zone over 200 km wide and 500 km long. At 17°S, this belt reduces significantly in 
width to about 100 km and fold-thrust structures begin trending NW-SE (Figure 2.18). 
In the southern seismically active region, the Bolivian thin-skinned structures to the  
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Figure 2.18: Seismicity of the Bolivian foreland, map (left) and P axis orientations 
(right). Profile F-F’ is located in Figure 2.19. Earthquakes break up into three distinct 
groups according to focal mechanism orientation and location of the events. These 
groupings are designated by three different colored circles that surround the 
earthquake groups – red, yellow, and blue. Analysis of the different groups’ P axis 
orientations is shown on the right, and the color of the analyses correspond to the 
earthquake group colors. Lines on the P axis plots are the average trend of the axes, 
the value of which is labeled.
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north transition and foreland deformational style changes to the thick-skinned thrust 
belt structures of the Santa Barbara system. Elsewhere, thin-skinned structures of the 
Central Andean foreland remain aseismic (Figure 2.1). Since continental earthquakes 
above normal subduction occur where major structural transitions occur, it is possible 
that stresses are concentrating in these zones due to structural complexities which 
cause the higher level of seismic activity. This study will now explore how seismicity 
integrates into the regional structures of these areas. 
 
From 15° to 19°S, the Cochabamba and Santa Cruz region - The topography in 
Figure 2.18 illustrates the changes in width and trend of the Bolivian Subandean zone. 
In the south a broad zone of N-S trending thin-skinned structures narrow into a smaller 
zone trending NW-SE in the north around the Santa Cruz bend. In addition to the bent 
geometry of the fold-thrust belt, another distinct topographic feature are the basins 
near the city of Cochabamba. These basins lay within the Interandean zone between 
the fold-thrust belt and the Eastern Cordillera around 17.5°S. The basins are 
considered a thin-skinned pull-part system controlled by bounding tear faults that 
accommodate E-W left-lateral motion [Allenby, 1987; Dewey and Lamb, 1992; 
Sheffels, 1995].  
 
Earthquakes break up into three distinct groups according to focal mechanism 
orientation and location of events. These groupings are designated by three different 
colored circles that surround the earthquake groups. The events circled in red are 
thrust events with nodal plane orientations consistent with the NW to SE trending 
structures and earthquakes circled in blue have planes oriented with local N-S trends. 
Further west, in areas of high elevations, strike-slip earthquakes (yellow circle) 
dominate event orientations. Averaging of group P axis orientations (Figure 2.18) 
116 
illustrates rotation of dominant focal mechanism orientation around the Subandean 
band suggesting that structural trends and strike of the mountain front geometry 
influence compressional axis orientation in this region.  
 
14 and 20 km are the two well-determined depths for the Subandean events. These 
events occurred near where subsurface imaging and interpretations have been done 
[Baby, et al., 1995; Baby, et al., 1997; McQuarrie and Davis, 2002] (Figure 2.19 F-
F’). A generalized version of the McQuarrie and Davis [2002] interpretation is shown 
in Figure 2.19. This is used to elucidate a few consistent features among the multiple 
interpretations that have been published [Baby, et al., 1995; McQuarrie and Davis, 
2002; Roeder and Chamberlain, 1995]. The short-wavelength structures of the 
Subandean fold-thrust belt are bound to the east by undeformed plains. West are the 
Interandean zone and Eastern Cordillera where increases in topography occur along 
with involvement of basement deformational structures. The 20 km deep event occurs 
beneath an undeformed basin consistent with where Sheffels [1995] has proposed a 
Paleozoic basin margin impinges on the edge of the Subandean zone and is 
responsible for the bent foreland geometry. Compression between the basin margin 
and Subandean zone may be reflected with this event. The 14 km event occurs were 
Interandean basement-involved deformation occurs. Décollement depth interpretations 
beneath the Interandean zone are around 15 km [Baby, et al., 1997; McQuarrie and 
Davis, 2002], so the thrust event at ~ 14 km with a shallow west-dipping fault plane 
could have occurred along the décollement. 
 
Determined depths for the strike-slip events are 5 and 13 km. One of these events was 
the Mw 6.6 Aiquile, Bolivia event that occurred in 1998. The best-fit waveform 
modeling solution appears in Figure 2.20, which shows a relatively good waveform fit  
117 
Figure 2.19: Cross section F-F’ for interpretation of the seismicity of the Bolivian 
foreland from Figure 2.18.  (top) 10:1 topographic profile and earthquakes projected 
into the profile. (bottom) 1:1 topographic profile, subsurface structural interpretation 
modified from McQuarrie and Davis [2002], and earthquakes projected into the 
profile.  
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Table 2.2: 5/22/1998 Mw 6.6 Aiquile, Bolivia 
method Longitude (deg) Latitude (deg) depth (km) Mw strike (deg) dip (deg) rake (deg) length (km) width (km) 
CMT -65.2000 -17.6000 15.0 6.6 186 79 -178 n/a n/a 
Funning et al. (2005) -65.1770 -17.8970 2  12 6.6 7 79 171 14.5 15.0 
InSAR (this study) -71.1534 -17.8924 2  8 6.4 181 110 182 19.7 5.0 
MT5 -65.5390 -17.8595 13 ± 5 6.7 360 88 179 n/a n/a 
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Figure 2.20: Waveform inversion solution for the 1998 Aiquile, Bolivia earthquake. 
Figure conventions are those described in Figures 1.3 and 1.5. The bottom line of the 
sensitivity analysis plot tests the waveform fit of the solution from Figure 2.21 and 
listed in Table 2.2 as InSAR (this study).
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for an azimuthal range of stations. It shows a strike-slip event with subvertical fault 
solutions at 13 ± 5 km depth. InSAR analysis of the event was also done in this study 
to provide and independent constraint on rupture properties (Figure 2.21) and was 
separately also conducted by Funning et al. [2005]. The two InSAR solutions used 
different data frames for their analyses (Figure 2.21 caption). These provide an 
independent test of source properties from waveform analysis. Table 2.2 lists the 
solutions from each analysis, which were roughly consistent among the methods. 
InSAR analysis conducted for this study (procedural method is described in Chapter 1) 
found a slightly shallower solution with fault rupture occurring from ~ 2 to 8 km 
depth. Funning et al.’s depth solution lies between the MT5 and InSAR just reported, 
and their best-fit fault ruptured at depths between 2 and 12 km. The waveform 
inversion solution and the two InSAR solutions illustrate a potential depth range 
between 2 to 18 km for this event when you include error bounds of the MT5 solution 
and the entire rupture areas of the InSAR solutions. All three solutions overlap at 8 
km, so this is likely the depth of the earthquake. Both InSAR analyses determined that 
the north-south right-lateral plane is likely the fault plane. The shallow depth of the 
event is consistent with interpretations of shallow tear faults around Cochabamba. 
East-west structures bound the pull-part basin [Allenby, 1987; Dewey and Lamb, 1992; 
Sheffels, 1995], but the best-fit fault plane of the 1998 event does not reflect this 
deformation. Consistent with the findings of Funning et al. [2005], it may instead 
reflect right-lateral motions along north-south structures proposed by Dewey and 
Lamb [1992]. Alternatively, the three strike-slip events are consistent with EW left-
lateral motion, which is consistent with shearing accommodating the Santa Cruz bend 
and Cochabamba pull apart basins.  
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Figure 2.21: InSAR solution from this study of the 1998 Aiquile, Bolivia earthquake. 
(a) Resampled unwrapped interferogram where phase differences were converted to 
meters. The boxes outline the resampled points, and white areas show no data (either 
because the data did not successfully unwrap or was there was none to start with). (b) 
Predicted interferogram from our model. (c) The difference between the data and the 
model (residual) where the scale bar is cm. The residual value is shown above this 
figure value and has been weighted during the resampling procedure so it doesn't 
simply relate to the RMS. (d) The fault model and predicted slip is shown. Data used: 
ERS track 239 19980730-19960411 Bperp 15 m. Two frames (3969 3987) were used 
instead of the one frame (3962) used by Funning et al. [2005].
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From 22° to 25°S, the Santa Barbara system - The existence and depth 
determination of foreland seismicity between 22° to 25°S was documented by Chinn 
and Isacks [1983]. Three additional earthquakes have occurred in the region with 
CMT-reported magnitudes between 5.3 and 5.4 (Figure 2.22). Due to small 
magnitudes and subsequent low amplitude phase arrivals, depth determinations were 
not possible for these events. Previous works have integrated seismicity and 
subsurface interpretations in this region [Allmendinger, et al., 1983; Allmendinger and 
Zapata, 2000; Cahill, et al., 1992; Grier, 1990; Jordan, et al., 1983; Kley and 
Monaldi, 2002]. Their findings are reviewed here and combined with the three events 
not reported by Chinn and Isacks [1983]. 
 
This region is where foreland structures transition from creating a thin-skinned fold 
and thrust belt in the north to being the thick-skinned thrust belt structures of the Santa 
Barbara system in the south (Figure 2.22 and 2.23). Earthquake depths indicate 
décollement-level deformation beneath thin-skinned structures (Figure 2.23 G-G’) 
[Jordan, et al., 1983] and deformation along unknown structures below the thrust 
blocks of the Santa Barbara system [Jordan, et al., 1983; Kley and Monaldi, 2002]. 
Cahill et al.’s [1992] local seismic network study found peak foreland seismicity 
levels occurred between 20 and 25 km depth. The more recent events (those without 
depth determinations) are consistent with continued thrusting within the foreland and 
some strike-slip motion beneath the Santa Barbara. Dextral strike-slip movement 
along faults of the northernmost Santa Barbara System has been reported [Bianucci, et 
al., 1982; Kley and Monaldi, 2002]. Northeast trending fault and folds accommodate 
the motion [Kley and Monaldi, 2002] and the NE striking nodal plane is consistent 
with dextral slip. Therefore, that plane is likely the fault plane of the earthquake.  
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Figure 2.22: Seismicity of the foreland between 22° to 25°S. Profiles G-G’ and H-H’ 
are located in Figure 2.23. The two white lines intersecting the event with a 14 km 
depth, one to the north and one to south, indicate that this event was projected onto 
both the G-G’ and H-H’ profiles in Figure 2.23. 
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Figure 2.23: Cross section interpretations and foreland seismicity between 22° to 
25°S. The structural interpretation along G-G’ is a composite section [Baby, et al., 
1992; Dunn, et al., 1995; Kley, 1996] constructed by Kley et al. [1999]. H-H’ comes 
from Kley and Monaldi [Kley and Monaldi, 1998]. Profile locations can be found in 
Figure 2.22. 
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Plateau earthquakes 
The Altiplano-Puna plateau is a 400 km wide orogenic plateau of elevations greater 
than 3 km. This distinctive topographic structure contains a large internally drained 
basin of moderate relief. The widest segment of the plateau is located above normal 
Nazca plate subduction (Figure 2.1). While the majority of the plateau does not exhibit 
seismicity, the Altiplano of southern Peru and northernmost Chile has experienced 
earthquakes with magnitudes large enough for waves to be recorded teleseismically 
(Figure 2.24). The mechanisms reveal a mixture of normal and strike-slip fault 
orientations with approximate north-south T axis orientations (Figure 2.25), where B 
and P axes appear interchangeably associated with the east-west and vertical 
orientations. Of the fifteen earthquakes located on the plateau, eight of the events 
occurred from 29 June 2001 to 24 February 2002. A Mw 8.5 subduction zone 
earthquake occurred in this area on 23 June 2001, just prior to these plateau events, 
and two large subduction zone aftershocks also followed during this period of time 
(Figure 2.26). The portion of the subduction zone that ruptured during the interplate 
events [Pritchard, et al., 2007] is schematically drawn in Figure 2.26. The timing and 
spatial correlation between the plateau earthquakes and the subduction zone activity 
suggests that stresses associated with the seismic cycle along the subduction zone may 
influence stresses on the plateau to induce north-south extension. Earthquakes range in 
depth from 8 to 17 km.  Extension on the plateau is consistent with field observations 
and interpretations from satellite images of youthful faulting reported in the literature 
[e.g., Fielding, 1989; Sebrier, et al., 1985]. However, distinguishable topographic 
features indicative of pervasive extensional deformation are not apparent on the 
SRTM topography with the exception of the Cuzco area (Figure 2.27).  
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Figure 2.24: Plateau-wide view of plateau and forearc seismicity. Forearc earthquakes 
are haloed in white to ease identification.
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Figure 2.25: Plateau focal mechanism axis plots. Black dots show axes plotted in a 
Schmidt equal-area lower-hemisphere projection. Black, dark gray, light gray, and 
white contours illustrate 2-sigma intervals after Kamb [1959] using the StereoWin 
program [Allmendinger, 2002]. Dashed great circles on the P and B axis plots show 
the cylindrical best fit to the axes. Axes plotted are from the plateau events shown in 
Figure 2.24. This excludes events from the forearc, Santa Cruz bend, foreland, events 
north and west of the Abancay Deflection, and the 9-km deep earthquake beneath are 
arc at the Arica bend (Figure 2.24). 
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Figure 2.26: Plateau and forearc earthquakes that occurred from 29 June 2001 to 24 
February 2002, after a Mw 8.5 subduction zone earthquake occurred in this area on 23 
June 2001. The portion of the subduction zone that ruptured during the interplate 
events is schematically shown as a dashed rectangle [Pritchard, et al., 2007].
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Figure 2.27: Earthquakes around the Cuzco region. Black dashed line approximates 
the structural boundary between Paleozoic rocks to the north and Mesozoic-Cenozoic 
rocks to the south, which is the approximate structural sketch of the Ayacucho, Cuzco, 
and Vilcanota fault systems separating Paleozoic rocks in the north and Mesozoic-
Cenozoic rocks to the south. 
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The Abancay deflection denotes an abrupt change in structural trends in the Andes of 
southern Peru from curvilinear trends around the Cuzco region to northwest-southeast 
farther north (Figure 2.24). The Cuzco fault system is part of a more than 200 km 
long, approximately east-west striking fault zone located between the northwest-
southeast striking Ayacucho and Vilcanota fault systems (Figure 2.27). The transition 
from the Ayacucho to Cuzco fault systems occurs roughly at the Abancay deflection, 
where the east-west trends around Cuzco transition to the northwest-southeast trends 
of the Ayacucho system. These three fault systems present major structural control in 
the area and define the boundary between Paleozoic and Mesozoic-Cenozoic rocks 
(Figure 2.27 black-dashed line). Superimposed families of striations on fault planes of 
the Cuzco fault system allowed Mercier et al. [1992 and references therein] to 
establish a succession of tectonic regimes in the Cuzco region from the Pliocene to 
present: (1) Pliocene east-west extension, (2) early Pleistocene east-west or north-
south compression, and (3) mid-Pleistocene to present north-south extension. 
Approximate present-day north-south extension around Cuzco is consistent with the 6 
km deep event just northeast of Cuzco (Figure 2.27). This focal mechanism T axis was 
included in the plateau focal axes plots in Figure 2.25 and is consistent with north-
south extension of the plateau regions of southern Peru. 
 
Also captured in Figure 2.27 are two foreland earthquakes, which were not easily 
discussed in any other section but, nonetheless, warrant mention. In the foreland 
region north of Cuzco, an 11 km deep thrust event occurred and the orientations of the 
nodal planes are consistent with the roughly northwest-southest orientation of 
topographic structures. East of Cuzco a 31 km deep event occurred beneath a 
relatively undeformed basin. At such a deep depth and with no close topographic 
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features, this event likely involved basement structures similar to those found farther 
north, east of the Huallaga basin.  
 
Forearc earthquakes 
The forearc region of the Chilean Central Andes is characterized by the monocline-
shaped western flank of the Altiplano. This simple topographic feature is interrupted 
in northern Chile and southern Peru around the Arica bend (Figure 2.24). Four 
earthquake depths were determined for this study that occurred in the forearc and they 
range from 8 to 37 km in depth (Figure 2.24 haloed earthquakes). Shallow crustal 
seismic activity has previously been reported along the forearc in northern Chile and 
southern Peru [Comte, et al., 2003; David, et al., 2003], but few of the earthquakes 
previously studied are of large enough magnitude to be recorded teleseismically. The 
crustal seismicity of the forearc suggests that tectonic activity is important in this 
region. 
 
The 24 July 2001 Mw 6.3 Aroma earthquake was an expression of forearc seismicity. 
That event has a depth of 8 km as determined by waveform inversion (Figure 2.28) 
and that is consistent with the local seismic network analysis of Legrand et al. [2007] 
and with InSAR analysis done for this study ( Figure 2.29 and Table 2.3). Like the 
plateau events, this earthquake was related to heightened seismic activity throughout 
the region following to the Mw 8.5 subduction zone earthquake on 23 June 2001 
(Figure 2.26). Using different seismological data (short-period, broadband, strong-
motion) and aftershock distributions, Legrand et al. determined the earthquake 
occurred on a steeply dipping fault striking NE-SW. InSAR analysis of this event is 
also consistent with a shallow NE striking fault rupture.  
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Figure 2.28:  Waveform inversion solution for the 2001 Aroma, Chile earthquake. 
Figure conventions are those described in Figures 1.3 and 1.5. 
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Figure 2.29: InSAR analysis of the 24 July 2001 Mw 6.3Aroma earthquake. (a) 
Resampled unwrapped interferogram where phase differences were converted to 
meters. The boxes outline the resampled points, and white areas show no data (either 
because the data did not successfully unwrap or was there was none to start with). (b) 
Predicted interferogram from our model. (c) The difference between the data and the 
model (residual) where the scale bar is cm. The residual value is shown above this 
figure value and has been weighted during the resampling procedure so it doesn't 
simply relate to the RMS. (d) The fault model and predicted slip is shown.
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Table 2.3: 24 July 2001 Mw 6.3 Aroma earthquake 
 method Longitude (deg) Latitude (deg) depth (km) Mw strike (deg) dip (deg) rake (deg) length (km) width (km) 
Global CMT catalog -69.1800 -19.4400 15.0 6.3 14 46 -169 n/a n/a 
Legrand et al. [2007] -69.3140 -19.5890 5.0 6.3 14 53 -163 16 11 
InSAR (this study) -69.2749 -19.5923 2 → 9 6.1 14 62 213 5.6 8.6 
07/24/01 
Mw 6.3 
Aroma, 
Chile 
MT5 (this study) -69.2450 -19.5180 8 6.4 23 71 187 n/a n/a 
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Two deep earthquakes, at 24 and 37 km depths, indicate north-south compression. The 
southern event at 19.80°S is consistent with interpretations of trench parallel 
shortening in the forearc [Allmendinger, et al., 2005; Bevis and Martel, 2001; 
McCaffrey, 1996]. McCaffrey [1996]showed through kinematic modeling that arc-
parallel strain in the forearc can be geological significant at 23.5°S and predicted a 
similar pattern for all of northern Chile from 18° to 30°S. Bevis et al.’s [2001] elastic 
modeling predicted arc-parallel shortening along a locked, plate boundary with a 
concave seaward geometry. Allmendinger et al. [2005] reported evidence of a suite of 
EW topographic scarps located between 19° and 21.6°S latitude. The 24 km deep 
event occurred at latitudes roughly consistent with findings of those studies, but the 
offshore location and deep depth of the event limits relating it to a specific scarp 
structure. The northern event that indicates north-south shortening in the forearc is 
consistent with the broad interpretation that north-south compression accompanies 
concave plate boundary convergence. However, the event’s location, more than 200 
km from the trench, is inconsistent with surface velocity fields predicted by Bevis et 
al. [2001]. Surface velocities decrease in magnitude and rotate to parallel orientations 
with distance from the plate boundary. Parallel surface velocity orientations at 
distances ~ 200 km from the plate boundary are not consistent with north-south 
compression. Therefore, this forearc event is not easily explained by the Bevis model. 
 
Discussion and implications 
All earthquakes were found to occur at depths within the crust, so no lithospheric 
mantle seismicity was found. Deep crustal events occur beneath the forearc and in 
regions where basement thrust structures dominate foreland structural style. In the 
forelands above flat subduction, deformation of basement thrust structures take many 
forms and most focal mechanisms are consist with horizontal shortening. Examples of 
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deforming basement structures include: (1) shallow seismic activity associated with 
the near-surface expression of basement thrust blocks (e.g., Shira uplifts), (2) deep 
diffuse earthquake activity associated with a possible mid-crustal basement wedge 
creating a basement-cored anticline (e.g, Pie de Palo), and (3) inverted relic rift 
structures deforming at deep depths beneath undeformed foreland basins (e.g., east of 
the Huallaga basin). Basement-involved deformation also appears to accompany 
seismic activity beneath the Subandean zone and Eastern Cordillera above normal and 
flat subduction. The one region that is an exception to this and that exhibits shallow 
seismic deformation not likely associated with basement rocks, is the area of strike-
slip earthquakes near the Cochabamba region of Bolivia. The earthquakes there are in 
some way accommodating deformations related to the neighboring shallow pull-apart 
basin, but linking of these events to specific faults expressed at the surface is not 
possible at this time. 
 
Analysis of focal mechanism P axes long the entire Central Andean foreland (Figure 
2) shows orientations that are consistent with east-west shortening (~ 92°), which is ~ 
15° from the direction of plate convergence (~77°). The difference in these directions 
is consistent with compressional infinitesimal strain directions resolved from GPS 
velocities [Allmendinger, et al., 2007]. Allmendinger et al. [2007] found that 
infinitesimal shortening axes in the hinterland and forelands of the Central Andes are 
oriented perpendicular to the strike of local structures, which is also clearly resolved in 
focal mechanisms orientations around the region of the Santa Cruz bend (Figure 2.18). 
 
Seismic activity on the Altiplano-Puna plateau is limited to regions of southern Peru 
and northernmost Chile. Only shallow to mid-crustal depth events occur on the plateau 
and, in contrast to foreland earthquakes, focal mechanisms indicate normal and strike-
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slip faulting rather than thrust faulting. Assuming that regional stress and strain axes 
directions are coaxial, thrusting in the forelands suggests that the maximum 
compressive stress there is horizontal and is oriented approximately east-west (Figure 
2.3). Plateau extensional earthquakes suggest a maximum compressive stress direction 
oriented vertical, a minimum compressive stress direction oriented north-south (Figure 
2.25), and an intermediate stress direction is east-west. Consistent with the plateau 
horizontal focal mechanism axis orientations, the two dimensional infinitesimal strain 
directions derived from GPS velocities illustrate roughly east-west compression and 
north-south extension across the plateau of southern Peru and northernmost Chile 
[Allmendinger, et al., 2007].  
 
A vertically oriented maximum stress direction in areas of high topography has 
previously been related to stress differentials in the crust needed to maintain the high 
topography and crustal root of the plateau [e.g., Dalmayrac and Molnar, 1981; 
Froidevaux and Isacks, 1984; Mercier, et al., 1992; Molnar and Lyon-Caen, 1988]. 
North-south extension in the plateau is consistent with structural analysis of southern 
Peru that concluded north-south extension occurs in the region [e.g., Mercier, 1980; 
Mercier, et al., 1992; Sebrier, et al., 1985]. Models predict a rotation in orientation of 
principle stress directions from the plateau to its bounding regions (i.e., the trench and 
foreland). Crustal thickness estimates beneath the Altiplano-Puna plateau reach 
upwards of 80 km [Beck and Zandt, 2002; Beck, et al., 1996; McGlashan, et al., 2008; 
Yuan, et al., 2000; Yuan and Sobolev, 2002; Zandt, et al., 1996; Zandt, et al., 1994]. A 
first-order effect of thickened crust and associated high topography is to perturb 
vertical lithospheric stresses. In compressional regions of relatively low topography, 
the direction of maximum horizontal stress corresponds to the direction of maximum 
lithospheric compression and the vertical stress corresponds to the direction of 
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minimum compression. In areas of thickened crust, lithospheric stress orientations can 
change because of increasing vertical stresses due to the thickened crustal mass. If 
large elevations and corresponding large crustal thicknesses are reached the direction 
of maximum lithospheric compression could become vertical causing extension. This 
theory provides one possible explanation for plateau extension.  
 
For the strike-slip focal mechanisms in the northern Altiplano, the T axes also trend 
north-south, while the P and B axes have interchanged, with the P axis nearly 
horizontal and trending east-west, similar to the trends of the foreland focal 
mechanisms. In terms of a foreland thrust-type focal mechanism, the superposition of 
an increased vertical compressive stress can either produce normal faulting if that 
component becomes the maximum compressive stress component (P axis), or strike-
slip faulting if that vertical stress only manages to become the intermediate 
compressive component (B axis). 
 
The Tibetan plateau can act as a point of comparison with the Andean plateau. Tibet, 
like the Altiplano-Puna, is a vast plateau associated with a subduction zone setting, 
but, unlike the Andes, the setting involves continent-continent collision. Tibet exhibits 
pervasive seismic activity covering the plateau. Earthquake focal mechanism 
orientations display kinematic domains that strongly correlate with topography and 
deformational style in Tibet [e.g., Andronicos, et al., 2007; Langin, 2003]. Southern 
Tibet has a zone where predominantly extensional earthquakes and graben north-south 
faults occur. A number of studies have concluded that normal earthquakes and 
extensional grabens are generally restricted to elevations above 4.5 km on the Tibet 
plateau [Molnar and Lyon-Caen, 1988]. The role of gravity in producing Tibetan 
extension has also been suggested [e.g., Molnar and Tapponnier, 1978]. Alternatively, 
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several workers have suggested that Tibetan east-west extension is driven by crustal 
flow away from high topography centered in western Tibet [e.g., Andronicos, et al., 
2007; Clark and Royden, 2000; Royden, et al., 1997]. And, Kapp and Guynn [2004] 
explained the two dimensional spatial pattern of normal-fault orientations solely by 
collisional stresses localized along a southern part of the Himalayan arc. These 
alternative theories provide scenarios through which to the study extension events on 
the Altiplano-Puna.    
 
T axis orientations of normal fault earthquake mechanisms on the Andean plateau 
display a consistent north-south orientation, which is perpendicular to the 
approximately east-west direction of tectonic compression. Similarly, the extensional 
zone of Tibet shows extension oriented perpendicular to the direction of plate 
convergence. The existence of a ductile lower crust has been suggested to occur 
beneath the Andean plateau [e.g., Beck and Zandt, 2002; Isacks, 1988] and evaluation 
of crustal shortening estimates and subsequent crustal thicknesses suggest along-strike 
lower crustal flow may occur beneath the Andean plateau [Hindle, et al., 2002; 
Hindle, et al., 2005; Kley, 1999]. The case for lower crustal flow beneath Tibet is 
much stronger than for beneath the Altiplano-Puna. Modeling of GPS velocity vectors 
and dynamic topography are both consistent with along-strike crustal flow out the 
region of the Eastern Syntaxis [e.g., Clark and Royden, 2000; Royden, et al., 1997]. 
Previously however, crustal shortening and the thermal effects of a thin lithosphere 
were used to explain the majority of crustal thickening creating the Andean plateau 
[Allmendinger, et al., 1997; Isacks, 1988], so, although conditions exist for a ductile 
lower crust, the existence of flow beneath the Altiplano-Puna remains debatable. 
Collisional stresses modeled by Kapp and Guynn [2004] in a semicircular elastic plate 
predict along-strike trench-parallel extension. Tibet’s plate boundary geometry, 
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concave towards the orogen, is the opposite to that of the Andes, concave towards the 
trench. Reversing the concavity of the plate geometry would produce along-strike 
trench parallel shortening, rather than the roughly trench-perpendicular extension seen 
in the Andes, similar to patterns seen in interseismic surface velocity fields model by 
Bevis et al. [2001]. Also, as mentioned earlier, the modeled velocity fields do not 
predict trench-parallel deformation into the plateau. It lies too far from the locked 
plate boundary used for modeling. Finally, as discussed earlier, the potential 
gravitational effects of thickened crust and high topography of the Andean plateau, 
along with the east-west convergence as demonstrated in the foreland regions, is 
consistent with the Altiplano plateau of southern Peru and northern-most Chile 
experiencing north-south oriented extension due to lithospheric stress perturbations 
from buoyant thickened crust [e.g., Dalmayrac and Molnar, 1981]. 
 
Conclusions 
Basement-involved deformation is consistently associated with seismically active 
structures of the Eastern Cordillera and foreland regions. Three types of seismically 
active structures are: (1) shallow seismic activity associated with the near-surface 
expression of basement thrust blocks (e.g., Shira uplifts), (2) deep diffuse earthquake 
activity associated with a possible mid-crustal basement wedge creating a basement-
cored anticline (e.g, Pie de Palo), and (3) inverted relic rift structures deforming at 
deep depths beneath undeformed foreland basins (e.g., east of the Huallaga basin). 
 
Central Andean foreland regions exhibit a roughly east-west direction of convergence. 
Local structures seem to be influencing earthquake focal mechanism orientations in 
the region of the Santa Cruz bend, so deviation of the dominant direction of foreland 
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compression from the direction of Nazca-South America plate convergence is likely 
due to the influence of local structure.  
 
Normal and strike-slip earthquakes occur beneath the Altiplano plateau of southern 
Peru and northernmost Chile. These events are consistent with the effects of the 
increase in vertical compressive stress, due to high topography and thick crustal root 
of the plateau, superimposed on the stress orientations seen in the foreland. 
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CHAPTER 3 
 
EARTHQUAKES IN THE LOWER CONTINENTAL CRUST: 
A GLOBAL SYNTHESIS  
 
Abstract 
Continental seismogenic thickness (TS), the depth to which earthquakes occur, defines 
the thickness where stress relaxation is accommodated in some part by seismic 
rupture. The jelly sandwich model of lithospheric strength postulates an aseismic, 
ductile lower crust between a seismic, brittle upper crust and mantle lid. In many 
continental areas, crustal seismicity is restricted to the upper crust consistent with the 
crustal portion of the model. However, studies in other localities have documented 
lower crustal earthquakes to near-Moho depth, which is contrary to the model. Here 
we investigate in what tectonic settings lower crustal earthquakes occur in an attempt 
to understand their significance to lithospheric strength and deformation. We compiled 
a global dataset from previously published sources of accurately determined 
continental earthquake depths (± 5 km or better).  
 
Results indicate that deep crustal earthquakes are not restricted to any one type of Late 
Cenozoic tectonically active setting and that a relationship exists between variations in 
TS and variations in lithospheric thickness and amount of crustal deformation. Lower 
crustal earthquakes beneath continents are well-documented to occur in areas 
experiencing extension (e.g., East African Rift System, North Island New Zealand, 
Baikal Rift System, Upper Rhine Graben Region), compression (e.g., Tien Shan, 
Alpine Foreland, Western Pyrenees, Andean Foreland), and one transtensional region 
(Dead Sea Fault System). Additionally, deep crustal earthquakes are documented to 
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occur in seismically active, stable cratonic areas (e.g., Bhuj and Jabalpur in India, St. 
Lawrence River region near the US–Canadian border, Aswan Egypt). Within 
tectonically active regions, deep continental crustal earthquakes occur where the 
lithosphere is in an intermediate state between being primarily thick and tectonically 
stable (e.g., shields) and being thin and highly deformed (e.g., Basin and Range or 
Southern California). Lower crustal earthquakes in tectonically active regions occur 
where lithospheric thicknesses are between about 80 and 160 km thick and where the 
crust has experienced less than 30% strain. Therefore, earthquakes in the lower 
continental crust can occur within stable lithosphere and within tectonically active 
lithosphere at a transitional state of lithospheric thickness and crustal deformation. 
 
In order to understand what controls the occurrence of these deep crustal earthquakes 
and reconcile the variety of tectonic settings in which they occur, we discuss possible 
lower crustal deformation mechanisms. Common interpretations of crustal strength 
profiles are that earthquakes occur only where slip on pre-existing faults is dominant 
(i.e., in the middle to upper crust). Deformation mechanisms such as ductile 
instabilities, fluid embrittlement, and eclogitic phase transitions highlight the fact that 
not only can earthquakes occur within the brittle portion of the continental crust, but, 
consistent with observations, they can also occur where power-law creep is the 
dominant method of deformation (i.e., in the lower crust). However, fluid-enhanced 
embrittlement is likely to be the only deformation mechanism capable of explaining 
continental lower crustal earthquakes in the wide variety of settings where these 
events occur. 
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Introduction 
A fundamental question in geology is how the strength and deformation of the 
lithosphere vary spatially and temporally [e.g., Jackson, 2002; Thatcher and Pollitz, 
2008; Watts and Burov, 2003]. The seismogenic thickness (TS) of continental 
lithosphere is one parameter we can use to understand where and how the lithosphere 
is deforming. TS is the depth over which earthquakes occur, which defines the 
thickness where stress relaxation is accommodated in some part by seismic rupture. 
Earthquakes are one of the most easily observable indicators of on-going lithospheric 
deformation and thus far, in continental regions, they mainly occur within the crust 
and not the mantle lid [e.g., Maggi, et al., 2000a]. Seismic activity occurs with varying 
frequency throughout the entire seismogenic thickness (i.e., TS typically defines a 
continuous seismic layer from the surface of the Earth to a depth equal to TS) and TS is 
generally found to be less than or equal to the thickness of the continental crust. This 
paper investigates earthquakes occurring in the continental lithosphere with a specific 
concentration on those occurring in the lower crust. Lower crustal earthquakes are 
phenomena that have become increasingly well documented in the scientific literature 
in many places around the world, but are not predicted by popular theories of 
lithospheric strength and dominant modes of deformation. The purpose of this chapter 
is to review the global distribution of accurately determined lower crustal earthquakes 
beneath continents, and from this to better understand the relationship of these 
earthquakes to lithospheric properties.  
 
Earthquakes in the oceanic lithosphere occur within both the crust and uppermost 
mantle [e.g.,Chen and Molnar, 1983; Wiens and Stein, 1983]. There is a simple 
relationship of TS to temperature, and therefore age, of the oceanic lithosphere, as 
supported by numerous studies [e.g., Chen and Molnar, 1983; McKenzie, et al., 2005; 
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Wiens and Stein, 1983]. TS increases from very thin in young, hot lithosphere to 
approximately 50 km in older, cooler oceanic lithosphere. Chen and Molnar [1983] 
and Wiens and Stein [1983] found limiting isotherms around 600 to 800°C, while 
McKenzie et al. [2005] came to a similar result, about 600°C. In McKenzie et al.’s 
[2005] study, only earthquakes beneath the outer rises of trenches occur in oceanic 
lithosphere hotter than 600°C. They attributed the occurrence of these outlying events 
to large strain rates. 
 
TS within continental lithosphere has not proven to be as simple. In 1983, Chen and 
Molnar published an influential study relating focal depth distributions of intraplate 
earthquakes to the mechanical strength of the oceanic and continental lithospheres. 
Chen and Molnar used the depth distribution of earthquakes to support the idea that 
continental lithosphere consists of a weak, aseismic lower crust located between the 
stronger, seismic upper crust and mantle lid. This “jelly sandwich” model of the 
strength of continental lithosphere has largely influenced our understanding of tectonic 
deformation since its publication. Chen and Molnar predicted and observationally 
supported a bimodal earthquake distribution in continental lithosphere coincident with 
lithospheric mechanical strength. Within the jelly sandwich model, crustal seismicity 
is limited to depths of ≲ 15 km, aseismic deformation would occur from ~ 15 km to 
the Moho, and the mantle lid is predicted to exhibit seismic activity. The model’s 
corresponding lithospheric mechanical strength profile is based on assumptions of 
rheology and dominant modes of deformation. The interpretation made by Chen and 
Molnar is that earthquakes should only outline the portion of the profile where 
frictional slip is the prevailing deformation mechanism (i.e., in the upper crust and 
mantle lid). Because deformation in the lower crust is understood to be dominated by 
ductile creep, the lower crust remained aseismic. Many seismically active regions 
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around the world are partially consistent with the jelly sandwich model. That is, the 
upper continental crust is seismogenic to a depth of about 15 to 20 km and the lower 
crust is aseismic, as in the San Andreas Fault System and the Zagros mountains [e.g., 
Maggi, et al., 2000a; Nazareth and Hauksson, 2004]. However, two problems with the 
jelly sandwich model have since emerged. 
 
First, no clear global continental pattern of reliably determined earthquake hypocenters 
with depths in the upper mantle has appeared [Jackson, 2002; Maggi, et al., 2000a]. 
Studies have documented possible mantle lid seismicity in several locations, but the 
events are often few in number and small in magnitude. The Himalayan collisional belt 
exhibits possible mantle seismicity beneath the subducted Indian plate, but this region, 
in a unique tectonic setting, is difficult to extrapolate to a global pattern of continental 
crustal seismicity. 
 
The second problem with the jelly sandwich model is the discovery in a number of 
regions of accurately determined seismicity in the lower crust where the weak ductile 
layer was hypothesized. TS in those regions covers nearly to the entire crust. Globally, 
these events occur much more frequently and with higher magnitudes than the possible 
continental mantle lid events. Therefore, the focus of this paper is to survey the regions 
where reliably observed lower crustal seismicity beneath the continents has been 
found. By conducting this survey, we want to understand what the many regions 
exhibiting lower crustal seismicity have in common and how they are relevant to our 
understanding of lithospheric strength and deformation. 
 
The foundation of this research is a literature review of accurate depth parameters of 
intraplate lower crustal earthquakes throughout the continents. Bulletin and catalog 
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depths are insufficiently accurate to resolve focal depth distributions within the crust 
[e.g., Maggi, et al., 2002]. For that reason, reviewing published studies that report 
accurate depths of continental crustal earthquakes is the best data source for a global 
study. With the explosion of earthquake waveform modeling and local network studies 
since Chen and Molnar’s [1983] publication, it is timely to review global continental 
earthquake depths and associated lithospheric strength. To date, no other study has 
compiled a review of earthquakes occurring in the lower continental crust as extensive 
as that presented here. While studies in individual areas have noted the occurrence of 
lower crustal earthquakes, no recent study has collected the data to investigate these 
phenomena globally.  
 
Earthquakes occur in the lower continental crust at a variety of tectonic settings, as in 
East Africa and near Lake Baikal associated with extension, within the subducting 
Indian lithosphere and the forelands of Peru and Argentina associated with 
compression, and along the Dead Sea fault system associated with transtension. This 
paper discusses lower crustal earthquakes in their regional tectonic frameworks. We 
want to understand what tectonic settings appear to be associated with the deep crustal 
seismicity and how this seismicity integrates with other methods of deformation to 
create lithospheric scale deformation. We try to understand if and why these regions 
may deviate from popular understanding of lithospheric deformation (i.e., the jelly 
sandwich model) and address what that means for geologists’ broader understanding 
of lithospheric strength and seismicity. Finally, we propose a model that relates 
continental lithospheric structure and deformation to deep crustal seismicity. 
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Earthquake data selection 
Depths of earthquakes are particularly difficult to constrain, especially when the events 
are shallow (< 70 km) as they are in the continental crust. Local network studies 
provide the most reliable depths, however global coverage of local networks is sparse 
and deployment at any one location is sporadic when compared to the almost 50 years 
of recording by the combined operation of the World-Wide Standardized Seismograph 
Network (WWSSN) and Global Seismographic Network (GSN). Earthquake 
hypocenter determination in most places around the world is done using WWSSN 
and/or GSN data from stations located at regional and teleseismic distances from the 
event.  
 
A number of global earthquake bulletins and catalogs exist that routinely report 
earthquake depths, such as the International Seismological Centre Bulletin (ISC), the 
Preliminary Determination of Epicenters (PDE) from the US Geological Survey’s 
National Earthquake Information Center, the Global Centroid Moment Tensor Catalog 
(CMT) [Dziewonski, et al., 1981], and the Centennial Earthquake Catalog (CEC) 
[Engdahl, et al., 1998; Engdahl and Villaseñor, 2002]. However, technique limitations 
affecting parameter determination or the lack of teleseismic depth phase identification 
decreases these compilations’ ability to resolve the relatively subtle differences in 
focal depth distribution within the continental crust [Kagan, 2004; Maggi, et al., 
2002].  Locations based on teleseismic P wave arrival times suffer from a trade-off 
between origin time and depth (ISC and PDE). CMT analysis of body waves, based on 
a very long-period (> 40 s) waves, filters out the short-period waves needed to 
accurately determine depth for shallow events. In principle, CEC earthquake locations 
should be more accurate than reported by the other bulletins and catalogs due in 
particular to the inclusion of teleseismic depth phase arrival times (pP, sP, and pwP). 
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However, Maggi et al. [2000a; 2002] compared CEC (referred to as EHB in those 
articles) depths to depths determined via teleseismic depth phase modeling (this 
technique is discussed below) and found inconsistencies as large as 40 km. Therefore, 
these global catalogs and bulletins do not report accurate enough depths to study 
shallow events and we must look elsewhere to compile a dataset of well-determined 
depths for continental earthquakes.  
 
There are a variety of alternative methods utilized by seismologists to constrain 
earthquake depths and these depth determinations are the basis for this review study. 
As mentioned above, local network studies, where epicentral distances are ≲ 1°, 
provide the most reliable depths due to proximal station location. Studies that report 
earthquakes from local seismograph deployments were incorporated into this study 
[e.g., Aldersons, et al., 2003; Langin, et al., 2003; Reyners, et al., 2007], as well as 
events reported from analysis of waveforms recorded at dense permanent networks 
(e.g., the New Madrid Earthquake Catalog from CERI, the Southeast US Seismic 
Network, the Southern California Earthquake Catalog from SCEDC). We have a 
specific interest in local network studies that recorded lower crustal events, but we also 
included a number of studies that did not record such activity. These localities serve as 
counter examples. We limited all local network data to events with hypocenter vertical 
uncertainties of ± 5 km or better, which is consistent with errors from other depth 
determination methods (see below). 
 
For earthquakes with magnitudes with Mw ≳ 5.5 and recorded by long-period or 
broadband seismographs, the P and S wave arrivals can be modeled by including the 
effects of the focal mechanism orientation and moment release time function together 
with the direct P and S phases and surface-reflected P and S phases (pP, sP, and sS) 
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[e.g., Foster and Jackson, 1998; Molnar and Lyon-Caen, 1989; Nelson, et al., 1987]. 
Such analyses typically yield depth uncertainties of ± 5 km, which is sufficient to 
describe general patterns of TS within the continental crust. In addition, modeling of 
Pn and Sn coda at regional stations (epicentral distance ≲ 30°) [e.g., Brazier, et al., 
2005; Ghose, et al., 1998] and forward modeling and phase identification of short-
period records has also produced accurate focal depths. Depth phase identification can 
be difficult on broadband or long-period records, higher frequency short-period 
waveforms can reveal differential traveltimes of pP–P and sP–P, thereby allowing a 
depth estimate to be made [e.g., Maggi, et al., 2000a; Nyblade and Langston, 1995]. 
 
In this review, we highlight earthquake datasets that document the occurrence of lower 
crustal seismicity beneath continents. All event depths were determined by studies 
utilizing the above-described methods and have vertical uncertainties of ± 5 km or 
better. 
 
Continental seismogenic thickness (TS) 
By compiling accurate continental earthquake depths and analyzing depth distribution 
histograms, we define three types of continental regions that exhibit seismic activity 
(Figure 3.1): tectonically active continental areas that exhibit a seismic lower crust 
(Figure 3.1 in red and Figure 3.2), tectonically active continental areas that exhibit an 
aseismic lower crust (Figure 3.1 in blue and Figure 3.3), and stable continental regions 
(SCRs) (Figure 3.1 in yellow). Most SCRs do not have significant earthquake activity, 
but to understand the seismic character of these regions we compiled data for a few 
SCRs that are seismically active (Figure 3.4). For each earthquake depth histogram in 
Figures 3.2, 3.3, and 3.4, earthquake depth uncertainties are ± 5 km or better and 
approximate Moho depths are illustrated as red dashed lines. If Moho depths vary  
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Figure 3.1: Location map of three types of seismically active continental regions. 
Global topographic base map showing the color-coded locations of each area with an 
earthquake depth histogram reported in this paper.
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Figure 3.2: Earthquake depth histograms for tectonically active continental areas that 
exhibit a seismic lower crust. Dashed red line indicates approximate Moho depth. See 
Appendix B for earthquake depth and Moho references.
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Figure 3.3: Earthquake depth histograms for tectonically active continental areas that 
exhibit an aseismic lower crust. Dashed red line indicates approximate Moho depth for 
each region. Earthquake depth and Moho references: Basin & Range – Earthquakes: 
UNR Historical Catalog 1990 → 1999, MW 3.5 → 10; Moho: Gilbert and Sheehan 
[2004]. North Anatolian Fault – Earthquakes: Gurbuz et al. [2000], Polat et al. [2002], 
Turkelli et al. [2003], and Biryol et al. [2006]; Moho: Karahan et al. [2001], Ozacar et 
al. [2006], and Erduran et al. [2007]. Rio Grande Rift – Earthquakes: King [1986]; 
Moho: Olsen et al. [1987] and Wilson et al. [2005]. Southern California – 
Earthquakes: Southern California Earthquake Catalog from the SCEDC, 1999 → 
present, >Mw3 and Nazareth and Hauksson [2004]; Moho: Zhu and Kanamori [2000]. 
Tibet – Earthquakes are those north of the Indus-Tsangpo Suture, Earthquakes: Molnar 
and Chen [1983], Zhou et al. [1983], Jones et al. [1984], Molnar and Lyon-Caen 
[1989], Chen and Molnar [1990], Zhu and Helmberger [1996], Langin et al. [2003], 
Monsalve et al. [2006], and Torre et al. [2007]; Moho: Brown et al. [1996], Nelson et 
al. [1996], and Zhao et al. [2001]. Yellowstone – Earthquakes: UUSS Yellowstone 
National Park Earthquake Catalog, 1995 to 2006, EHZ ≤ 5 km; Moho: Schilly et al. 
[1982] and Peng and Humphreys [1998]. Zagros – Earthquakes: Ni and Barazangi 
[1986], Baker [1993], Baker et al. [1993], and Maggi et al. [2000a]; Moho: Snyder and 
Barazangi [1986], Paul et al. [2006] and see Maggi and Priestley [2005] for review of 
other references.
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Figure 3.4: Earthquake depth histograms for stable continental regions (SCRs). Dashed 
red line indicates approximate Moho depth. Earthquake depth and Moho references: 
Aswan, Egypt – Earthquakes: Awad et al. [2005]; Moho: Gharib [1991] and Kebeasy 
et al., [1991]. Bhuj & Jabalpur, India – Earthquakes: Bodin & Horton [2004] and Rao 
& Rao [2006]; Moho: Saikia [2006]. New Madrid – Earthquakes: CERI Earthquake 
Catalog, 1993 → present; Moho: Catchings [1999]. Southeast United States – 
Earthquakes: Southeast US Seismic Network (SEUSS), 1990-present, Magnitude ≥ 2; 
Moho Reference: Nelson et al. [1985]. St. Lawrence River – Earthquakes: Lamontagne 
et al.  [1994] and Ma & Atkinson [2006]; Moho: Ma & Atkinson [2006].
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across a region, then the deepest Moho depth estimate is displayed. We consider an 
area to be experiencing earthquakes in the lower continental crust when TS reaches to 
near-Moho depth (i.e., Moho depth minus TS ≲ 10 km), while the lower crust is 
considered aseismic if the deepest 10 km or more of crust is void of seismic activity. 
Figure 3.2 displays earthquake depth histograms of tectonically active continental 
regions for which event depths have been accurately determined to occur in the lower 
crust. The purpose of this section is to establish that deep crustal earthquakes beneath 
continents are in fact a global phenomenon which is not restricted to any one tectonic 
setting. These type of events occur in continental areas experiencing extension (e.g., 
East African Rift System, North Island New Zealand, Baikal Rift System, Upper 
Rhine Graben Region), compression (e.g., Tien Shan, Alpine Foreland, Western 
Pyrenees, Andean Foreland), and one transtensional region (Dead Sea Fault System). 
For the sake of conciseness, detailed discussion of the studies that were reviewed to 
construct and understand Figure 3.2 (e.g., earthquake and Moho depth estimates, 
regional tectonic settings, and regional maps) is contained in Appendix B. 
 
In contrast to Figure 3.2, Figure 3.3 shows tectonically active continental areas that 
exhibit an aseismic lower crust and Figure 3.4 highlights a few SCRs that are 
seismically activity. Earthquakes reach near the Moho in each SCR with the exception 
of the New Madrid Seismic Zone. In Jabalpur, India one moderate-sized (Mw 5.7) 
event on May 21, 1997 occurred deep within the relatively stable crust at 35 km depth 
[Bhattacharya, et al., 1997; Rao, et al., 2002]. Therefore, TS in SCRs can reach to 
Moho depth albeit the seismicity does not appear to be associated with current tectonic 
activity. The three types of continental regions exhibit different depths of maximum 
earthquake occurrence, such that tectonically active areas with aseismic lower crusts 
all have peak earthquake occurrence in the upper 10 km of crust. SCRs and 
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tectonically active areas with seismic lower crusts exhibit variable depths of peak 
earthquake occurrence, anywhere in the ≤ 25 km of crust depending on what area the 
histogram describes. 
 
One interesting feature in Figure 3.2 is the possible indication of mantle lid seismicity 
in four locations, beneath the Baikal Rift System (BRS), the Colorado Plateau, the 
Himalayan collision zone, and the North Island of New Zealand. Beneath the BRS and 
the Colorado Plateau the mantle lid events are very few in number and tend to be small 
in magnitude (<Mw 4), so they provide little evidence that mantle lid deformation via 
seismic slip is an important tectonic process. The Moho beneath New Zealand’s North 
Island in the area where potential mantle seismicity is occurring is poorly constrained 
to ≳ 40 km (see Appendix B). Therefore, all events beneath that island many in fact be 
within continental crust and not in the mantle lid. Recently, the Himalayan Nepal Tibet 
Seismic Experiment located more than 100 event depths beneath their independently 
constrained Moho [de la Torre, et al., 2007; Monsalve, et al., 2006; Schulte-Pelkum, et 
al., 2005]. These studies have located the largest number of continental mantle lid 
earthquakes. The Himalayan collision zone is where continent-continent collision 
occurs between India and Eurasia as India underthrusts beneath the Himalayas. So, 
mantle lid seismicity of this zone is not necessarily representing a global phenomenon 
on which to base a general understanding of continental earthquake depth distributions 
and lithospheric deformational processes. Additional examples of continental 
subcrustal seismicity not shown in Figure 3.2 occur in areas of proposed delamination, 
such as beneath the Carpathians [e.g., Knapp, et al., 2005], the Alboran Sea [e.g., 
Seber, et al., 1996], and the Atlas mountain region [e.g., Ramdani, 1998]. Overall, the 
potential for subcrustal seismicity still exists beneath continents. However, an 
encompassing theory as to why they may occur in limited numbers in some areas and 
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why they do not occur in others remains unclear. Also their existence at all in some 
areas remains a matter of debate. For these reasons, the focus of this chapter is lower 
crustal seismicity and its role on lithospheric deformation. 
 
Lastly, lower crustal and upper mantle seismicity is determined to occur beneath South 
Island, New Zealand [Kohler and Eberhart-Phillips, 2003; Reyners, 1987]. These 
events have not been included events in our study, because this study contends they 
occur in oceanic lithosphere and not in continental. Please refer the Appendix B 
section on New Zealand for an explanation. 
 
Deformation mechanisms of the lower continental crust 
Jackson [2002] asked whether it is time for geologists to abandon the jelly sandwich 
model, and this is addressed in this section. The role of seismic deformation in the 
continental mantle lid is spatially sporadic and its significance with respect to 
lithospheric deformation remains unclear, while the results of our survey clearly shows 
reliably documented seismicity in the lower continental crust in a broad variety of 
tectonic settings. Apparent from this is that the observational evidence that Chen and 
Molnar [1983] used to support the jelly sandwich model (i.e., earthquake focal depths) 
no longer outlines the predicted bimodal depth distribution the way they hypothesized. 
What then remains to be determined is what lower crustal conditions and deformation 
mechanisms control the occurrence of the deep crustal seismicity. Is the lower crust 
inherently brittle and capable of deforming seismically, contrary to our rheological 
understanding? Has the lower crust in these areas been modified to induce brittle 
deformation? Or is the assumption that earthquakes only occur within brittle 
continental crust incorrect? To address these questions, this section discusses 
deformation mechanisms that have been proposed to influence crustal seismicity 
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within continents and how these mechanisms are expressed in different tectonic 
settings. 
 
Brittle fault slip 
At low temperatures, and therefore shallow depths, the dominant mode of deformation 
of geological materials is often assumed to be brittle slip on pre-existing fault surfaces, 
which is governed by Byerlee’s Law [Byerlee, 1967; 1968; 1978] and controls the 
linear portion of the jelly sandwich model. Therefore, models of fault friction 
dominate characterizations of earthquake slip mechanisms, as opposed to models of 
brittle fracture. As temperature increases with depth in the crust, ductile flow replaces 
brittle fault slip as the primary mode of deformation. The brittle-ductile transition 
occurs where pressure-sensitive brittle fault slip is replaced by temperature-sensitive 
ductile flow [Brace and Kohlstedt, 1980; Kirby, 1983; Sibson, 1982; 1986]. Since the 
development of Byleree’s Law, scientists have tried to use extremely cold geotherms 
to limit the onset of bulk ductile flow and maintain the crust’s deformation via 
frictional fault slip to deep crustal depths. For example, geothermal gradients 
approximating 10 to 15°C/km to 35 km depth have been calculated to explain 
earthquakes deep beneath the East African Rift System (EARS) [Nyblade and 
Langston, 1995]. Such cold geotherms predict temperatures of ≤ 550°C at 35 km in 
the lower crust, which seems abnormally cold for a region of active rifting and 
probable superplume activity. Comparable geotherms have been calculated for the 
Canadian and Siberian shields and orogenic regions near the BRS [Emmerson and 
McKenzie, 2007; McKenzie, et al., 2005]. Xenoliths entrained in kimberlites were used 
to constrain the geothermal gradient calculations to ~ 250 km depth. Moho 
temperatures for the stable shields are typically ≤ 600°C [Emmerson and McKenzie, 
2007; McKenzie, et al., 2005]. In the two orogenic regions near BRS, however, Moho 
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temperatures reached temperatures of 750°C and 860°C [Emmerson, et al., 2006], 
values significantly highly than those suggested for the EARS. Additionally, the 
EARS lithosphere is expected to be hotter than that of the BRS. The EARS 
experiences higher strain rates (~ 6 mm/yr), more substantial Holocene volcanism, sits 
on top of the African Superplume, and is considered an active rift system. On the other 
hand, the BRS experiences strain rates of  ~ 4.5 ± 1.2 mm/yr [Calais, et al., 1998], 
significantly less Holocene volcanism, and is thought of as a pull-apart rift system. 
Baikal Rift tectonics and magmatic history are related to accommodating continental 
scale deformation associated with the evolution of the India-Asia collision [Petit and 
Déverchère, 2006], rather than mantle upwelling or triple junction rifting as in East 
Africa. Therefore, it is geologically unreasonable to expect the EARS and similarly 
tectonized areas to have geothermal gradients of ~ 10 to 15°C/km.  
 
Forcing the lithosphere’s dependence on simple frictional fault slip into the lower crust 
to explain deep seismicity within the continents is unnecessary. In the following 
subsections, we discuss additional deformation mechanisms. Each is a process that 
could allow bulk ductile deformation to occur in the middle and lower crust consistent 
with general rheological understanding, while episodes of seismogenic slip or rupture 
can still explain the anomalously deep seismic events documented in the literature.  
 
Ductile instabilities 
In 1986, Hobbs et al. studied pseudotachylytes (glassy rock generated by frictional 
melting during seismic slip) and ultramylonitic rocks from an exhumed, high-grade 
crustal shear zone in Central Australia. The rocks developed in a cyclical manner 
where pseudotachylytes experienced ductile deformation, which was later overprinted 
by another cycle of brittle deformation. They proposed that both deformational events 
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occurred entirely within the ductile regime and that the embrittlement resulted from 
unstable ductile shearing. These and other similar observations [Kirby, 1983; McNulty, 
1995; Sibson, 1980] are consistent with a zone of long-term creep experiencing rapid, 
transient slip and rupture. The momentary deformation is called a ductile instability. It 
occurs when a creeping shear zone is perturbed by a change in temperature, stress, or 
strain-rate. The instability is a localization of deformation in a discrete area that results 
in rapid stress relaxation. This temperature-dependent phenomenon is a deformational 
mechanism that could explain some earthquakes in the lower continental crust below 
the brittle-ductile transition [Hobbs, et al., 1986 Figure 17].  
 
Ord and Hobbs [1989] combined lithospheric strength profiles with calculations of the 
temperatures limiting ductile instability to determine the constraints imposed on the 
strength of the continental crust by rheological properties and tectonic setting. They 
found earthquakes due to frictional slip or ductile instabilities are unlikely to occur 
deeper than ~ 25 km for strike-slip and thrust-type settings with geothermal gradient 
hotter than 20°C/km. For normal fault settings, the lithosphere should be aseismic at 
depths greater than 10 km. Seismicity is documented to occur to near-Moho depths 
beneath East Africa and the Lake Baikal region, which are both continental rift 
systems. Therefore, the theory of ductile instabilities is incapable of explaining the 
existence of lower crustal seismicity in every tectonic setting, but it is a mechanism 
that could contribute in some part to the occurrence of earthquakes beneath the brittle-
ductile transition. 
 
The assumption often associated with the jelly sandwich model, that earthquakes occur 
only in the brittle regimes, may be untrue. It may be incorrect to assume that 
continental seismicity is an indicator of the frictional-slip deformation mechanism. 
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The occurrence of earthquakes via ductile instabilities would not invalidate the 
lithospheric strength profile associated with the jelly sandwich model, but would 
invalidate the idea that earthquakes only outline the portion of the crust where 
frictional slip is the prevailing deformation mechanism.  
 
Fluid-enhanced embrittlement 
Surface derived pore fluid pressure changes – Scientists have long understood that 
earthquakes can be triggered by natural or human-caused changes in pore fluid 
pressure [Gibbs, et al., 1973; Raleigh, et al., 1976]. Reservoir filling, subsurface fluid 
injection, oil reservoir or aquifer withdrawal, earthquakes, and possibly changes in 
groundwater recharge rates can induce these pressure changes. The best correlations 
between deep seismicity induced from changes in near surface pore fluid pressures are 
those associated with reservoir-induced seismicity as summarized by Simpson [1986] 
and Simpson et al. [1990; 1988]. One case study of particular interest is that of the 
Aswan Reservoir in Egypt. That region experienced a significant increase in 
earthquake activity following the filling of the reservoir. The mainshock associated 
with the increased activity occurred at a depth of ~ 19 km, while aftershock 
hypocenters are reported as deep as 27 km. The magnitude 5.3 (Ms) mainshock on 
November 14, 1981 is historically the largest seismic event to occur in the Aswan 
region. In addition, the timing of the increased seismicity correlates well with 
expansion of the reservoir area into the seismically activated area in 1976, six years 
prior to the mainshock event. This time delay between lateral spreading of the 
reservoir and deep earthquake occurrence is likely due to gradual diffusion of water 
from the reservoir region to depth. Either the water traveled to hypocentral depths 
during the delay time and simulated seismicity, or it took time to induce an increase in 
pore fluid pressures at hypocentral depths resulting in fault slip [Simpson, 1986; 
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Simpson, et al., 1990; Simpson, et al., 1988 and references therein]. Also, 
magnetotelluric imaging of a seismogenic fault in the Aswan region correlates areas of 
high conductivity with seismic clustering. Imaging suggests crustal fluids are 
influencing both geoelectrical conductivity and seismic activity levels [Mekkawi, et 
al., 2005]. 
 
Constain et al. [1987] studied the transmission of pore fluid pressure changes 
downward in crystalline permeable crust as a possible trigger of earthquakes in the 
southeastern United States. They suggest that transient increases in water-table 
elevation of as little as 1 m can modify fluid pressure and ambient chemical conditions 
to depths of 20 km in fractured crust already under tectonic stresses based on an 
electrical conductivity study and a groundwater flow model . At hypocentral depths, 
seismic triggers can be pressure changes at depth due to natural increases in hydraulic 
head, the dissolution of minerals in water, or the solubility of water in minerals leading 
to structural weakening. What Constain et al. provide is a conceptual physical model 
to transmit fluid pressure transients from surface recharge areas down to depths of 20 
km. The occurrence of “hydroseismicity” [Costain, et al., 1987] at these deep depths is 
supported by the mainshock Aswan reservoir-induced seismicity reaching depths of 20 
km and smaller aftershocks reaching greater depths, 27 km. 
 
Melt-related embrittlement – Melt-related activity in the crust is also hypothesized to 
facilitate seismic activity through the processes of magma migration, partial melting, 
or fluids released in dehydration or other metamorphic reactions. Seismic monitoring 
of active volcanic centers around the globe confirms examples of seismic activity 
associated with active magmatic systems at depth. Davidson et al. [1994] discussed 
the end member scenarios where melt was injected into the deep crust or melt was 
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produced in situ. They utilize thermal models of injected melts, as well as a natural 
example of in situ melting from migmatites of the Central Gneiss belt in British 
Columbia. The authors conclude embrittlement of the lower crust can occur in both 
environments. The injected melt works by weakening the surrounding rock and 
temporarily concentrating strain where the melt is present, while during in situ partial 
melting space problems arise due to the positive volume change in most melting 
reactions. Both processes lower the effective pressure in discrete areas, thereby 
localizing deformation along narrow shear zones.  
 
Rushmer [1995] supported theoretical models of melt-enhanced embrittlement by 
presenting experimental results of deformation of partially molten natural amphibolite 
from the Ivrea Zone in Italy, a typical mid- to lower crustal mafic rock [Voshage, et 
al., 1990]. Rushmer [1995] performed experiments under fluid-absent conditions with 
1.8 GPa pressure and temperatures between 650°C to 1000°C, conditions likely similar 
to those of thickened lower continental crust. At low melt fractions (< 15 vol %), 
results show melting reactions can induce fracture in previously ductile rocks. 
Therefore, melt-enhanced embrittlement, like ductile instabilities, is a mechanism that 
could facilitate brittle deformation in the lower continental crust below the brittle-
ductile transition. 
 
One example of where deep crustal earthquakes are most likely due to melt 
embrittlement in the lower continental crust comes from North Island, New Zealand. 
The Taupo Volcanic Zone (TVZ) is a back-arc spreading rift system related to the 
Hikurangi subduction zone beneath the island. Reyners et al. [2007] used data from a 
dense seismic network to combine accurately located crustal earthquakes and three-
dimensional tomographic images of seismic velocities and seismic attenuation to 
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propose a common explanation for upper and lower crustal seismicity.  They observe a 
continuous band of seismicity along the rift region. Earthquake distributions deepen 
from events located at depths of ≤ 10 km beneath the TVZ to lower crustal depths (30 
– 40 km deep) southwest of the termination of the volcanic zone (Figure B.12). 
Reyners et al. hypothesize migration of subduction-related hot fluids along the margin 
of an otherwise dry, mafic New Zealand continental crust causes both the deep and 
shallow events. Seismicity in all areas often occurs in swarms, which suggests the 
influence of fluid movement [e.g., Nur and Booker, 1972]. Additionally, the 
earthquakes occur within seismic velocities that are consistent with the presence of 
fluids (VP/VS ≈ 1.70) and the deepening band of events parallels the boundary between 
zones of high and low seismic attenuations. These contrasting attenuation zones are 
interpreted as the boundary between an anomalous concentration of partial melt 
beneath the TVZ and the over-thickened crust of the southwestern North Island (~ 10 
km thicker than beneath the TVZ). The authors suggest that subduction-related melts 
from the limited mantle wedge beneath the thickened crust in the southwest is 
entrained toward the northeast due to the relatively high mantle corner flow in the 
northeast and restricted flow to the southwest. The melt entrainment could feed the 
partial melt concentrations of the TVZ. 
 
If this hypothesized entrainment is true, then the seismicity appears to outline the 
regions where subduction-related melts meet resistance in upward migration. The crust 
beneath the TVZ exhibits high attenuation values, which suggests high temperatures 
and therefore weak rock. Melts generated beneath the TVZ meet little resistance and 
aseismically migrate through the weak lower and middle crust until they reach the 
upper crust. There the crust is brittle. The melts are able to weaken preexisting faults 
or increase stress concentrations to facilitate seismic slip from ~ 10 km and shallower. 
182 
The melt generated southwest of the TVZ, however, encounters an overly thickened, 
dry, mafic crust, which has low seismic attenuation properties to 40 km depth. This 
crust may limit melt migration and subsequent seismic activity to within the middle 
and lower crust, leaving the upper crust relatively aseismic. A limitation of melt 
migration upward could also force melts to migrate laterally. Reyners et al. suggest 
that this may explain the dipping band of seismicity that connects the deep events in 
the southwest to the shallow earthquakes in the northeast along the attenuation contrast 
boundary. Within this model for the North Island, the region southwest of the TVZ 
containing the lower crustal seismicity is likely less deformed than the crust beneath 
the TVZ. The earthquake swarms are indicative that the southwest is experiencing 
ongoing deformation, while lateral migration of melts and high attenuation to the 
northeast suggests more pervasive melt emplacement and deformation beneath the 
TVZ. Lastly, the North Island is experiencing back-arc rifting, so unlike ductile 
instabilities, melt-enhanced lower crustal seismicity is not limited to strike-slip and 
thrust settings. Effects of melting can explain deep crustal earthquakes in normal-type 
tectonic settings as well.  
 
Eclogite phase transitions – A special case for fluid-enhanced embrittlement involves 
eclogite phase transitions in very thick crust in collisional tectonic settings. 
Pseudotachylytes containing eclogite facies assemblages from the Bergen Arcs of 
Western Norway have been used to support the hypothesis that rapid faulting and 
seismic activity can occur during eclogite phase transitions in the deep continental 
crust [Austrheim, 1987; Austrheim and Boundy, 1994; Austrheim, et al., 1996; 
Bjørnerud, et al., 2002; Lund and Austrheim, 2004]. The high- and ultrahigh-pressure 
rocks formed in a shear zone at depths of 60 km or more beneath the continental 
collision zone of the Caledonian orogeny. The presence of pseudotachylytes within the 
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Grenvillian granulite host-rock indicates that the lower parts of the thickened crust 
deformed via rapid brittle failure, while the eclogitic microlites contained in the 
fractures suggest coeval brittle failure and eclogitic phase formation. The mechanism 
driving granulite to eclogite conversion is fundamental to our understanding of the 
evolution and metamorphism of deep mountain roots, and these researchers have 
shown it now may be critical to our understanding of deep continental seismicity.  
 
Austrheim and Boundy [1994] inferred that the pseudotachylytes formed at depth 
during fluid-enhanced eclogitization. The eclogites formed at temperatures of ~ 700°C 
deep within the over-thickened continental crust [Austrheim and Griffin, 1985; 
Boundy, et al., 1992; Jamtveit, et al., 1990; Perchuk, 2002] and other calculations 
suggested that the surrounding anhydrous, and subsequently strong, granulites also 
experienced similar temperatures. Austrheim and Boundy [1994] concluded that fluids 
played the integral role in bringing about the eclogitization reaction. Infiltration of 
water, possibly from the breakdown of pressure-sensitive hydrous phases in the 
continental mantle, hydrated the dry granulite and facilitated rapid changes in rheology 
and density resulting in eclogite-filled pseudotachylyte formation. Austrheim and 
Boundy [1994], and later Jackson et al. [2004] and Priestley et al. [2008], used the 
development of the Bergen Arc eclogites from anhydrous, strong granulites as an 
analogy to processes possibly at work beneath Tibet within the subducting Indian 
lithosphere.  
 
Camacho et al., 2005, however, interpret the Norwegian rocks differently. These 
authors used thermal modeling combined with volume-diffusion argon (40Ar – 39Ar) 
gradient modeling to concluded that hot (700°C) fluids injected co-seismically into 
surprisingly colder (400°C) crust. Their data suggests that the brittle strength of the 
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host-rock granulite did not come from its anhydrous composition, but rather its 
anomalously cold temperature. They suggest fluid migration and eclogitization was 
triggered by multiple, short-lived deformational pulses associated with earthquakes 
within the cold granulite.  
 
Both hypotheses conclude that fracture-hosted fluids are essential components and 
catalysts in the eclogite phase transition. However, they greatly differ on their 
conclusions of an embrittlement mechanism for the host-rock. Did the granulite exist 
at cold, brittle temperatures and seismic faulting allowed hot fluid infiltration, or did 
hydration of the anhydrous granulite facilitate such rapid deformation it forced the hot 
rock to deform seismically? It does not seem intuitive that crust at 60 km depth within 
a tectonized collision zone would be at temperatures ≤ 400°C, but, as of yet, Camacho 
et al.’s [2005] argon isotopic data has not seriously been contested. Each hypothesis, 
however, relies heavily on the transport of fluids into the lower crust. Whether hydrous 
phases introduce eclogitic melts into lower crust or induce granulite to eclogite phase 
transitions, the existence of fluids in the lower crust remains a decisive factor in 
determining the dominate mode of deformation. Finally, however the relationship 
between seismic faulting and granulite to eclogite phase transitions occurs, this 
deformation mechanism is limited to the lower crust of overly-thickened mountain 
roots, where pressure-temperature conditions are reached that can facilitate the 
granulite to eclogite transition.  
 
Summary 
Through this review of the deformation mechanisms in the continental crust, we find 
the influence of fluids is the only mechanism capable of encouraging earthquake 
occurrence throughout the continental crust in any tectonic setting. Whether sourced 
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from the surface or from beneath the crust, fluids can facilitate seismic failure in brittle 
and ductile rocks. Near surface derived changes in pore fluid pressure observationally 
and theoretically can penetrate at least to depths of 20 km, while melt-assisted seismic 
slip is thought to occur from shallow depths in highly modified lithosphere to lower 
crustal depths in stronger, less tectonized crust. Embrittlement of the continental crust 
by fluids, water or melt, is capable of explaining the depth distribution of earthquakes 
in all types of tectonic environments. It is unnecessary to assume questionably cold 
temperatures or strong rocks in the lower crust in order to drive velocity-dependant 
fault slip to great depth, although it may occur in some settings. Ductile instabilities 
are a viable mechanism that can stimulate rapid, brittle failure within weak rocks 
experiencing bulk plastic flow and therefore explain lower crustal earthquakes beneath 
the brittle-ductile transition. On a global scale, however, fluid-enhanced embrittlement 
is not limited by depth or tectonic environment, as are ductile instabilities. Therefore, 
fluid-enhanced embrittlement, where fluids are derived from a variety of processes, is 
likely to be the dominant deformation mechanism controlling seismicity within 
continental crust. 
 
The deformation mechanisms discussed above seriously challenge the validity of the 
assumption that earthquakes are indicative of a specific dominant mode of 
deformation. The jelly sandwich model of lithospheric strength was developed from 
experimental data on rheology and dominant modes of deformation [Brace and 
Kohlstedt, 1980]. Common interpretations of the strength profiles were that 
earthquakes occurred within the lithosphere only where slip on pre-existing faults was 
dominant, which was where the crust could sustain the largest stresses (i.e. was the 
strongest). However, this review highlights the fact that by means of different 
mechanisms, earthquakes can occur within the ductile portion of the continental 
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profile where power-law creep is dominant, in the region which was often considered 
to be the weak part of the crustal column. Through some combination of ductile 
instabilities, fluid embrittlement, and eclogite phase transitions, the continental crust 
seems to deform seismically wherever rocks are capable of sustaining sufficient stress 
differentials. Within this framework, earthquakes are possible throughout continental 
crust until the rock is sufficiently weakened that it permanently deforms under 
differential stress too small for earthquakes to occur. When such a stage is reached in 
the lower crust, temperatures are likely to be high, processes such as crustal flow are 
likely to be dominant, and the lower crust is most likely decoupled from the brittle 
upper crust and, if present, the underlying mantle lid. In this situation the lower crust 
is the weak layer often called upon to explain tectonic and geomorphic observations in 
tectonically active, highly deformed belts such as the Basin and Range or the Tibetan 
Plateau [e.g., Gans, 1987; Royden, et al., 1997]. 
 
Lithospheric rheology and deformation 
Having challenged the validity of the jelly sandwich model of continental lithospheric 
strength, we now ask the question: how do earthquakes relate to the strength of the 
lithosphere? In this section, we address this topic by placing earthquakes occurring in 
the lower continental crust into a broad geophysical framework. We summarize the 
current state of knowledge of continental seismicity regarding lithospheric properties 
and measured estimates of continental deformation.  
 
First, we discuss the connections between TS and effective elastic thickness (Te) and 
between TS and temperature that have been proposed. We find that at this time an 
ongoing debate about how to estimate continental Te hinders a scientific consensus 
from forming with regard to comparisons of Te and TS. Additionally, a simple 
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relationship between focal mechanism distribution and flexural stresses has not been 
clearly documented in any continental region, as is seen in oceanic lithosphere. 
Therefore, it is difficult to reconcile a relationship between TS and Te in continents. 
Concerning a relationship between TS and temperature, we find that earthquake depth 
distributions often mimic lithospheric strength profile distributions (i.e., earthquake 
occurrence increases to a maximum in the upper crust, ≲ 25 km, and decreases quasi-
exponentially at greater depths). Since temperature controls the exponential decay in 
lithospheric strength at such depths, temperature may then control the thickness of 
continental seismicity. However, it remains unclear how temperature directly controls 
rapid slip along a fault surface within the lower crust. Finally, TS is discussed with 
respect to estimates of lithospheric deformation to address whether continental lower 
crustal earthquakes occur in relatively strong or weak lithosphere. We compiled 
calculations of percent strain mainly from surficial constraints and lithospheric thermal 
thickness estimates largely from seismic imaging studies in order to relate lithospheric 
structure and the amount of deformation to continental TS. Results are consistent with 
lower crustal earthquakes occurring in stable lithosphere, as well as tectonically active 
lithosphere with characteristics intermediate between thick, tectonically stable cratons 
and thin, highly mobile Late Cenozoic orogens. 
 
Estimated effective elastic thickness 
There is on-going debate about a possible relationship between TS and the 
lithosphere’s estimated effective elastic thickness (Te) [e.g., Burov and Watts, 2006; 
Jackson, 2002]. Te is the thickness of the lithosphere modeled as flexure of an elastic 
plate above a fluid mantle. The plate can be subjected to surface and/or internal loads, 
which may be gravitationally compensated via elastic plate bending with wavelengths 
up to a few hundred kilometers. Bending stresses associated with flexure can act as a 
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one possible cause of earthquakes. Flexural compensation requires bulk elastic 
rheologies to accommodate recoverable plate bending. Likewise, the Reid earthquake 
rebound model of seismic rupture involves rocks capable of elastic recovery during an 
abrupt release of accumulated strain. So theoretically, bending stresses and elastic 
rheologies may sustain a relationship between Te and TS. 
 
Watts [2001] reviewed one simple relationship that exists in oceanic lithosphere. As TS 
increases with lithospheric age, tensional events consistently occur shallower than 
compressional events in regions seaward of deep-sea trenches [Watts, 2001 Figure 
6.37]. This distinct pattern in focal mechanisms is easiest explained by seismic slip 
caused by outer-rise flexural stresses. Additionally, when estimates of Te and TS for 
the entire oceanic lithosphere are compared [Watts, 2001 Figure 6.40a], the majority of 
calculations for both thicknesses are ≤ 50 km. Therefore, earthquakes within oceanic 
lithosphere are generally distributed throughout the lithosphere’s elastic layer.  
 
A consensus has not been reached, however, regarding the relationship between the 
seismogenic layer and the effective elastic thickness in continental regions. Much of 
the ambiguity fueling the debate comes from the fact that geodynamicists currently 
disagree on how to calculate Te correctly in the continents. Scientists have estimated 
Te using both forward and inverse (spectral) methods. Differences in Te estimates arise 
between forward and inverse modeling largely because they yield measurements 
corresponding to different times. Forward models commonly calculate elastic 
thicknesses corresponding to the time of a specific loading event by reconstructing 
surface and subsurface loads and their associated flexures (e.g., Lyon-Caen and 
Molnar [1983], Royden [1988], and Stewart and Watts [1997]). Spectral methods are 
based on present-day topography and gravity anomalies yielding estimates of the 
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current Te. Therefore, forward and spectral methods estimate similar Te’s in young 
tectonic provinces but are understood to differ in areas with older deformational 
histories [Grotzinger and Royden, 1990; Perez-Gussinye and Watts, 2005].  
 
More troublesome discrepancies have been reported, however, between Te estimates 
based on the spectral methods. Two spectral methods are currently at the center of the 
debate, one based on analysis of the Bouguer anomaly–topography coherence 
[Forsyth, 1985] and the other on free air anomaly–topography admittance [McKenzie 
and Fairhead, 1997]. Both methods utilize present-day topography and gravity 
anomaly datasets and therefore should result in equivalent Te values. Patterns of 
Bouguer coherence can yield Te estimates of 100 km or more suggesting both the crust 
and mantle can contribute to the lithosphere’s long-term flexural strength, while the 
free-air admittance function often calculates Te everywhere within continents as 
typically < 25 km. The latter is often interpreted to suggest that the mantle is weak and 
that long-term continental lithospheric strength resides solely in the crust. McKenzie 
and Fairhead [1997] combined continental TS and Te estimates from free air anomaly–
topography admittance to hypothesize that both thicknesses may be restricted to the 
crust and involve no significant lithospheric mantle contribution. Maggi et al. [2000b] 
took the idea further by observing that variations in TS correlate with variations in Te 
calculated from free air–topography admittance and that usually Te < TS.  Jackson 
[2002] then proposed that continental lithospheric strength resides solely in the 
seismogenic layer (i.e., in the crust). The concept that continental tectonics and 
mechanics are controlled by strength that resides mainly in the crust, rather than in the 
mantle was thereafter dubbed the crème brûlée model of lithospheric strength [Burov 
and Watts, 2006], in contrast to the jelly sandwich model. 
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Pérez-Gussinyé et al. [2004] investigated the methodological discrepancy between 
effective elastic thickness calculations from Bouguer–topography coherence and free 
air–topography admittance using synthetic topography and gravity anomaly data for 
which the elastic thickness was prescribed. They showed that differences arise in Te 
calculations when the admittance and coherence have not been comparably 
formulated. Often with the free air–topography admittance analyses, an infinite data 
window is used to calculate the predicted spectra, while a finite data window is used to 
calculate the observed spectra. Pérez-Gussinyé et al. [2004] show that using these 
different data windows [McKenzie and Fairhead, 1997] can lead to an underestimation 
of Te by a factor of 2 when effective elastic thickness is large (> 30 – 40 km). 
“However, when the observed and predicted admittance functions are calculated in the 
same data windows, as is usually the case in the coherence method, then the results 
from the two techniques are equivalent” [Perez-Gussinye, et al., 2004; Perez-Gussinye 
and Watts, 2005]. Their results, other results from the Bouguer anomaly–topography 
coherence method and forward modeling estimates of Te support the concept that the 
lithospheric mantle contributes significantly to continental strength and that the 
effective elastic thickness can be much larger than TS. However, other studies [Crosby, 
2007; Emmerson, et al., 2006; Jackson, et al., 2008] continue to challenge the validity 
of the Bouguer anomaly–topography coherence method. Crosby [2007] conducted a 
range of tests to analyze errors resulting from spectral leakage, noise, and lateral Te 
variations on Te estimates from synthetic surface data, free-air admittance and 
Bouguer coherence, and synthetic line-of-sight satellite accelerations. Crosby found 
that the effect of noise, such as internal loads, on the Bouguer coherence–topography 
analysis strongly increases estimation of Te, as well as lateral variations in Te introduce 
a large bias in Te estimates from analysis of free-air admittance functions. Since lateral 
variations can be relatively easily minimized by not including actively deforming 
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regions within analysis of stable regions or vise versa, Crosby contents the whole-box 
admittance technique [McKenzie and Fairhead, 1997] is the simplest of the spectral 
methods. Jackson et al. [2008] briefly reviewed this debate and explained that 
incompatible estimates of Te from spectral analysis result from different assumptions 
of where the flexed plate is broken, and hence where the bending moment of the plate 
is zero. Unfortunately, the location of the break is not well constrained by geophysical 
observation leaving Te poorly constrained with a broad minimum and unconstrained 
upper bound. At the time of this review, a scientific consensus has not been reached 
regarding accurately calculating Te in continental regions, thereby leaving the debate, 
thus far, unsettled. 
 
Regardless of the question as to how to calculate Te, the relationship between TS and 
Te in continents does not appear to be as simple as that found in oceanic lithosphere. If 
the crème brûlée-type deformation was dominant in continental lithosphere and therein 
TS and Te have similar values and are both contained within the crust, then we would 
expect to see earthquake distributions in bending continental crust consistent with 
flexural stresses (e.g., normal fault events in the upper half of the crust and thrust 
events in the lower parts of the crust or vise versa). Yet most intraplate stress 
distributions are characterized by large horizontal compressive stress regimes that 
correlate with absolute-plate-velocity directions on these plates [Reinecker, et al., 
2005; Sykes and Sbar, 1973; Zoback, et al., 1989]. Therefore, the stresses are likely 
due to broad-scale plate tectonic forces and not local stresses like that of flexural 
loading. Additionally, within any tectonically active region included in this study, 
upper and lower crustal earthquakes are largely consistent with each other and with the 
regional tectonic stresses (e.g., within extensional and compressional environments 
focal mechanism throughout the crust are dominantly normal and thrust, respectively).  
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Flexural stress patterns have been hypothesized to explain focal mechanism 
distributions within the Indian plate as it subducts beneath Tibet [Bilham, et al., 2003; 
Chen and Kao, 1996; de la Torre, et al., 2007; Molnar, et al., 1977].  The topography, 
structure, and gravity of the Central Indian Plateau, Ganges Basin, and Himalayas 
show that the Indian plate does flex as is descends beneath Tibet [Molnar, et al., 
1977]. But, very few earthquakes occur south of the Himalaya Main Central Thrust 
which would be the region equivalent to oceanic regions seaward of deep-sea trenches 
and no pervasive and clear focal mechanism distribution has yet to emerge. Therefore, 
a simple relationship between focal mechanism distribution and flexural stresses has 
not been clearly documented in any continental region and subsequently it is difficult 
to reconcile a relationship between TS and Te. 
 
Temperature 
Chen and Molnar [1983] studied continental earthquake focal depths and estimated 
temperatures at the depth of the deepest earthquakes to investigate possible limiting 
temperatures for the occurrence of earthquakes. McKenzie et al. [2005] revisited the 
question of a limiting temperature for earthquakes. The authors derived geotherms for 
the Canadian and Siberian shields from surface heat flow, radioactivity, and pressure 
and temperature calculations from xenoliths entrained in kimberlites. They conclude 
that seismicity is limited by the 600°C isotherm in both oceanic and continental 
lithosphere. In stable continental lithosphere they estimated Moho temperatures to be 
≤ 600°C, implying that stable continental crust is capable of deforming seismically 
throughout its thickness if subjected to tectonic stresses. That study sampled only 
relatively aseismic, stable cratons, so it is unclear how those calculations extrapolate 
to active orogens. Emmerson et al. [2006] combined observations of seismicity, 
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gravity, and topography and estimations of thermal and velocity structures to 
investigate the rheological properties of the lithosphere in the Lake Baikal region. 
They used two kimberlite sites within orogenic belts. Estimated temperatures were 
750°C and 860°C at Moho depths of 40 and 45 km, respectively. Moderate- to large-
magnitude seismicity reaches depths of 30 km in the Lake Baikal region, so seismicity 
there appears also limited to temperatures ≤ 600°C. Xenoliths record elevated 
geothermal gradients beneath both the Basin and Range and Tibet, where the aseismic 
lower crust (Figure 3.3) exhibits temperatures ≳ 700°C. Temperatures are ~ 900° to 
1050°C at Moho depth beneath the Basin and Range province and subsequently ≲ 
700°C at depths ≤ TS assuming surface heat flow of 90 to 100 mW m-2 [McGuire, 
1994]. For Tibet, temperatures reach 800° to 1000°C at a depth of 30 to 50 km where 
TS ≲ 30 km [Hacker, et al., 2000]. These temperatures are not consistent with 
seismicity limited by the 600°C isotherm, although they are consistent with aseismic 
lower crust experiencing elevated geothermal conditions (≳ 700°C) when compared to 
lower crustal temperatures beneath SCRs (≲ 600°C) [McKenzie, et al., 2005]. 
 
Within oceanic lithosphere simple relationships do exist between temperature, elastic 
thickness, and TS [Chen and Molnar, 1983; Emmerson and McKenzie, 2007; 
McKenzie, et al., 2005; Molnar and Chen, 1983; Watts, 2001 section 6.9 for review; 
Wiens and Stein, 1983]. However, young ages (< 200 Ma), relatively simple tectonic 
histories, and homogeneous rheologies may facilitate such simple correlations. The 
complex deformational histories and compositional heterogeneity of the continental 
crust is likely to establish varying geothermal structures beneath continents. Chapman 
and Furlong [1992] investigate geological processes that modify modeled steady-state 
geotherms of stable continental crust. They used simple thermal models of tectonism 
and found that relaxation times (the time required for geothermal gradients to return to 
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the previous state or to establish a new steady-state geotherm) are 100 Ma or more 
following the cessation of most thermally altering tectonic events (e.g. burial by 
thrusting, magmatic underplating). Therefore, it is not intuitive that comparable lower 
crustal temperatures exist in all the numerous tectonically active environments 
reviewed in this study.  
 
Almost all continental crust exhibits a similar pattern of earthquake depth distribution 
which may suggest seismicity is temperature controlled. Histograms show event 
occurrence typically increasing to a maximum in the upper crust (≤ 25 km depth) and 
decreases quasi-exponentially at greater depths. This pattern of earthquake frequency 
versus depth is generally consistent with profiles of crustal strength (e.g., that used in 
the jelly sandwich model). The transition from increasing to decreasing crustal 
strength occurs at the brittle-ductile transition and the exponential decrease in strength 
below the transition is described by the failure criterion for power-law creep, the 
dominant deformation mechanism of the lower continental crust as predicted by theory 
and experiment [Brace and Kohlstedt, 1980 and references therein]. Creep is a 
temperature-dependant deformation mechanism. As a result, the strength of the lower 
crust is thought to be largely dependant on rheology and temperature. Earthquake 
depth distributions mimic crustal strength profiles [e.g., Petit and Déverchère, 2006 
Figure 6], which implies a possible relationship between crustal strength and crustal 
earthquakes. Therefore, observations make it plausible that since temperature controls 
strength in the lower crust and earthquake distributions follow the pattern of crustal 
strength, temperature may control seismogenesis. However, as discussed above, 
geotherm calculations do not appear to outline a specific temperature that defines an 
earthquake depth limit in continental crust, although it is likely that where the lower 
crust is aseismic it is experiencing elevated geothermal conditions (≳ 700°C). 
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Lithospheric structure 
The most striking observation about the global distribution of lower crustal 
earthquakes is the variety of tectonic settings in which they occur. The dominant 
deformational character, whether compressional, extensional, or strike-slip, is not the 
determining factor. In this section we show that correlated measures of lithospheric 
thickness and deformation appear to be the important factors. The key observation is 
that, in contrast to tectonically active continental areas that have lower crustal events 
(Figure 3.2), there also exist tectonically active continental areas that exhibit an 
aseismic lower crust (Figure 3.3). The other important observation is that stable, 
cratonic regions, although relatively quiet seismically, in fact appear to exhibit lower 
crustal seismicity (Figure 3.4). Figures 3.2, 3.3, and 3.4 show examples of these three 
types of regions for which we have accurate data on crustal earthquake depths. We 
hypothesize that the difference between these types of regions is related to a difference 
in the thermal thickness of the lithosphere, which is in turn related to the strength of 
the lithosphere and amount of deformation the lithosphere has experienced. Thinner, 
weaker lithosphere is associated with more deformation and the absence of lower 
crustal earthquakes, while somewhat thicker, stronger lithosphere is associated with 
lower crustal earthquakes. This hypothesis implies a spectrum of lithospheric strengths 
and thicknesses, including at one extreme cratonic regions with a thick lithosphere and 
little or no post-Paleozoic deformation, and at the other end of the spectrum highly 
deformed orogens subjected to large amounts of Cenozoic deformation with a 
relatively thin lithosphere due to extensive magmatism, heating, and possibly 
delamination. In between are areas with intermediate strength, thickness, and degree of 
Cenozoic deformation. We hypothesize that the tectonically active regions with lower 
crustal earthquakes (Figure 3.2) fit into this intermediate category.  
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Figure 3.5 shows a simple block model incorporating the proposed hypothesis 
connecting TS to variations in lithospheric thickness and related deformation. It is 
broken into a top and bottom section illustrating compressional and extensional 
tectonic regimes, respectively. These two cases were chosen to illustrate that the model 
is consistent with data from any continental deformational environment regardless of 
whether crustal thickness is increasing, decreasing, or remaining relatively constant 
(i.e., in strike-slip settings). From left to right, lithospheric blocks illustrate the 
spectrum of lithospheric thermal thickness, deformation, and strength, where SCRs 
with thick, strong lithosphere are represented in the leftmost column and tectonically 
active areas with an aseismic lower crust and a thin, weak lithosphere are in the 
rightmost column. The intermediate-type lithosphere is represented in the middle 
column, where we hypothesize tectonically active areas with a seismic lower crust 
correspond to lithosphere that has intermediate thickness and has experienced only 
moderate amounts of deformation. Each region’s seismogenic thickness is illustrated 
by the white arrow and is defined by the earthquake depth histograms in Figures 3.4, 
3.2, and 3.3 (from left to right respectively). 
 
While brittle fault slip and ductile instabilities are capable mechanisms to facilitate 
seismic slip, fluid-enhanced embrittlement is unique because it can induce earthquakes 
at deep crustal depths and in any tectonic environment when water or melts are 
present. Thus, we argue fluid embrittlement is likely the most influential method of 
inducing earthquakes in continental crust and is the only mechanism represented in 
Figure 3.5. The green arrows illustrate the influence of surface water on seismogenesis 
and the purple arrows illustrate the influence of in situ melting or injected melts. It is 
doubtful that melt is inducing earthquakes within SCRs, because volcanic activity is  
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Figure 3.5: Lithospheric block model of variations in continental lithospheric thickness 
and strength, corresponding seismogenic thickness, and dominant earthquake 
deformation mechanism.
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rarely present and mantle lid thicknesses are large. Therefore, TS within SCRs is 
accompanied solely by the green arrow that illustrates the influence of surface water, 
implying that in some regions meteoric water can reach depths throughout the crust. 
Increased deformation and thinning of the lithosphere would raise lithospheric 
temperatures and increase the possibility of melt involvement in the lower crust, so we 
employ both surface water and melt-enhanced embrittlement to explain TS in the 
middle and right columns. However, the combination of extremely thin lithosphere, 
high percent strain, and limited TS in the rightmost column implies that the lower crust 
can become aseismic when continental lithosphere is sufficiently deformed and 
thinned at which point the lower crust is weak and may flow without any kind of 
brittle failure.  
 
In order to test the proposed hypothesis, below we examine whether TS can be 
correlated with measures of lithospheric strength and thermal thickness. As a proxy for 
lithospheric strength we compile estimates of the amount of Late Cenozoic crustal 
deformation, based on estimates of the percent strain, for the regions where TS is 
reliably estimated. For lithospheric thermal thickness we use mainly available results 
for seismic velocity structure and, where available, correlate those estimates with 
geochemical and geothermal constraints. 
 
Percent strain – The tectonically active regions in this study (Figures 3.2 and 3.3) 
have experienced significant periods of deformation during the last ~ 35 Ma. Percent 
strain measurements included in this section reflect those deformations and not any 
that occurred prior to the mid-Cenozoic, although the Western Pyrenees is one 
exception. The Pyrenees formed due to convergence between the Iberian and 
European plates from ~ 85 to 25 Ma. The period of time involving the height of 
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deformations for these many regions (Figures 3.2 and 3.3) varies. By this we mean, in 
a few regions current tectonic activity appears to be waning from what it once was 
(e.g., Alps and Pyrenees), whereas in other regions deformations initiated very 
recently (< 5 Ma) and are more vigorous then during previous Cenozoic times (> 5 
Ma) (e.g., Argentine Foreland and North Island, New Zealand). A question may then 
be whether comparing strains across these regions is reasonable given the differences 
in timing of the main periods of deformation. The findings of Chapman and Furlong 
[1992] support that it would take ≳ 100 Ma after the cessation of most tectonic events 
which modify the thermal structure of the crust (e.g., exhumation, burial by thrusting, 
extensional unroofing, and magmatic underplating) for continental crust to return 
geothermal gradients to a steady-state geotherm of stable continental lithopshere. It is 
then likely that all regions considered tectonically active in this study are still 
experiencing the thermal effects of tectonic deformations, where the Pyrenees has the 
earliest tectonic cessation age of ~ 25 Ma. We contend it is reasonable to compare 
estimates of percent strain across the many tectonically active regions, because in each 
area the structures included in the percent strain estimates are likely part of the 
tectonic deformations that are still affecting lithospheric thermal structure. 
Additionally, our goal is to establish where the different regions fit into the broad, 
global range of crustal deformations rather than attempting to establish precise values, 
rates, and durations of deformations.  
 
To quantify the amount of deformation that has occurred in a region, we compiled 
estimates of percent strain, where percent strain is: 
 
%100*%
L
Le Δ=  
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and e is strain, ΔL is the change in length, L is the original length, and the | | symbols 
indicate that we take the absolute value. Percent strain can be negative or positive 
depending on whether deformation is compressional or extensional. We use absolute 
percent strain to eliminate the importance of the sign, since we are comparing the 
deformation in both compressional and extensional tectonic environments. Percent 
strain estimates have been compiled from previously published sources (Figure 3.6). 
The reported values result from a variety of data and analyses, which are described 
within Appendix C. Strike-slip settings are discussed separately later in this section. 
Percent strain is not a readily applicable quantity to those environments, because it 
does not fully capture the complex tectonic histories of the strike-slip settings included 
in this study (e.g., Southern California and Anatolia).  
 
A pattern emerges when comparing percent strain estimates from areas with an 
aseismic or seismic lower crust (Figure 3.6). Seismically active continental areas with 
an aseismic lower crust generally exhibit larger regional percent strains (Figure 3.6 
black bars) than areas with a seismic lower crust (Figure 3.6 gray bars). Presumably, 
negligible deformation has occurred in SCRs, so percent strains in those areas are not 
plotted. The pattern suggests a change in the seismic character of the continental lower 
crust with increasing deformation, such that at limited to moderate percent strains the 
continental lower crust is capable of deforming seismically and with increased 
deformation (i.e., more percent strain) the lower crust is aseismic. From Figure 3.6, it 
appears that at approximately 30 % strain the lower crust under goes this transition 
from being seismically active at strains < 30% to being aseismic at strains > 30 %. 
However, regional percent strain measurements can have significant errors due to 
limited knowledge of structure at mid- to lower crustal depths, so at this time 30 % is a 
very rough estimate of where the lower crust may transition from being seismically  
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Figure 3.6: Absolute percent strain estimates. References are contained in Appendix C.
202 
active to becoming aseismic. These inaccuracies may explain why percent strains of 
the Zagros, Eastern Rift, Tien Shan, and Western Pyrenees are very similar yet the 
Zagros and Eastern Rift exhibit an aseismic lower crust and the Tien Shan and 
Western Pyrenees exhibit a seismic lower crust. Each region also has different thermal 
and rheological conditions that could influence such a transition. With regard to the 
percent strain estimate for the Western Pyrenees, the region experienced tectonic 
cessation at ~ 25 Ma, so that it is plausible that the region has experienced some 
stabilization (e.g., crustal cooling) since that time, albeit not enough for it to be 
considered a SCR. Therefore, when compared to the Zagros and the Eastern Rift, the 
Western Pyrenees’ percent strain calculation may be a slight over estimate, because it 
does not take into account effects since the tectonic cessation. Other strains shown on 
Figure 3.6 differ by an order of magnitude or more (e.g., 5 % in the Baikal Rift System 
and ≳ 100 % in the Afar Triangle) and have not experienced tectonic cessation, so that 
the overall pattern appears robust. Therefore, Figure 3.6 illustrates a possible 
relationship between TS and amount of deformation, where TS is thick and reaches to 
near-Moho depth when limited to intermediate amounts of deformation have occurred 
and percent strains are lowest (< 30% strain), and when larger amounts of deformation 
have occurred (> 30 % strain) TS thins and is restricted to upper and middle crust 
leaving the lower crust aseismic.  
 
The general pattern of a seismic lower crust limited to where moderate to little 
amounts of deformation have occurred and an aseismic lower crust where larger 
deformations have occurred is also apparent in strike-slip tectonic environments. Three 
large continental strike-slip provinces are included in the histograms in Figures 3.2 and 
3.3 – Dead Sea Fault System (DSFS), North Anatolian Fault (NAF), and the San 
Andreas Fault System (SAFS) (included within the Southern California histogram in 
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Figure 3.3). The DSFS exhibits lower crustal seismic activity, while both the NAF and 
SAFS demonstrate an aseismic lower crust. In concert with the pattern revealed by the 
percent strain data compilation, the respective tectonic histories of these strike-slip 
regions suggests that lower crustal seismic activity is restricted to areas that 
experienced moderate to limited tectonic deformation (i.e., the DSFS), while the 
massive tectonic reworking and large amounts of deformation of Anatolia and 
Southern California over much of the Cenozoic is reflected by aseismic lower crusts. 
 
The region of Southern California and that of the SAFS experienced subduction of the 
Farallon oceanic plate through the Paleogene which resulted in subduction of an 
oceanic spreading center beneath the margin around 30 Ma. This subduction set up a 
triple junction that migrated northward to become today’s Mendocino triple junction, 
while a slab window developed beneath Southern California ~ 28 Ma. The 
establishment of the SAFS occurred during that time and movement continues today. 
First, transform plate motion was accommodated offshore along the margin 
approximately where subduction previously occurred and later (≲ 20 Ma) the motion 
migrated inland to set up the intraplate continental transform fault system of the San 
Andreas (e.g., Atwater [1970]). Studies have shown that ~ 255 km of right-lateral 
motion occurred  since ~ 6 Ma in southern California associated with the regional 
SAFS, while about 175 km of slip has occurred on the San Andreas Fault itself 
[Dickinson, 1996; Matti, et al., 1992]. 
 
Likewise, Anatolia has an extensive tectonic history which is not simply limited to 
Neogene motion along the transform system (i.e., NAF). The lithosphere of the 
Anatolian Plate is comprised of an amalgamation of continental fragments that 
resulted from subduction and accretionary processes associated with the convergence 
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between Africa and Eurasia since the Cretaceous. Subduction processes continued 
beneath the Mediterranean Sea south of Anatolia and to the east in eastern Turkey. 
Ultimately, this convergence resulted in middle Miocene continent-continent collision 
between the Arabian and Eurasian Plates in eastern Anatolia forcing the extrusion of 
the Anatolian Plate westward. The NAF accommodates motion associated with the 
extrusion tectonics and formed at ~ 13 to 11 Ma [Barazangi, et al., 2006; Bozkurt, 
2001; Golonka, 2004; Sengor, 1979; Sengor, et al., 2005]. It has accumulated ~ 85 km 
of offset since its formation [Sengor, 1979]. 
 
Relative to the regions of the SAFS and NAF, the region of the DSFS has not 
experienced as much tectonic deformation. The Dead Sea region was part of a 
relatively stable platform since the early Mesozoic. To accommodate relative motion 
between the African and Arabian continental breakup, the DSFS formed during the 
Late Cenozoic (~ 17 Ma) interrupting the previous tectonic stability. Accumulated 
offset is estimated to be ~ 105 km [Freund, et al., 1970; Quennell, 1958]. Of these 
three intra-continental transform fault systems, the DSFS seems to have experienced 
moderate amounts of Neogene deformation, while the regions of the SAFS and the 
NAF experienced more pervasive tectonic reworking from the Early Cenozoic to 
present. The relative tectonic histories are consistent with the DSFS region exhibiting 
a seismic lower crust as well as having experienced limited to moderate amounts of 
deformation, while the SAFS and NAF regions exhibit aseismic lower crusts and have 
experienced large amounts of tectonic deformation. Therefore, intraplate transform 
tectonic environments exhibit a similar pattern to that revealed by the percent strain 
compilation shown in Figure 3.6, such that a relationship between TS and amount of 
deformation possibly exists. TS is thick and reaches to near-Moho depth when limited 
to intermediate amounts of deformation have occurred, and when larger amounts of 
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deformation have occurred TS thins and is restricted to upper and middle crust leaving 
the lower crust aseismic. 
 
Lithospheric thickness – Lithospheric thermal thickness estimates for most areas are 
based on seismic imaging analyses, such as surface wave tomography and receiver 
functions, with a number of areas also having corroborating calculations from 
geotherm modeling and geochemical constraints. Estimates of Te are excluded from 
this compilation.Te is a measure of elastic thickness and not lithospheric thermal 
thickness, as well as, debate about how to estimate continental Te hinders analysis of 
that quantity at this time (as discussed above). For interested readers, a full discussion 
of the background data and analyses used to construct our lithospheric thickness 
compilation (Figure 3.7) is contained in Appendix D. Figure 3.7 plots estimated 
lithospheric thicknesses in decreasing order from left-to-right with each estimate 
color-coded according to type of continental region. Figure 3.7 illustrates an apparent 
relationship between lithospheric thickness and seismogenic thickness, TS. 
Seismogenic and lithospheric thickness are thinnest where the lower crust is aseismic, 
~20 km and < 80 km, respectively. Intermediate lithospheric thicknesses ranging from 
~80 to ~ 160 km correspond to tectonically active regions where TS reaches to the 
Moho and lower crustal earthquakes occur. In SCRs, lithospheric thicknesses are the 
largest (> 200 km). The pattern in Figure 3.7 suggests that within lithosphere of thick 
or intermediate thickness (≳ 80 km thick) the lower crust is seismogenic. 
 
Summary – Figures 3.6 and 3.7 are consistent with our proposed hypothesis of a 
spectrum of corresponding changes in lithospheric thickness, deformation, and 
seismogenic thickness (Figure 3.5). They illustrate a relationship between whether the 
lower continental crust is seismically active and the Cenozoic evolution of the  
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Figure 3.7: Estimated lithospheric thickness (km). References are contained in 
Appendix D.
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lithosphere in deformational environments. SCRs have the thickest lithosphere of 200 
km or more, no measurable percent strain, and the lowest level of seismic activity. In 
the few areas where it is possible to describe TS in a SCR, TS can reach to near-Moho 
depth. When tectonically active areas are considered, earthquakes occur in the lower 
continental crust of lithosphere with intermediate thickness (between ~ 80 and ~ 160 
km) and that has experienced limited to moderate amounts of percent strain (< 30 %). 
Figure 3.6 and 3.7 also show that within thinner continental lithosphere (< 80 km 
thick) that has experienced larger percent strains (> 30 %), the lower crust is aseismic. 
These relationships suggest a transition in earthquake occurrence in the lower 
continental crust associated with the evolution of lithosphere as it thins, weakens, and 
deforms. 
 
Africa, specifically the Congo Craton together with the EARS, can be used as an 
example of where all three stages captured in the lithospheric block model are 
displayed, as shown in Figure 3.6 (labeled Afar Triangle – EARS, Eastern Rift – 
EARS, and Western Rift – EARS) and 3.7 ( labeled Congo Craton, Tanzanian Craton 
– EARS, Eastern Rift – EARS, and Afar Triangle - EARS). In addition to the percent 
strain and lithospheric thickness data, the timing of the onset of volcanism and seismic 
imaging analysis are consistent with the northern EARS (i.e., the Afar Triangle and the 
Eastern Rift of Ethiopia and Kenya) having experienced more extensive and longer-
lived crustal modification by the addition of mafic material then the areas of the 
southern EARS (i.e., the Western Rift and the Eastern Rift in Tanzania), where the 
northern EARS exhibits TS ≲ 20 km [Braunmiller and Nabelek, 1990; Foster and 
Jackson, 1998; Gaulon, et al., 1992; Keir, et al., 2006; Wagner and Langston, 1988] 
and the southern EARS exhibits TS  to Moho depths (as deep as ~ 40 km) (see Figure 
B.9 of the Appendix).  
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Deformation has propagated from north to south with volcanism initiating in southern 
Ethiopia around 45 to 37 Ma, 35 to 30 Ma in northern Kenya, 15 Ma in central Kenya, 
and 8 Ma in northern Tanzania [Ebinger, 1989; George, et al., 1998; Nyblade and 
Brazier, 2002 and references therein]. Since all of these areas continued to experience 
volcanism into the Holocene, it is likely that the northern EARS has experienced 
longer-lived weakening due to magmatic addition then in the southern EARS. In 2005, 
Dugda et al. reported results from receiver function analysis that determined crustal 
thicknesses and Poisson’s ratios for the crust throughout the Eastern Rift. Analyses 
showed that in Ethiopian the crust is thin (Moho depths between ~ 27 and 38 km) and 
has elevated Poisson’s ratios (0.27 to 0.35) consistent with crust that has been 
extensively modified by the addition of mafic rock. The crust of Kenya and Tanzania 
has thicknesses between 33 and 42 km and Poisson’s ratios of 0.24 to 0.28 consistent 
with felsic to intermediate composition crust. Therefore, deep crustal earthquakes in 
the southern EARS are coincident with a later onset of volcanism and moderate crustal 
modification relative to the thin TS, longer volcanic record, and more pervasive crustal 
modification of the northern EARS. These findings are consistent with the percent 
strain and lithospheric thickness relationships in Figures 3.6 and 3.7. Such that, the 
Congo Craton is an example of a SCR (left block in Figure 3.5), the southern EARS is 
an example of lithosphere at the intermediate stage (center block), and the northern 
EARS at the more advanced stage (right block). 
 
Implications 
The previous interpretation of continental lithospheric strength profiles, that 
continental earthquakes only occur where brittle fault slip is the dominant deformation 
mechanism (i.e., the jelly sandwich model), seems incorrect. It now appears that 
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earthquakes can occur throughout the continental crust, from the near surface to Moho 
depths within the dominantly brittle and ductile portions of continental crust, such that 
the entire continental crust is likely capable of brittle failure on time scales consistent 
with the seismic cycle. Similar assertions have been made by other studies [Handy and 
Brun, 2004; Jackson, et al., 2008 and references therein; Thatcher and Pollitz, 2008], 
however our study has quantified that the lower crustal earthquakes associated with 
tectonic activity are restricted to areas where the lithosphere has an intermediate 
thickness (between ~ 80 and ~ 160 km) and moderate to limited amounts of 
deformation (< 30 %) have occurred. Continental earthquake depth histograms exhibit 
patterns consistent with this new interpretation of lithospheric strength profiles (i.e., 
earthquakes can occur in ductile as well as brittle crust). Earthquake depth 
distributions mimic crustal strength profiles, such that they increase to a maximum in 
the upper crust (≤ 25 km depth) and decrease quasi-exponentially to Moho depths. 
Within lithosphere that has experienced large amounts of thinning (lithospheric 
thickness ≲ 80 km) and deformation (percent strain > 30%), the lower crust does not 
support seismic rupture. Therefore, whether a tectonically active area exhibits lower 
crustal seismicity appears to depend on the lithospheric thermal thickness and amount 
of accumulated lithospheric deformation and therefore the strength of the continental 
lithosphere. Thicker, less deformed lithosphere is stronger and demonstrates lower 
crustal seismicity, while thinner, more deformed lithosphere is weaker and exhibits the 
absence of lower crustal earthquakes.  
 
A thin lithospheric thermal thickness causes elevated lower crustal temperatures due to 
the proximity of hot asenthospheric mantle, which provides a potential source of melts 
and heat into the lower crust. This may explain how the lower crust becomes aseismic 
and weak enough to possibly flow without any kind of brittle failure. Beneath the 
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Basin and Range province and the Tibetan Plateau, arguments have been made that the 
lower crust flows and Figure 3.3 illustrates the aseismic behavior of the lower crust in 
these areas. Within the Basin and Range province, distributions of strain can vary 
spatially from ≲ 15 % strain in some areas to ≳ 100 % in others, while a relatively flat 
Moho at ~ 30 km depth lies beneath all areas. The contrasting crustal structure of 
spatially sporadic distributions of strain and the simple Moho geometry suggest lower 
crustal compensation via ductile flow [Gans, 1987; Goodwin and Mccarthy, 1990; 
McCarthy, et al., 1991 and references therein]. Also, the flat topography of Tibet and 
long wavelength topographic slopes along its edges are consistent with flow beneath 
the plateau [Clark, et al., 2005; Clark and Royden, 2000]. Thermal conditions that 
decrease lower crustal viscosities (e.g., igneous underplating, intrusion, or by addition 
of water-rich fluids) likely govern whether the lower crust flows in extensional 
environments [McKenzie and Jackson, 2002]. Within compressional settings, crustal 
thickening may alone provide enough heat to generate metamorphic transformations in 
the lower crust that enable ductile flow, while coincident lithospheric thinning would 
likely accelerate such a process [England and Thompson, 1984; Le Pichon, et al., 
1997]. Therefore, tectonically and seismically active regions exhibiting an aseismic 
lower crust may be places where the lower crust is weak and may flow. 
 
Conclusions 
By compiling accurately located earthquake depths (± 5 km or better), we investigated 
the tectonic settings in which continental lower crustal earthquakes occur to 
understand their significance with respect to lithospheric properties and deformation. 
Deep crustal events are not restricted to any one tectonic environment and fluid-
enhanced embrittlement is the only deformation mechanism capable of inducing 
seismicity in the wide variety of settings where these events occur. In addition to fluid-
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enhanced embrittlement, ductile instabilities is another viable mechanisms that can 
stimulate rapid, brittle failure within weak rocks experiencing bulk plastic flow, which 
explains the occurrence of lower crustal earthquakes beneath the brittle-ductile 
transition. These mechanisms are not consistent with the classic jelly sandwich model 
of lithospheric strength and deformation, where seismic slip is restricted to the upper 
crust and mantle lid leaving the lower crust aseismic. Our results are consistent with 
the entire continental crust being capable of seismic rupture unless extreme heating, 
melting, and/or fluid injection have occurred at which point the lower crust becomes 
aseismic. In such a case, percent strains are likely to be high (> 30%) and lithospheric 
thicknesses are likely to be thin (≲ 80%). 
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APPENDIX A 
 
EARTHQUAKE DEPTH DETERMINATION RESULTS 
 
This section contains waveform figures of the 38 earthquakes with properties that 
were determined through this study and described in Chapter 2. Waveform plots are 
ordered according to date. Events that occurred first in time occur first in this chapter 
and the most recent events are placed last. Plots come in two forms: P and SH 
waveform modeling plots and SHZ phase identification plots. Examples of P and SH 
waveform modeling plots were shown in Chapter 2. These plots are broken into two 
halves, the left halves are the waveform solution plots and the right halves are the 
sensitivity analysis plots. Convention for these plots is described in Figures 1.3 and 
1.5, respectively. Conventions for the SHZ phase identification plots have not been 
described before. These plots show one or more short-period waveform record, the 
SHZ record. The titles contain the date and origin time of the earthquake. Forward 
modeling of pP and sP phase arrival times are superimposed on the SHZ waveforms. 
In the upper right of the waveform plots the network, station, waveform type, and 
distance, in degrees, from event to station are listed. When particular descriptions are 
needed, they are contained within the figure captions.
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Figure A.1:  SHZ analysis plot for the 1986/04/05 earthquake. Event depth was found 
to be 6 km.
230 
Figure A.2:  SHZ analysis plot for the 1989/03/16 earthquake. Event depth was found 
to be 20 km.
 231 
Figure A.3:  MT5 waveform inversion solution plot for the 1989/05/04 earthquake. Focal mechanism was held fixed to that 
reported by the Global CMT catalog. Event depth was found to be 24 km.
 232 
Figure A.4:  MT5 waveform inversion solution plot for the 1990/05/30 02:34:02.56 earthquake. Minimum misfit solution: strike 
174°, dip 29°, rake 118°, depth 26 km, and Mw 6.5. 
 233 
Figure A.5:  MT5 waveform inversion solution plot for the 1990/05/30 16:49:25.34 earthquake. Focal mechanism was held fixed to 
that reported by the Global CMT catalog. Event depth was found to be 29 km. 
 234 
Figure A.6:  MT5 waveform inversion solution plot for the 1991/04/04 earthquake. Minimum misfit solution: strike 157°, dip 24°, 
rake 90°, depth 29 km, and Mw 6.6. 
 235 
Figure A.7:  MT5 waveform inversion solution plot for the 1993/08/02 earthquake. Focal mechanism was held fixed to that 
reported by the Global CMT catalog. Event depth was found to be 24 km.
 236 
Figure A.8:  MT5 waveform inversion solution plot for the 1995/06/12 earthquake. Minimum misfit solution: strike 350°, dip 31°, 
rake 82°, depth 33 km, and Mw 5.4. 
 237 
Figure A.9:  MT5 waveform inversion solution plot for the 1996/03/10 earthquake. Minimum misfit solution: strike 300°, dip 40°, 
rake 74°, depth 31 km, and Mw 5.7. 
 238 
Figure A.10:  MT5 waveform inversion solution plot for the 1998/01/10 earthquake. Minimum misfit solution: strike 115°, dip 5°, 
rake 114°, depth 11 km, and Mw 6.2. 
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Figure A.11:  MT5 waveform inversion solution plot for the 1998/02/19 earthquake. Minimum misfit solution: strike 124°, dip 31°, 
rake 81°, depth 4 km, and Mw 6.0. 
 240 
Figure A.12:  MT5 waveform inversion solution plot for the 1998/03/06 earthquake. Minimum misfit solution: strike 142°, dip 45°, 
rake 90°, depth 3 km, and Mw 5.6. 
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Figure A.13:  MT5 waveform inversion solution plot for the 1998/03/10 earthquake. Minimum misfit solution: strike 146°, dip 36°, 
rake 105°, depth 4 km, and Mw 5.8. 
 242 
Figure A.14: MT5 waveform inversion solution plot for the 1998/04/12 earthquake. Focal mechanism was held fixed to that 
reported by the Global CMT catalog and the depth was held fixed by the SHZ analysis depth solution reported in Figure A.13 (10 
km).
243 
Figure A.15:  SHZ analysis plot for the 1998/04/12 earthquake. Event depth was found 
to be 10 km. IM PDAR waveform is a waveform stack of records recorded by the 
PDAR seismic array in Wyoming, USA. MT5 waveform inversion solution plot is 
shown in Figure A.12.
 244 
Figure A.16:  MT5 waveform inversion solution plot for the 1998/05/22 earthquake. Minimum misfit solution: strike 360°, dip 88°, 
rake 179°, depth 13 km, and Mw 6.1. This figure is also shown as Figure 2.20. 
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Figure A.17: MT5 waveform inversion solution plot for the 1998/05/26 earthquake. Minimum misfit solution: strike 206°, dip 86°, 
rake 180°, depth 13 km, and Mw 5.2. 
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Figure A.18: MT5 waveform inversion solution plot for the 1998/05/29 earthquake. Focal mechanism was held fixed to that 
reported by the Global CMT catalog. Event depth was found to be 5 km. 
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Figure A.19: MT5 waveform inversion solution plot for the 1998/10/04 earthquake. Focal mechanism was held fixed to that 
reported by the Global CMT catalog. Event depth was found to be 4 km.
248 
Figure A.20:  SHZ analysis plot for the 1998/10/25 earthquake. Event depth was found 
to be 9 km.
 249 
Figure A.21: MT5 waveform inversion solution plot for the 1999/10/04 earthquake. Minimum misfit solution: strike 176°, dip 33°, 
rake 90°, depth 12 km, and Mw 5.8. 
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Figure A.22: MT5 waveform inversion solution plot for the 1999/12/25 earthquake. Minimum misfit solution: strike 176°, dip 54°, 
rake 113°, depth 24 km, and Mw 5.6. 
 251 
Figure A.23: MT5 waveform inversion solution plot for the 2001/02/21 earthquake. Minimum misfit solution: strike 083°, dip 16°, 
rake 33°, depth 15 km, and Mw 5.7. 
 252 
Figure A.24: MT5 waveform inversion solution plot for the 2001/06/29 earthquake. Focal mechanism was held fixed to that 
reported by the Global CMT catalog and the depth was held fixed by the SHZ analysis depth solution reported in Figure A.23 (10 
km).
253 
Figure A.25:  SHZ analysis plot for the 2001/06/29 earthquake. Event depth was found 
to be 10 km. MT5 waveform inversion solution plot is shown in Figure A.22.
 254 
Figure A.26: MT5 waveform inversion solution plot for the 2001/07/04 earthquake. Minimum misfit solution: strike 089°, dip 34°, 
rake 51°, depth 14 km, and Mw 6.1. 
 255 
Figure A.27: MT5 waveform inversion solution plot for the 2001/07/24 earthquake. Minimum misfit solution: strike 018°, dip 75°, 
rake 187°, depth 8 km, and Mw 6.4. The depth determined from waveform inversion analysis is consistent with the depth found 
from SHZ analysis shown in Figure A.26. This figure is also shown as Figure 2.28.
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Figure A.28:  SHZ analysis plot for the 2001/07/24 earthquake. Event depth was found 
to be 8 km. MT5 waveform inversion solution plot is shown in Figure A.25.
 257 
Figure A.29: MT5 waveform inversion solution plot for the 2001/08/09 earthquake. Minimum misfit solution: strike 113°, dip 87°, 
rake 13°, depth 12 km, and Mw 5.9. Event depth was held fixed by the SHZ analysis depth solution reported in Figure A.28 (12 
km).
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Figure A.30:  SHZ analysis plot for the 2001/08/09 earthquake. Event depth was found 
to be 12 km. MT5 waveform inversion solution plot is shown in Figure A.27.
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Figure A.31:  SHZ analysis plot for the 2001/08/12 earthquake. Event depth was found 
to be 7 km.
 260 
Figure A.32: MT5 waveform inversion solution plot for the 2001/12/04 earthquake. Focal mechanism was held fixed to that 
reported by the Global CMT catalog and the depth was held fixed by the SHZ analysis depth solution reported in Figure A.31 (17 
km).
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Figure A.33:  SHZ analysis plot for the 2001/12/04 earthquake. Event depth was found 
to be 17 km. MT5 waveform inversion solution plot is shown in Figure A.30. IM 
TX## waveform is a waveform stack of records reported by the Lajitas Array in 
Texas, USA. IM PDAR waveform is a waveform stack of records reported by the 
PDAR seismic array in Wyoming, USA.
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Figure A.34: MT5 waveform inversion solution plot for the 2001/12/08 earthquake. Minimum misfit solution: strike 296°, dip 88°, 
rake 329°, depth 13 km, and Mw 5.7. Event depth was held fixed by the SHZ analysis depth solution reported in Figure A.33 (13 
km).
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Figure A.35:  SHZ analysis plot for the 2001/12/08 earthquake. Event depth was found 
to be 13 km. MT5 waveform inversion solution plot is shown in Figure A.32. 
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Figure A.36:  SHZ analysis plot for the 2001/02/24 earthquake. Event depth was found 
to be 10 km.
 265 
Figure A.37: MT5 waveform inversion solution plot for the 2002/05/28 earthquake. Minimum misfit solution: strike 214°, dip 31°, 
rake 97°, depth 12 km, and Mw 6.0. 
 266 
Figure A.38: MT5 waveform inversion solution plot for the 2002/07/02 earthquake. Minimum misfit solution: strike 143°, dip 58°, 
rake 12°, depth 18 km, and Mw 5.4. 
 267 
Figure A.39: MT5 waveform inversion solution plot for the 2002/08/11 earthquake. Minimum misfit solution: strike 129°, dip 38°, 
rake 122°, depth 10 km, and Mw 5.2.
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Figure A.40:  SHZ analysis plot for the 2002/12/13 earthquake. Event depth was found 
to be 7 km.
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Figure A.41: MT5 waveform inversion solution plot for the 2005/05/03 earthquake. Minimum misfit solution: strike 282°, dip 55°, 
rake 358°, depth 32 km, and Mw 5.9. 
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Figure A.42: MT5 waveform inversion solution plot for the 2005/10/31 earthquake. Focal mechanism was held fixed to that 
reported by the Global CMT catalog. Minimum misfit depth solution: 5 km. 
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Figure A.43: MT5 waveform inversion solution plot for the 2006/11/20 earthquake. Minimum misfit solution: strike 239°, dip 24°, 
rake 72°, depth 37 km, and Mw 5.4. 
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Figure A.44: MT5 waveform inversion solution plot for the 2007/03/24 earthquake. Focal mechanism was held fixed to that 
reported by the Global CMT catalog. Minimum misfit depth solution: 24 km. 
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APPENDIX B 
 
EARTHQUAKES IN THE LOWER CONTINENTAL CRUST:  
TS AND CRUSTAL THICKNESS 
 
This section reviews the different areas that exhibit earthquakes in the lower 
continental crust. Each area is described with respect to its regional patterns in TS and 
crustal thickness. The seismicity data is limited to earthquakes with depth 
uncertainties of ± 5 km or better. We consider an area to be experiencing earthquakes 
in the lower continental crust when TS reaches to near-Moho depth (i.e., Moho depth 
minus TS ≲ 10 km). The areas discussed are summarized in Figure B.1 (Figure 3.2 in 
the main chapter text) and that figure displays the order in which the areas are 
discussed in this section with the exception for the Argentine and Peruvian Foreland, 
which are discussed together. Each section contains a map figure illustrating regional 
distribution of continental seismicity. Each map contains a topographic base map with 
earthquake locations shown as colored circles and are color-coded for depth. Yellow 
events occur in the upper crust, orange events occur in the middle crust, and red events 
occur in the lower continental crust. Depths intervals of the upper, middle, and lower 
crust vary between geographic locations depending on crustal thickness. Exact depth 
intervals are described with the legend of each figure. When focal mechanisms were 
available, each lower crustal earthquake is accompanied by its best fit focal 
mechanism solution with dark quadrants indicating compressional motions. 
 
Alpine Foreland and Rhine Graben 
Seismicity in the Alpine Foreland (i.e., Molasse Basin, Jura Mountains, etc.) and the 
Rhine Graben region occur throughout the continental crust, which is contrary to the  
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Figure B.1: Earthquake depth histograms for tectonically active continental areas that 
exhibit a seismic lower crust (Figure 3.2 of main chapter text). Dashed red line 
indicates approximate Moho depth.
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pattern displayed within the Alps proper (Figure B.2). Earthquakes in the Alps are 
restricted to the upper 20 km of crust, while Moho depths can reach > 50 km (Figure 
B.3), so the lower crust is aseismic. The cornerstones of seismologic monitoring in 
these regions are dense permanent seismograph networks operated by French, 
German, Italian, and Swiss institutes.  
 
The following studies were incorporated into this review to define TS of the Alps, 
Alpine Foreland, and Rhine Graben regions, thereby providing the earthquake data for 
Figure B.2 and the Alpine Foreland and Rhine Graben histogram in Figure B.1. Bonjer 
et al. [1984] studied earthquakes within the Rhine Graben region utilizing short-period 
seismographs setup by the French, German, and Swiss. Deichmann [1987],  
Deichmann and Rybach [1989], and Deichmann et al. [2000] employ the dense short-
period network operated by the Swiss Seismological Service (SED, for 
Schweizerischer Erdbebendienst) plus stations from Germany universities and from a 
small seismograph array near Basal to constrain event hypocenters in the Alps and 
Alpine Foreland. Kastrup et al. [2004] compiled an earthquake focal parameter dataset 
from previously published studies for these regions. The information compiled relied 
heavily on SED data supplemented with several temporary local networks and stations 
in neighboring countries. For the south-western Alps, Nicole et al. [2007] constrained 
event hypocenters using a temporary seismological network deployed from August to 
December, 1996 supplemented with permanent stations from French and Italian 
universities. 
 
Moho depths are greatest beneath the Alps (> 50 km) and thin to ~ 25 km beneath the 
Rhine Graben (Edel et al., 1975; Mueller et al., 1980; Lüschen et al., 1987; Brun et al., 
1991). TS includes the entire continental crust beneath the Alpine Foreland and  
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Figure B.2: Crustal earthquakes of the Alps, Alpine Foreland, and Rhine Graben 
regions. The location of the depth profile in Figure B.3 is represented by the dashed 
black line. Hypocenter and focal mechanism references: Bonjer et al. [1984], 
Deichmann [1987], Deichmann and Rybach [1989], Deichmann et al. [2000], Kastrup 
et al. [2004] and references therein, and Nicole et al. [2007].
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Figure B.3: Earthquake depth profile from Deichmann et al. [2000]. Depth cross-
section along a NNW-SSE trending profile, map location shown in Figure B.2.  
Earthquakes are different than those displayed in Figure B.2, although both datasets 
reveal the same pattern in TS. The events were compiled by Deichmann et al. from the 
Swiss and German seismograph networks between 1975 and 1999.
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adjacent Rhine Graben region (TS ≈ Tc ≈ 30 km, where = Tc thickness of crust), but is 
restricted to the middle and upper crust (< 20 km) beneath the Alps where Tc ≈ 50 km, 
leaving the Alps lower crust aseismic (Figure B.3).  
 
Argentine and Peruvian forelands 
The Andes Mountains are located along a convergent plate boundary where the Nazca 
oceanic plate subducts beneath the South American continental plate. The Andean 
margin displays major along-strike segmentations involving variations of oceanic 
subduction angle, foreland structural style, and foreland seismicity [Barazangi and 
Isacks, 1976; Jordan, et al., 1983]. The two most seismically active segments are the 
forelands of Argentina and Peru. The crust of these regions is seismogenic to nearly 
Moho depths, the structural style is dominated by reverse faulted basement uplifts, and 
beneath these regions the Nazca plate subducts at a low angle (~ 10°). Outside of these 
two foreland regions and into the Altiplano-Puna plateau region, the South American 
plate exhibits less seismic activity. This different pattern of seismic activity 
corresponds to where the Nazca plate dips more steeply (~ 30°) and the foreland 
structural style is described as a thin-skinned fold and thrust belt. Therefore, spatial 
relationships exist along the Andean foreland that link a seismogenic crust to 
basement thrusts and low angle subduction.  
 
Argentine foreland – The Sierras Pampeanas are the region of the Argentine Foreland 
where reverse basement thrusts dominate the structural style (Figure B.4). Numerous 
studies have described the crustal seismicity in this region. Earthquakes have 
maximum depths of ~ 45 km and the crust is ~ 50 km thick (Figure B.1 Argentine 
Foreland). Chinn and Isacks [1983] and Devlin and Isacks [in prep] used teleseismic 
waveform modeling to constrain event depths through the Central Andes. Kadinsky-
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Cade et al. [1985] combined leveling data and seismic observations to study the 
November 23, 1977, Ms = 7.4 Caucete earthquake in western Argentina, to constrain 
rupture parameters. The top of the fault rupture was determined to be 17 km below the 
surface. Smalley and Isacks [1990], Regnier et al. [1992], and Smalley et al. [1993] 
analyzed data from local seismic networks, the combined footprint of their studies is 
outlined in Figure B.4. They found two areas of foreland seismicity, one associated 
with the Sierras Pampeanas basement uplifts, and the other beneath, but not within, the 
Precordillera thin-skinned fold and thrust belt. Both areas exhibit seismicity to nearly 
50 km depth. Assumpçao and Arujo [1993] used teleseismic waveform modeling and 
analysis of local network data to constrain parameters for two events in the sub-
Andean region of northwest Argentina at depths of 18 and 27 km. Alvarado et al. 
[2005] operated a portable broadband seismic network in the Argentine flat-slab 
region to study crustal seismicity. They recorded earthquakes throughout the Sierras 
Pampeanas at middle-to-lower crustal depths. Additionally, Alvarado and Beck [2006] 
used teleseismic waveform modeling to determine source parameters for two historical 
earthquakes, the January 15, 1944 event (Mw 7.0) and the June 11, 1952 event (Mw 
6.8). Both earthquakes have depth of < 12 km. Earthquake depths reported by these 
studies were used to construct Figure B.4 and the Argentine Foreland histogram in 
Figure B.1. Calkins et al. [2006] and McGlashan et al. [2008] provided estimates of 
Moho depth (~ 50 km) from high frequency receiver functions and teleseismically 
recorded pmP depth phase precursors, respectively. 
 
Peruvian foreland – Similarly, a large part of the Peruvian foreland exhibits lower 
crustal seismicity associated with basement thrusts (Figure B.5). Studies describe the 
crustal seismicity in this region as having maximum event depths of ~ 40 km and a 
crustal thickness of ~ 40 km (Figure B.1 Peruvian Foreland and Figure B.5). Chinn  
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Figure B.4: Crustal earthquakes of the Andean Foreland in Argentina. The combined 
network footprint from Regnier et al. [1992], Smalley and Isacks [1990], and Smalley 
et al. [1993] is outlined in the black dashed line. Nazca plate contours are shown as 
white dashed lines with contour intervals labeled in white text [Cahill and Isacks, 
1992]. Hypocenter and focal mechanism references: Alvarado et al. [2005], Alvarado 
and Beck [2006], Assumpçao and Araujo [1993], Chinn and Isacks [1983], Devlin and 
Isacks [in prep], and Kadinsky-Cade et al. [1985].
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Figure B.5: Crustal earthquakes of the Andean Foreland in Peru. The network 
footprint from Dorbath et al. [1987] is outlined in the black dashed line. Nazca plate 
contours are shown as white dashed lines with contour intervals labeled in white text 
[Cahill and Isacks, 1992]. Hypocenter and focal mechanism references: Chinn and 
Isacks [1983], Devlin and Isacks [in prep], Dorbath et al. [1987], and Suarez et al. 
[1983].
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and Isacks [1983], Suarez et al. [1983], and Devlin and Isacks [in prep] determined 
event parameters using teleseismic waveform modeling. Dorbath et al. [1987] 
conducted a local network study in the Andean foothills and located deep crustal 
earthquakes in the Sub-Andean zone, the northeast extent of their study region. Moho 
depth (~ 40 km) was constrained via teleseismic receiver functions analysis by James 
and Snoke [1994]. 
 
Baikal Rift System 
The Baikal Rift System (BRS) extends over 2500 km from south central Russia into 
northern Mongolia (Figure B.6) and exhibits limited volcanic activity over it length. 
Estimates of crustal thicknesses across the Baikal region vary from 35 to 48 km [Gao, 
et al., 2004; ten Brink and Taylor, 2002]. Numerous studies have determined 
earthquake locations using regional and local seismic networks [Déverchère, et al., 
1991; Déverchère, et al., 1993; Déverchère, et al., 2001; Radziminovich, et al., 2003; 
Vertlib, 1981; 1997], while other studies utilized teleseismic waveform modeling 
[Bayasgalan, et al., 2005; Bayasgalan and Jackson, 1999; Delouis, et al., 2002; Doser, 
1991a; b; Emmerson, et al., 2006]. All studies are consistent with TS reaching to the 
Moho and possibly exceeding it (Figure B.1 Baikal Rift System). The majority of 
earthquakes are restricted to the crust; however there are a few low-magnitude events 
appearing to occur within the lithospheric mantle [Emmerson, et al., 2006]. Emmerson 
et al. [2006] conducted a thorough literature review of studies that report deep 
seismicity in the Baikal region, so we refer readers to that article instead of re-
reviewing those studies here
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Figure B.6: Crustal earthquakes of the Baikal Rift System. The black dashed polygons 
show the network footprints where lower crustal earthquakes were reported 
[Déverchère, et al., 1993; Déverchère, et al., 2001; Vertlib, 1981]. Country borders are 
drawn in thin black lines. Hypocenter and focal mechanism references: Bayasgalan 
and Jackson [1999], Bayasgalan et al., [2005], Delouis et al. [2002], Doser [1991a; 
1991b], Emmerson et al. [2006].
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Colorado Plateau 
The Colorado Plateau has been characterized as a relatively coherent lithospheric 
block surrounded on three sides by the extension of the Basin and Range and Rio 
Grande Rift (Figure B.7). It has been relatively stable during the much of the 
Phanerozoic, but was epeirogenically uplifted ~ 2 km in the Cenozoic. Geologic 
evidence attests to a lack of major crustal deformation within the plateau since the end 
of the Laramide orogeny around 40 Ma ago. Few seismicity investigations have been 
conducted on the plateau due to the plateau being nearly quiescent. Despite this, two 
studies have reported accurate depth determinations for plateau earthquakes. Wong et 
al. [1984] studied two unusually deep earthquakes located within the southeast part of 
the plateau (triangles and focal mechanisms in Figure B.7). The events occurred in 
1976 and 1977 with magnitudes (ML) 4.6 and 4.2, respectively. Their focal depths 
were found to be 41 and 44 km. Focal depths were constrained using the 
HYPOELLIPSE location program and were further supported by error analyses, a 
previous independent study [Dewey, 1982], and regional waveform analysis (i.e., Pn, 
pPn, and P). Wong and Humphrey [1989] used local and regional seismic networks to 
constrain event hypocenters throughout the plateau. Seismicity with the Canyonlands 
region in the north-central part for the plateau (Figure B.7 dashed rectangle) was 
found to reach to ~ 50 km. Crustal thickness estimates from a refraction-reflection 
survey, receiver functions, and velocity modeling are ~ 45 km [Gilbert and Sheehan, 
2004; Jaksha and Evans, 1984; Lastowka, et al., 2001; Wilson, et al., 2005; Zandt, et 
al., 1995], which places the 1976 to 1977 events and numerous events from the Wong 
and Humphrey [1989] study in the lower crust (Figure B.1 Colorado Plateau). In 
addition, Wong and Humphrey located two events between 50 and 60 km depth, 
apparently in the lithospheric mantle. However, like in the Baikal Rift region, the  
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Figure B.7: Crustal earthquakes of the Colorado Plateau. The map footprint of a local 
network study that recorded lower crustal events (dashed rectangle) [Wong and 
Humphrey, 1989]. The two individual lower crustal event locations are accompanied 
by their best fit focal mechanism. Event depths are 41 and 44 km. The focal 
mechanisms are consistent with horizontal extensional stress associated with the 
nearby Rio Grande Rift system. Hypocenter and focal mechanism reference: [Wong, et 
al., 1984].
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mantle events had small magnitudes (ML < 4.0) and are few in number. Therefore, TS 
of the Colorado Plateau reaches to Moho depth and possibly beyond. 
 
Dead Sea Fault System 
The Dead Sea Fault System (DSFS) is an intracontinental plate boundary that extends 
~ 1000 km from the Red Sea spreading center northward to the collisional zone in 
southern Turkey. This transform system resulted from the Late Cenozoic breakup of 
the Arabian-African continent and has accumulated left-lateral slip of ~ 105 km 
[Freund, et al., 1970; Quennell, 1958]. The Dead Sea basin (Figure B.8) is an active 
pull-apart basin located along the DSFS. Seismic refraction, reflection, and receiver 
functions have determined crustal thicknesses throughout the region to be ~ 30 to 35 
km [Ginzburg, et al., 1981; Mohsen, et al., 2006; Weber, et al., 2004, respectively]. 
Aldersons et al. [2003] studied the local seismicity of the Dead Sea basin region for 
the period 1984 to 1997 by relocating 410 events with ML ≤ 3.5 recorded by 
permanent seismic stations throughout Jordan and Israel. Their finding show more 
than 40% of the activity occurred below 20 km and TS ≈ 30 km. With the maximum 
Moho depth at 35 km, nearly the entire crust is seismically active, while the upper 
mantle appears aseismic (Figure B.1 Dead Sea Fault System). 
 
East African Rift System 
The East African Rift System (EARS) has experienced tectonism through much of the 
Cenozoic. The rift valleys of the EARS form two branches, the Eastern Rift extending 
from Ethiopia into Tanzania and the Western Rift along the border of the Democratic 
Republic of the Congo with Uganda south to Tanzania and Malawi. The rift branches 
surround the Archean Tanzania cratonic lithosphere (Figure B.9).  
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Figure B.8: Crustal earthquakes of the Dead Sea Fault System. Hypocenter reference: 
[Aldersons, et al., 2003].
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Figure B.9: Lower crustal earthquakes of the East African Rift System. Hypocenter 
and focal mechanism references: Braunmiller and Nabelek [1990], Brazier et al. 
[2005], Foster and Jackson [1998], Gaulon et al. [1992], Keir et al. [2006], Nyblade & 
Langston [1995], Shudofsky [1985], and Wagner & Langston [1988].
289 
Between 1964 and 2000, 15 moderate- to large-magnitude (Mw 4.2 – 6.5) lower 
crustal earthquakes have occurred in the central and southern EARS (Figure B.9). The 
regions with seismically active lower crust (the Western Rift and Eastern Rift in 
Tanzania) experienced the onset of volcanism at ≤ 12 Ma [Ebinger, 1989; George, et 
al., 1998; Nyblade and Brazier, 2002 and references therein]. Maximum crustal 
thickness is ~ 42 km [Dugda, et al., 2005] and TS is ~ 35 km (Figure B.1 East African 
Rift System) [Brazier, et al., 2005; Foster and Jackson, 1998; Nyblade and Langston, 
1995; Shudofsky, 1985]. Earthquake source parameters were collected from a number 
of studies, most of which analyzed EARS earthquakes using waveforms recorded at 
teleseismic distances. One exception is Brazier et al. [2005] who determined event 
focal parameters using regional and teleseismic recordings. These authors calculated 
synthetic seismograms to constrain source depth. Foster and Jackson [1998] used 
teleseismic P and SH body-waveform inversion. Nyblade and Langston [1995] also 
performed teleseismic waveform modeling, but supplemented depth determinations 
using first-motion polarities, P and pP amplitudes, and determination of pP–P and sP–
P differential travel times, all derived from short-period records. Lastly, Shudofsky 
[1985] determined source parameters using regional and teleseismic recordings to 
conduct Rayleigh-wave inversion and body-wave modeling. 
 
Himalayan Collision Zone 
The cause of deep seismicity beneath the Himalayas and Tibet has been a topic of 
much debate since an intermediate depth earthquake was first documented beneath 
southern Tibet by Chen et al. [1981]. Since then, many studies [Chen and Kao, 1996; 
de la Torre, et al., 2007; Ekström, 1987; Mitra, et al., 2005; Molnar and Chen, 1983; 
Monsalve, et al., 2006; Zhu and Helmberger, 1996] have reported other deep events 
throughout southern Tibet and the Himalayas between approximately 85° and 95°E 
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longitude (Figure B.10). To discuss these earthquakes and others in the surrounding 
areas, we consider the broad India-Asia collision zone in three regions – the 
Himalayan collision zone, continental India south of the collision zone, and Tibet 
north of the collision zone. The Himalayan collision zone is the region where lower 
crustal earthquakes occur, which roughly corresponds to the area between the Indus-
Tsangpo Suture and the Central Indian Plateau. This region includes southern Tibet, 
the Himalayas, the Ganges Basin, and the Shillong Plateau region (Figure B.10). 
Moderate- to large-magnitude lower crustal earthquakes occur within the Himalayan 
collision zone.  
 
Seismicity beneath the Himalayan Collision Zone occurs within the crust from the 
near-surface to the Moho and possibly to depths within the mantle lid (Figure B.1 
Himalayan Collision Zone) [Baranowski, et al., 1984; Chen and Kao, 1996; Chen, et 
al., 1981; de la Torre, et al., 2007; Ekström, 1987; Lyon-Caen and Molnar, 1989; 
Mitra, et al., 2005; Molnar and Chen, 1983; Monsalve, et al., 2006; Ni and Barazangi, 
1984; Zhu and Helmberger, 1996]. Chen et al. [1981] used P, pP, and sP differential 
travel times and Rayliegh wave spectral densities to constrain the depth for an 
intermediate depth earthquake (September 14, 1976; mb 5.4) to ~ 90 km depth. 
Molnar and Chen [1983] compared synthetic and recorded P waveforms for 16 
earthquakes beneath the Tibetan plateau, five of which are within the Himalayan 
Collision Zone. Four events have shallow depth (< 10 km) and one event has a depth 
of 85 km. Ni and Barazangi [1984] determined depths for 17 earthquakes within the 
Himalayan collision zone using synthetic P waveform modeling and short-period 
depth phase identification. Depths were determined to be mid-crustal depths, between 
9 and 25 km. Baranowski et al. [1984] compared synthetic seismograms with long-
period body waves for 9 earthquakes within the Himalayan arc. Focal depths are  
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Figure B.10: Earthquakes of the Himalayan Collision Zone. Black circles are Tibetan 
earthquakes shown in the Figure 3, Tibet. Black dashed line is the approximately 
Indus-Tsangpo Suture and the gray dashed line roughly separates the Ganges Basin 
and Central Indian Plateau. Hypocenter references: Baranowski et al. [1984]; Chen et 
al. [1981];Chen & Kao [1996]; de la Torre et al. [2007]; Ekström [1987]; Mitra et al. 
[2005]; Molnar & Chen [1983]; Molnar & Lyon-Caen [1988]; Monsalve et al. [2006]; 
Ni & Barazangi [1984]; Zhu & Helmberger [1996].
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between 10 and 20 km. Ekström [1987] combined broadband P and SH body wave 
analysis and centroid moment tensor inversion to constrain two Himalayan 
earthquakes both with depths of 44 km. Molnar and Lyon-Caen [1989] synthesized 
shapes and amplitudes of teleseismic P and SH waveforms. Depths were determined to 
be mid-crustal depths, between 7 and 18 km. Zhu and Helmberger [1996] modeled 
regional broadband waveforms for three intermediate depth earthquakes in the 
Himalayan collision zone. Depths were 70, 80, and 80 km. Chen and Kao [1996] 
compared synthetic seismograms with long-period body waves for two earthquakes 
with epicenters in the Himalayan arc. Event depths were 16 and 51 km. Mitra et al. 
[2005] used broadband teleseismic data recorded at 8 stations along a north-south 
profile from Lhasa to south of Shillong plateau to determine receiver functions and 
crustal velocities. Focal parameters for three events were constrained by analysis of 
teleseismic P and SH waveforms using the determined velocity structure. Two events 
were near the Shillong plateau and one within the Himalayas. Depths were 30, 43, and 
37 km, respectively. Monsalve et al. [2006] located earthquake parameters from the 
HIMNT temporary seismic network. Depths range from the near-surface to 96 km. de 
la Torre et al. [2007] determined focal mechanisms from moment tension inversion 
and first motion polarities of the best quality events from the HIMNT. Depths range 
from 5 to 90 km. Moho depths vary throughout the Himalayan Collision Zone, 
because India is subducting beneath Tibet. The general pattern is that the Moho is ~ 42 
km beneath the Ganges Basin and deepens to ~ 80 km beneath the Indus-Tsangpo 
Suture [Mitra, et al., 2005; Schulte-Pelkum, et al., 2005; Shin, et al., 2007]. 
Seismogenic thickness varies along with the deepening Moho, such that TS ≈ 40 km 
beneath the Ganges Basin and increases to ≳ 80 km depth beneath the Himalayas and 
southern Tibet.  
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New Zealand 
North Island – The tectonics of North Island, New Zealand (Figure B.11) is dominated 
by subduction along the Hikurangi Margin and back-arc spreading within the Taupo 
Volcanic Zone (TVZ). This setting is part of the larger Tonga-Kermadec-Hikurangi 
subduction and Lau-Havre-Taupo back-arc basin systems, which extend southward 
into the continental lithosphere of the New Zealand North Island. Rapid (≳ 10 mm/yr) 
back-arc spreading began ~ 10 Ma in the Lau region and propagated south into Havre 
around 5 Ma and finally into the Taupo region on the North Island ≲ 4 Ma [Parson 
and Wright, 1996]. Classic extension occurs in the north and central regions of the 
island, while mild compression occurs in the central southwest. This transition roughly 
occurs at Mt. Ruapehu, the southern terminus of the TVZ (Figure B.11 5-point star). A 
coincident transition occurs in TS within these regions, where TS ≈ 20 km in the north 
and central regions and is ~ 50 km in the central southwest (Figures B.1 North Island, 
New Zealand, B.11, and B.12). 
 
Seismogenic thicknesses are determined from two local network studies [Reyners, et 
al., 2007; Sherburn and White, 2005]. Reyners et al. [2007] conducted a six-month 
dense deployment of portable seismographs across most of the island. They presented 
three-dimensional tomographic imaging of seismic velocities and seismic attenuation 
and accurately relocated crustal events. They found the earthquakes form a continuous 
band along-strike of the TVZ. The events occurred mostly at < 20 km depth beneath 
the TVZ and deepen to depths of 30 to 50 km southwest of the termination of the 
volcanic zone (Figure B.12). Sherburn and White [2005] investigated a similar pattern 
by deploying a dense local seismic network around Mt. Taranaki on the southwest part 
of the island (Figure B.11 7-point star). That study showed TS ≈ 20 km around Mt. 
Taranaki and thickens to 35 km to the southeast coincident with the deep seismicity  
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Figure B.11: Crustal earthquakes of the North Island, New Zealand. Dotted black line 
outlines the Taupo Volcanic Zone (TVZ), the 5-point white star illustrates the position 
of Mt. Ruapehu, which is considered the southern terminus of the TVZ. The 7-point 
white star illustrates the position of Mt. Taranaki and the dashed black line labeled XY 
shows the position of the depth profile in Figure B.12. The gray hachured region 
represents the zone of thin crust, low Pn wave speeds, and low Q [Stern, et al., 2006]. 
Also shown in the southeast is part of the Hikurangi subduction margin. Hypocenter 
references: Reyners et al.  [2007] and Sherburn and White [2005].
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Figure B.12: Earthquake Depth Profile from North Island, New Zealand [modified 
from Reyners, et al., 2007]. Profile location is shown in Figure B.11 by the black line 
labeled XY. Individual earthquakes are represented by black squares.
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found by Reyners et al. [2007]. Seismic exploration of the crust has also shown two 
distinct structural domains. In the north and central regions the crust is thin (Tc ≈ 25 
km), Pn wave speeds are low, mantle attenuation is high, and gravity anomalies are 
positive (Figure B.11 hachured region). In the central southwest, crustal thicknesses 
increase to > 40 km, gravity anomalies are negative, and mantle attenuation is reduced 
[see Stern, et al., 2006 for review]. These contrasting crustal characteristics suggest 
that the hachured region in Figure B.11 has experienced more pervasive crustal 
modification than the areas that exhibit deep crustal earthquakes (i.e., at the 
boundaries and outside the hachured region). Since maximum TS ≈ 50 km and Tc ≳ 40 
km, the possibility of seismicity occurring within the mantle lid exists, however 
inaccurate constraints on Moho depth limits such an assessment with the current data. 
 
South Island – In this section, we discuss why we contend that what might be 
interpreted as lower crustal and upper mantle seismicity beneath South Island, New 
Zealand more probably occur in oceanic lithosphere instead of continental. The Alpine 
Fault of South Island, New Zealand is considered the transpressional plate boundary 
between the Australian plate in the west and the Pacific plate in the east. Reyners 
[1987] and Kohler and Eberhart-Phillips [2003] constrained earthquakes to occur 
between ~ 30 and 80 km depth within the lower crust and upper mantle east of the 
Alpine Fault (i.e., within Pacific plate lithosphere). Two active source seismic 
reflection surveys [Smith, et al., 1995; Van Avendonk, et al., 2004] crossed the region 
of proposed deep seismicity and imaged a thin (~ 3 – 11 km thick) lower crustal layer 
with high P wave velocities (~ 6.9 – 7.25 km/s). Both studies interpreted this lower 
crustal layer as oceanic crust with underlying oceanic lithospheric mantle, where a 
typical thickness for oceanic crust is 6 km [Turcotte and Schubert, 2002] and mid to 
lower crustal velocities are ~ 6.8 – 7.1 km/s [Lewis, 1978]. The proposed lower crustal 
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oceanic layer dips westward continuously from the east beneath the Pacific Ocean to 
the west just east of the Alpine Fault [Van Avendonk, et al., 2004]. The top of the layer 
lies at ~ 30 km depth and the bottom reaches to ~ 40 km depth. The base of the 
oceanic crustal layer is consistent with Moho depth determinations by Kohler and 
Eberhart-Phillips [2002], which average around ~ 40 km for this region. Most of the 
upper and middle crust above the proposed oceanic lithosphere is interpreted to consist 
of the Torlesse greywackes. These sediments are thought to have been deposited on 
top of Pacific oceanic crust [Smith, et al., 1995] near a trench system [Adams and 
Kelley, 1998]. Therefore, it is likely that lower crustal and upper mantle seismicity 
beneath the South Island, New Zealand is occurring in oceanic-type lithosphere, which 
is know to be seismogenic to mantle lid depths. For these reasons, we do not consider 
deep seismicity beneath South Island, New Zealand to be occurring within continental 
lithosphere, so we do not incorporate them into our global study of continental lower 
crustal earthquakes. 
 
Sierra Nevada 
The Sierra Nevada Batholith and its foothills separate the relatively thick, stable 
lithosphere of California’s Great Valley from the thin, deformed lithosphere of the 
Western Basin and Range (Figure B.13). A zone of anomalously deep earthquakes has 
been identified beneath the Sierra Nevada (Figure B.1 Sierra Nevada). Wong and 
Savage [1983] were first to observe earthquakes confined to the lower crust at depths 
between 12 and 38 km beneath the Sierra Nevada. Miller and Mooney [1994] 
supplemented Wong and Savage’s [1983] findings with another local network study 
that combined accurately located earthquakes with a seismic reflection profile and a 
new seismic velocity model. Miller and Mooney [1994] found events occurred from 
the near-surface to ~ 40 km depth, with a peak concentration at ~ 25 km. The ongoing  
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Figure B.13: Crustal earthquakes of the Sierra Nevada. Black dashed line outlines the 
combined seismic network foot prints from Miller and Mooney [1994] and Wong and 
Savage [1983]. The gray dashed line outlines the area of seismically imaged 
foundering lithospheric root [Gilbert, et al., 2007; Zandt, et al., 2004]. The black solid 
line labeled A-A’ is the location of the profile shown in Figure B.14. Hypocenter 
reference: Gilbert et al. [2007].
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Sierra Nevada EarthScope Project (SNEP) FlexArray is focused on understanding 
lithospheric processes of the Sierra Nevada [Gilbert, et al., 2007]. Gilbert et al. [2007] 
reported seismicity and receiver function analyses from SNEP and found earthquake 
depth distributions comparable to those reported by Wong and Savage [1983] and 
Miller and Mooney [1994] (Figure B.13). The area where the lower crustal 
earthquakes are occurring coincides with where a compelling case has been made [see 
Zandt, et al., 2004 for review] for a late Cenozoic delamination event, in which it is 
hypothesized that a significant portion of lithospheric root is detaching and dropping 
into the sub-lithospheric mantle (Figure B.13 and B.14).  Figure B.13 shows 
earthquake hypocenters from SNEP [Gilbert, et al., 2007] and the combined seismic 
network foot prints (black dashed rectangle) from Miller and Mooney [1994] and 
Wong and Savage [1983]. The gray dashed line outlines the area of seismically imaged 
foundering lithospheric root [Gilbert, et al., 2007; Zandt, et al., 2004].  Figure B.14 
shows an interpreted receiver function profile from Gilbert et al. [2007] that illustrates 
that lower crustal earthquakes are located above where the delaminating root is 
proposed to exist. Receiver function analysis does not clearly image a Moho in this 
location, so the crustal thickness of this area is unknown. 
 
Tien Shan 
The active intracontinental mountain belt of the Tien Shan has formed from 
deformation associated with the collision of India and Eurasia. The Tien Shan is 
flanked by the relatively aseismic Kazakh Platform to the north and the Tarim Basin to 
the south (Figure B.15). Crustal thickness estimates from receiver function 
tomography range from 45 to 70 km, with most of the Tien Shan in the Tc ≈ 50 km 
range [Vinnik, et al., 2004]. Seismogenic thickness is characterized by studies 
conducted at local, regional, and teleseismic distances. Nelson et al. [1987] studied 11  
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Figure B.14: Interpreted receiver function profile with earthquakes from Gilbert et al. 
[2007]. Surface topography along this profile is plotted along the top of the cross 
section. Red colors indicate positive polarity arrivals that correspond to discontinuities 
where seismic wave speeds increase with depth. Blue colors mark negative polarities 
and decreasing wave speeds with depth. Earthquakes located near this profile are 
plotted as white circles with red outlines. See Gilbert et al. [2007] for discussion of the 
data on which the interpretation is based.
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Figure B.15: Crustal earthquakes of the Tien Shan. The network footprint from Xu et 
al. [2006] is outlined in the black dashed line. Hypocenter and focal mechanism 
references: Fan et al. [1994], Ghose et al. [1998], and Nelson et al. [1987].
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of the largest Tien Shan earthquakes from 1965 to 1982 by modeling P and SH 
teleseismic waveforms. Events depths range from 10 to 44 km, with 3 events located 
in the middle to lower crust (depth > 25 km). Fan et al. [1994] investigated 
earthquakes throughout a region larger than the Tien Shan, which also included the 
Hindu Kush-Pamir-Karakorum intracontinental convergence zone located southwest 
of the Tien Shan. Mantle-depth earthquakes associated with possible subduction 
beneath the Pamirs obscures assessment of TS in those areas, however, Fan et al. 
located one event in the southwest Tien Shan. They used P and SH modeling and 
constrained that event depth to 37 km. Ghose et al. [1998] estimated event parameters 
of moderate-sized earthquakes by matching observed and synthetic seismograms 
recorded at regional distances. Source depths were found to be between 5 and 31 km. 
Xu et al. [2006] conducted a local study using broadband seismic networks (Figure 
B.15 dashed rectangle) and found events depths ranging from the near-surface to 45 
km indicating a seismically active lower crust. Therefore, TS within the Tien Shan is ~ 
44 km and Tc ≈ 50 km (Figure B.1 Tien Shan and Figure B.15). 
 
Western Pyrenees 
The Pyrenees result from continent-continent collision between the Iberian and 
Eurasian plates during the Cretaceous to Early Miocene in a two-stage tectonic event 
(Figure B.16). In the mid-Cretaceous, extension occurred between the two plates 
related to the opening of the Bay of Biscay and a following compressional event 
occurred from the Late Cretaceous to Early Miocene, which explains the crustal 
shortening associated with the uplift of the east-west striking Pyrenean range.
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 Figure B.16: Crustal earthquakes of the Western Pyrenees. The location of the profile 
in Figure B.17 is shows as the gray dashed line. Hypocenter references: Pauchet et al. 
[1999], Rigo et al. [1997], Rigo et al. [2005], and Ruiz et al. [2006].
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Seismic reflection and refraction profiles [Banda, et al., 1983; Choukroune, 1989; 
Daignières, et al., 1981; ECORS Pyrenees team, 1988; Pedreira, et al., 2003; Roure, 
et al., 1989; Suriñach, et al., 1993], tomography [Souriau and Granet, 1995], and 
receiver functions [Díaz, et al., 2003] support subduction of the Iberian lithosphere 
beneath Eurasia and reveal a 10 to 15 km Moho jump beneath the range (Figure B.17). 
From south to north, the Moho beneath the Ebro Basin on the Iberian plate lies at ~ 31 
km depth and increases to 40 km or more beneath the Pyrenees where Iberia subducted 
beneath Eurasia. North of the range, on the Eurasian plate, crustal thicknesses decrease 
to ~ 30 km again, such that the Pyrenees are flanked to the north and south by crust 
that is ~ 30 km thick while the mountains reside above a Moho at ≳ 40 km depth 
(Figure B.17). The seismicity in Figure B.16 (and Figure B.1 Western Pyrenees) is 
reported by a number of local network studies [Pauchet, et al., 1999; Rigo, et al., 
2005; Rigo, et al., 1997; Ruiz, et al., 2006]. Rigo et al. [1997] and Pauchet et al. [1999] 
analyzed the local magnitude (ML) 5.2 earthquake that occurred 18 February 1996 and 
associated aftershocks in the eastern Pyrenees. The studies used permanent and 
temporary network stations and found all events occurred at depths < 15 km. Rigo et 
al. [2005] studied seismicity of the central Pyrenees with two temporary seismological 
networks together with permanent network stations during 2000 and 2002. Maximum 
event depths vary from 10 to 20 km. Ruiz et al. [2006] presented seismic data 
collected froma temporary network deployed in the western Pyrenees. Their results 
show a northward dipping belt of seismicity to ~ 30 km depth, where the crust is 
constrained to be ~ 30 km thick [Daignières, et al., 1981]. Figure B.16 shows the map 
view of the compiled earthquakes and the location of the profile shown in Figure B.17. 
Figure B.17 is the cartoon of crustal structure and seismicity compiled by Ruiz et al. 
[2006], which highlights the occurrence of the Pyrenean lower crustal seismicity.
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Figure B.17: Crustal structure and seismicity of the Western Pyrenees. Cartoon of 
crustal structure and seismicity compiled by Ruiz et al. (2006), which highlights the 
occurrence of Pyrenean lower crustal seismicity (black circles). Constraints on the 
position of the Moho are marked. Iberian Moho was constrained by Pedreira et al. 
[2003] and the European Moho by Gallart et al. [1981] and Díaz et al. [2003].
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APPENDIX C 
 
PERCENT STRAIN 
 
This section reviews the percent strain calculations that were made to construct Figure 
3.6. The reported values result from a variety of data and analyses techniques.  
 
Alpine Region 
Alps (~ 58%) – Alpine percent compression of ~ 58% was calculated from Schmid 
and Kissling’s [2000] Figure 7, which shows a kinematic reconstruction of post-
collisional (post-35 Ma) shortening in the western Alps. That study combined seismic 
reflection interpretation, gravity, and geologic mapping data to constrain the 
reconstruction. 
 
Alpine Foreland (< 15%) – The eastern Jura fold-and-thrust belt is located between the 
Rhine Graben to the north and the Molasse Basin and Alps to the south. Ustaszewski 
and Schmid [2006] studied the eastern Jura fold-and-thrust belt by integrating field 
observations and paleo-stress analysis, subsurface maps based on industry seismic 
reflection lines, and published geologic maps. They constructed balanced cross 
sections, which estimated deformation on the order of ~ 4 to 14 % shortening in the 
last 12 m.y.  
 
Rhine Graben (~ 10%) – Brun et al. [1992] reported the structural analysis results of 
two deep seismic reflection lines crossing the northern and southern parts of the Rhine 
Graben. Upper crustal deformation by faulting suggests ~ 10% extension occurred 
across the graben since 35 Ma. 
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Andean Foreland – Basement Thrusts (< 10%) 
Jordan and Allmendinger [1986] used refraction, seismic reflection, stratigraphic, and 
drilling data to estimate that the continental basement thrusts of the Sierras Pampeanas 
in Argentina are associated with ~ 2% east-west shortening, parallel to the plate 
convergence. Kley et al. [1999] reviewed the along-strike segmentation of the 
structural styles within Andean foreland including the Sierras Pampeanas and 
Peruvian basement thrusts and held that basement thrust deformation in the Andean 
foreland has accommodated < 10% strain in less than 8 Ma [Ramos, et al., 2002]. 
 
Baikal Rift System (≲ 5%) 
Zorin and Cordell [1991] estimated crustal extension across the Baikal Rift System 
(BRS) from Bouguer gravity anomaly analysis. Amounts of anomalous mass at 
different lithospheric levels are attributed to a mix of extension, intrusion, uplift, 
sedimentation, and erosion, from which extension is isolated algebraically. Extension 
since ~ 30 Ma was on the order of ~ 10 km (i.e., ~ 5% strain). San’kov et al. [2000] 
combined remote sensing techniques, geologic mapping, and simplified cross section 
construction to estimate extension of the north BRS. Percent strain calculations of 
these cross sections yielded < 5%. 
 
Basin and Range (≳ 100%) 
Gans [1987] combined previously published strain estimates [Hamilton and Myers, 
1966; Stewart, 1978], geologic maps [Hintze, 1983; Stewart and Carlson, 1978], and 
seismic reflection profiles [Allmendinger, et al., 1983; Gans, et al., 1985; Hauser, et 
al., 1984; Klemperer, et al., 1986; McCarthy, 1984] to propose a two-layer model of 
crustal stretching for the Basin and Range. The model describes an upper crustal layer 
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accommodating lateral variations in strain (from 15 to 300% extension) via brittle 
failure and a lower crustal layer more uniformly deforming by ductile flow. Jones et 
al. [1992] combined geologic, geochemical, and geophysical data across the central 
Basin and Range and adjacent areas of the western United State. They concluded that 
abundant data indicate ~ 250 km of extension over a region now about 360 km wide 
indicating extension of several hundred percent since 16 Ma. Therefore, it is 
conservative to say that the Basin and Range province has experienced  100% strain. 
 
East African Rift System 
Afar Triangle (≥ 100%) – Hayward and Ebinger [1996] quoted > 20 Ma accumulating 
≥ 100 % extension in the Afar region from analyzing geologic mapping [Mohr, 1972], 
seismic reflection profiles [Berckhemer, et al., 1975], and magmatic addition 
calculations [Barberi, et al., 1972]. 
 
Eastern Rift (≳ 30%) – The Eastern Rift extends from the Main Ethiopian Rift in the 
north to the Kenya Rift in the south. Ebinger and Casey [2001] compiled previously 
published studies to investigate the Main Ethiopian Rift. Percent extension estimates 
range from ~ 35 to 80% [Bilham, et al., 1999; Ebinger and Casey, 2001] based on 
seismic profiles and geodetic measurements. Further south, Hendrie et al. [1994] 
employed seismic reflection interpretation and gravity modeling to estimate 
deformation of the Kenya Rift and found ~ 30% extension across the Turkana region. 
Extension within the Eastern Rift has propagated from north to south, so the pattern of 
increased percent strain in the north and less in the south is consistent with the relative 
timeline of deformation. We chose 30% strain as a lower bound on the amount of 
deformation the Eastern Rift has sustained in order to be conservative, but extension 
could be as much as 80%.  
321 
 
Western Rift (< 15 %) – Ebinger [1989] compiled crustal extension estimates for 
basins throughout the southern East African Rift System. From north to south, the 
Western Rift basins of Kinu, Nyanza-lac, Marunga, and Karonga have estimated 
percent extensions of ~ 15, 15, 10, and 5 to 9% respectively. Volcanism began at ~ 12 
Ma in the north and at ~ 7 Ma in the south. 
 
North Island, New Zealand 
Northeast (≳ 42%) – Nicol et al. [2007] compiled previously published strain profiles 
into a large dataset to characterize deformation of New Zealand’s entire North Island 
over the last ~ 5 Ma. In the northeast, within the Taupo Volcanic Zone, we extracted 
profiles #23 and #25 from Nicol et al.’s Figure 3, which resulted in 51 and 42% 
extension, respectively.  
 
Southwest (~ 5%) – Within the southwest, we calculated percent strain from profile D 
in Niocl et al.’s [2007] Figure 5, which estimated ~ 5% compression.  
 
Rio Grande Rift (≳ 70%) 
Morgan et al. [1986] reviews Cenozoic thermal, mechanical, and tectonic evolution of 
the Rio Grande Rift. They conclude that two regimes can be interpreted from rocks 
and structures formed within the last 30 m.y.. Early phase extension involved broad 
~30 to 50% extension, while local basin extension may have approached 100%. Late 
phase deformation resulted in an additional 5 to 20% extension. Percent strain 
estimates were made by analysis of timing and type of magmatism and deformation, 
rift basin development, and restored cross sections and palinspastic mapping. The 
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early and late phase combine to estimate that the Rio Grande Rift broadly experienced 
as much as 70% strain and in specific localities much more. 
 
Tien Shan (< 35%) 
Avouac et al. [1993] estimated crustal shortening across the Tien Shan from a bulk 
crustal section based on gravity, topography, and assumptions of initial crustal 
thickness and topography. Estimates of shortening resulting in ~ 34 % strain. Yin et al. 
[1998] estimates 20 – 30% strain across the southern Tien Shan using geologic 
mapping and balanced cross section construction. Onset of deformation is thought to 
be in between 21 and 25 Ma. 
 
Western Pyrenees (~ 33%) 
Teixell [1998] used surface geologic and seismic reflection data to constrain a late 
Cretaceous to Present reconstruction of ~ 80 km of shortening across the western 
Pyrenees, which is equivalent to ~ 33 % strain for that region.  
 
Zagros (~ 35%) 
Percent compression (~ 35%) for the Zagros in the last 30 Ma was calculated and 
averaged from three restored and balanced cross sections [Blanc, et al., 2003; Bosold, 
et al., 2005; McQuarrie, 2004]. Geologic mapping was used to constrain Blanc et al. 
[2003] and McQuarrie’s [2004] cross sections, while Bosold et al. [2005] combined 
geologic mapping with seismic reflection data. 
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APPENDIX D 
 
LITHOSPHERIC THICKNESS 
 
This section reviews the estimated lithospheric thicknesses that were compiled to 
construct Figure 3.7. The reported values result from a variety of data and analyses 
techniques.  
 
Africa 
Afar (≲ 50 km), Eastern Rift (~ 60 – 80 km), Tanzanian Craton (~ 100 – 150 km) – 
Julià et al. [2005] modeled the S wave velocity structure beneath Tanzania by jointly 
inverting receiver functions and surface wave dispersion velocities recorded during a 
1994 to 1995 broad-band seismic experiment. They found that the mantle displayed 
uniformly fast S wave velocities (4.5 – 4.7 km/s) to depths of ~ 100 to 150 km over a 
prominent low-velocity zone. This transition is presumed to be the lithosphere-
asthenosphere boundary (LAB). Similarly, Dugda et al. [2007] investigated 
lithospheric velocity structure by inverting receiver functions and Rayleigh wave 
group velocities. They studied the lithosphere beneath the Ethiopian Plateau (part of 
the Eastern Rift) and Afar and found maximum shear wave velocities (~ 4.3 km/s) 
beneath the plateau extend to ~ 70 to 80 km depth, while maximum mantle shear wave 
velocities (~ 4.1 – 4.2 km/s) extend to at most ~ 50 km beneath Afar. Therefore, 
Dugda et al. [2007] propose the Ethiopian Plateau has a ~ 70 to 80 km thick 
lithosphere and Afar ≲ 50 km. Simiyu and Keller [1997] integrated gravity survey 
data and existing seismic refraction results [KRISP Working Group, 1987; 1991] and 
geologic data to model the lithospheric structure beneath the East African Rift System. 
Simiyu and Keller [1997] found the lithosphere beneath the Eastern Rift in Kenya is ≲ 
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60 km thick, while the cratonic lithosphere of Tanzania is ~ 120 km thick. Henjes-
Kunst and Altherr [1992] estimated lithospheric thicknesses from calculations of 
pressure and temperature (P–T) paths from crustal and mantle xenoliths throughout the 
Eastern Rift from northern Kenya south into northern Tanzania. Again, variable 
thicknesses were found, such that the lithosphere is thin (~ 75 km) in northern Kenya 
and increases to ~ 115 km and ≳ 145 km in southern Kenya and northern Tanzania, 
respectively. These estimates are consistent with areas surrounding the Tanzanian 
Craton having lithospheric thicknesses of ~ 100 to 150 km and those within the 
Eastern Rift of Ethiopia and northern Kenya being ~ 60 to 80 km. Like Henjes-Kunst 
and Altherr [1992], Dawson [1994] analyzed xenoliths found in volcanic rocks from 
the Tanzanian Craton. Those rocks hailed from the Igwisi Hills, a young (possibly 
Quaternary) example of kimberlite magmatism. Analysis showed the magma formed 
by small degrees of melting of a carbonate-apatite-bearing peridotite source at depths 
in excess of 110 km. Furman and Graham [1999] analyzed major and trace elements 
and Sr – Nd isotopic results for Miocene to Recent mafic lavas from volcanic 
provinces in Tanzania and Kenya. Variations of isotopic and trace element ratios in 
the lavas vary systematically with geographic location and are consistent with ~ 100 
km melting depth beneath Tanzania and ~ 60 km beneath the Eastern Rift in Kenya. 
Therefore, estimates of lithospheric thickness from seismic imaging, gravity, and 
geochemistry are all consistent with thinning of the lithosphere from the south to north 
within the East African Rift System, such that thicknesses are ~ 100 to 150 km 
beneath the around the Tanzania Craton, ~ 60 to 80 km beneath the Eastern Rift of 
Kenya and Ethiopia, and ≲ 50 km beneath Afar. 
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Congo Craton (~ 250 km) 
Ritsema and van Heijst [2000] constructed a seismic model of the upper 400 km of 
mantle beneath Africa from modeling of Rayleigh wave phase velocities. A prominent 
feature was a high shear wave velocity structure (as much as 6% higher than in the 
Preliminary Reference Earth Model (PREM)) beneath the Congo craton that extended 
to ~ 250 km. Therefore, Ritsema and van Heijst [2000] estimate the thickness of the 
Congo craton is about 250 km.  
 
Anatolian Plateau (60 km) 
Angus et al. [2006] imaged crustal and upper mantle seismic discontinuities beneath 
eastern Anatolia using receiver functions, specifically S-to-P converted phases. 
Several upper mantle converted phases were interpreted as being the signature of the 
LAB, which indicated that eastern Turkey has an anomalously thin lithosphere, 
between ~ 60 and 80 km thick. However, other independent seismic measurements 
beneath the Anatolian Plateau [Al-Damegh, et al., 2004; Al-Lazki, et al., 2004; Al-
Lazki, et al., 2003; Gök, et al., 2003; Maggi and Priestley, 2005; Sandvol, et al., 2003; 
Sandvol and Zor, 2004] indicate that the uppermost mantle is partially molten and that 
asthenospheric material is in direct contact with the base of the crust (i.e., there is no 
mantle lid) (see Barazangi et al. [2006] for review). Hence, lithospheric thickness for 
this area is likely not much greater than the crustal thickness. Moho depth is, on 
average, less than 45 km [Angus, et al., 2006; Zor, et al., 2003]. Therefore, our 
selection of the lithospheric thickness of ~ 60 km is a conservative value.  
 
Andean Foreland – Basement Thrusts (< 125 km) 
The lithospheric thickness of 125 km for the Andean Foreland represents the 
maximum possible thickness of the foreland lithosphere of Peru and Argentina above 
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Nazca Plate flat subduction. The seismicity of the subducted Nazca Plate locates the 
subducting lithosphere dipping at an approximate 10° angle from 100 to 125 km depth 
beneath the cordillera and foreland [Barazangi and Isacks, 1976; Cahill and Isacks, 
1992; Norabuena, et al., 1994; Pardo, et al., 2002; Smalley and Isacks, 1990]. 
Therefore, if the subducted oceanic slab is located at 125 km depth, then the 
overriding South American (i.e., the foreland) lithosphere in those areas must be less 
than 125 km thick. Additionally, Whitman et al. [1996] constructed a longitudinal 
lithospheric cross-section of the Central Andes. Mantle lid thicknesses were inferred 
from patterns of upper mantle seismic attenuation [Chinn, et al., 1980; Whitman, et al., 
1992], such that the Argentine foreland lithosphere was estimated to be ~ 100 km 
thick.  
 
Baikal Rift System (~ 100 km) 
Lithospheric thickness values for the Baikal Rift System (BRS) were estimated from 
both surface wave tomography and geotherm modeling from P–T estimates from 
kimberlite xenoliths [Emmerson, et al., 2006]. From geotherm modeling of two 
kimberlite sites nearest the BRS, Emmerson et al. [2006] calculated the depth of the 
thermal boundary layer (TBL) [McKenzie and Bickle, 1988], the model’s transition 
layer between the thermally convective and conductive mantle (i.e., a LAB layer), as 
≲ 150 km. Emmerson et al. [2006] then compared these estimates to the Sv wave 
speed tomographic model of Priestley and Debayle [2003] and Priestley et al. [2006]. 
This model uses regional waveforms of the fundamental and first four higher modes to 
image the upper mantle at depths up to ~ 400 km. The rift is too small to see on the 
tomography, but the rift’s location relative to the seismic imaging places the BRS 
where the lithosphere transitions between being thick (~ 200 km) and seismically fast 
(~ 12% higher than in PREM) beneath the Siberian Shield and being thin (< 100 km) 
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and seismically slow (~ 6% lower than in PREM) beneath the Sayan-Baikal fold-and-
thrust belt. This is roughly consistent with the TBL estimate from the geotherm 
modeling. Thus, we chose the lithospheric thickness of the BRS as ~ 100 km. 
 
Dead Sea Fault System (≲ 80 km) 
Mohsen et al. [2006] used S receiver function analysis to study the lithosphere across 
the Dead Sea Fault System (DSFS) using data from a temporary network of 22 broad-
band  stations operated from 2000 to 2001 as part of the DESERT project. They 
observed thinning of the lithosphere from west to east across the DSFS, such that the 
lithosphere thickness ranges from ~ 80 km in the northwest to ~ 67 km in the east. 
Laske et al. [2008] also used data from the DESERT seismic deployment. They 
conducted fundamental mode Rayleigh wave analysis at intermediate periods (35 – 
150 s) and found a seismically relatively fast mantle lid to a depth of ~ 80 km. Both 
Mohsen et al. [2006] and Laske et al.’s [2008] finding are consistent with the 
lithosphere of the DSFS region being ~ 80 km thick. 
 
North America  
Great Plains (~ 200 km), Colorado Plateau (≲ 150 km), Rio Grande Rift (≲ 55 km) – 
Through the LA RISTRA seismic experiment, West et al. [2004] used surface wave 
phase velocities from 29 earthquakes to map the shear velocity structure to ~ 350 km 
beneath the southwest United States across the western Great Plains, the Rio Grande 
Rift, and the eastern Colorado Plateau. Seismically fast mantle was imaged to ~ 200 
km beneath the Great Plains and to ~ 120 –150 km depth beneath the Colorado 
Plateau, presumably indicating the depth limit of the continental lithospheric mantle. 
Relatively slow mantle velocities were mapped beneath the Rio Grande Rift, such that 
the lithosphere there is thin, ~ 45 – 55 km. Additionally, part of Zandt et al.’s [1995] P 
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wave receiver function analysis crossed the western Colorado Plateau, where they 
estimated a lithospheric thickness of ~ 100 km. This calculation is roughly consistent 
with what West et al. [2004] found for the eastern part of the plateau. Both estimates 
are ≲ 150 km. 
 
Southern California (≲ 70 km) – Li et al. [2007] analyzed S wave receiver functions 
from sixty-seven broad-band seismic stations throughout the western United States. 
The data revealed a mantle discontinuity with a velocity reduction downward, which 
they interpret as the LAB. In the region of Southern California the average depth of 
the LAB is ≲ 70 km. Yang and Forsyth [2008] inverted phase and amplitude data of 
Rayleigh waves (25 to 143 s) for attenuation and shear wave velocities beneath 
southern California. Their velocity and attenuation model reveals the presence of 
partial melt over the depth range 70 to 200 km with an approximate linear increase in 
percent melt from 70 to 120 km depth and a pronounced low velocity zone from ~ 80 
km to ~ 200 km.  
 
Basin and Range (~ 60 km) – P [Zandt, et al., 1995] and S wave [Li, et al., 2007] 
receiver function analysis are consistent with ~ 60 km thick lithosphere beneath the 
Basin and Range province. 
 
Siberian Shield (≳ 200 km) 
Similar to the Baikal Rift region, lithospheric thickness values for the Siberian Shield 
were taken from Emmerson et al. [2006]. Please see the Baikal Rift System section 
above for a description of the analysis techniques. Emmerson et al. [2006] calculated 
the depth of the Siberian Shield’s TBL as ~ 240 km. Sv wave speed tomography 
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correlated well with this estimate and placed the bottom of the seismically fast 
Siberian mantle lid at ~ 200 km.  
 
Tien Shan (~ 90 – 120 km) 
Oreshin et al. [2002] applied S receiver function analyses to recordings from thirty-six 
broad band stations throughout the Tien Shan. They found a high velocity (4.5 km/s) 
mantle lid to ~ 90 km beneath which the velocity drops to ~ 4.1 km/s.  Kumar et al. 
[2005] also conducted S wave receiver function analysis. They studied lithosphere 
beneath the Tien Shan and the surrounding regions and found the thickness of the 
lithosphere beneath the Tien Shan varies between ~ 90 to 120 km and increases to 160 
km beneath the Tarim Basin. Vinnik et al. [2007] investigated depth dependant 
azimuthal anisotropy in the mantle by  jointly inverting P receiver functions and SKS 
wave polarization directions. The results for 10 seismograph stations within the Tien 
Shan showed a pronounced change in the patterns of azimuthal anisotropy at ~ 100 km 
depth. Shallower than 100 km anisotropy is relatively weak (~ 3%) and polarization of 
the fast wave varies laterally in a wide range. Below 100 km depth S wave anisotropy 
is approximately twice as large (~ 5 – 6 %) and the azimuth of the fast wave 
polarization is aligned with the trend of the mountain belt. Since 100 km depth is 
roughly consistent with Oreshin et al. [2002] and Kumar et al.’s [2005] estimate for 
the LAB, Vinnik et al. [2007] have most likely imaged the different patterns of 
seismic anisotropy in the mantle lithosphere and the underlying asthenosphere.
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